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À perte de vue un domaine de neige et de roc s’offre à lui, 

dans le silence et le mystère de l’infini. Les montagnes sont un 

monde à part : elles sont moins une partie de la planète qu’un 

royaume indépendant, insolite et mystérieux, où les seules armes 

pour s’aventurer sont la volonté et l’amour. 

 

(Gaston Rébuffat, Neige et Roc) 
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Abstract 

 
The Southern and Patagonian Andes constitute an orographic barrier to Pacific westerly 

winds, thus conditioning the climate and water/ice distribution in southern South America. Andean 
orogeny occurs since at least the Cretaceous, driven by oceanic subduction beneath the South 
American continent. Their high elevations in extra tropical latitudes condition the occurrence of 
fluvio-glacial erosion that control, at least partially, the surface uplift, the rock exhumation, and the 
localization of deformation and volcanism. This thesis is composed of regional and local studies of 
the geologic evolution of the Southern and Patagonian Andes from the orogenic onset to the present 
day, focusing on the links between deep-Earth and surface processes. Comparisons with other 
subduction orogens, such as the Cascade Range, and collisional orogens, such as the European Alps, 
are presented to provide a more general view of tectonic-climate interactions. 

The southern Patagonian Andes (south of 46 °S) are characterised by Late Cretaceous to 
Miocene fold-and-thrust belts and magmatic complexes currently located above an asthenospheric 
window. Meta-volcano-sedimentary rocks from the Late Jurassic-Early Cretaceous Rocas Verdes 
Basin (RVB) outcrop in the internal orogenic zone. Metamorphic thermodynamic modelling, zircon 
U-Pb, and and phengite 40Ar/39Ar geochronology in RVB rocks allow us to determine the onset of the 
Andean orogeny between ~83 and 70 Ma through their tectonic underthrusting down to ~23 km. This 
phase was followed by Late Cretaceous foreland subsidence, and Miocene compression, plutonism, 
and ridge subduction. We also perform inverse modelling of apatite and zircon (U-Th-Sm)/He data 
from the rocks of the Torres del Paine (TdP, 51 °S) and the Fitz Roy (FzR, 49 °S) massifs. The newly 
produced data allows us to quantify the partitioning between the tectonic and climate forcing on the 
regional uplift and rock exhumation. An episode of fast exhumation in the FzR between 10.5 and 8.5 
Ma is interpreted as forced by mantle upwelling during ridge subduction at that latitude. A shared 
episode of fast exhumation at ~6.5 Ma in both massifs records the onset of Patagonian glaciations, 
followed by a quiescence of exhumation up to 2 Ma. The last acceleration of the exhumation from 2 
Ma to present-day is likely linked to a shift in the glacial-interglacial cyclicity. 

In the Southern Andes Volanic Zone (33-46 °S) a westward migration of the volcanic arc is 
observed south of 40 °S, where orographic precipitation forces eastward migration of the topographic 
water divide. We use thermo-mechanical numerical modelling to test the hypothesis of a windward 
migration of the volcanic arc front forced by enhanced orographic erosion. Results show that 
asymmetric erosion entails a leeward topography shift and generates an asymmetric windward-
verging system of crustal structures that may serve as preferential conduit for the magma upwelling. 
We therefore suggest that orography drives not only an eastward migration of the topographic water 
divide, but also a westward migration of the magma ascent and volcanic arc front.  

The region around the Southern Patagonian Icefield (SPI, 49-51 °S) shows extremely fast 
geodetically measured rock uplift rates (up to 40 mm/yr), which are currently ascribed to the 
lithospheric rebound since the post- Little Ice Age (LIA) deglaciation. We perform geodynamic 
thermo-mechanical modelling to quantitatively assess the role of the asthenospheric window 
underneath the SPI in affecting the magnitude of observed present-day rock uplift. Our modelling 
results suggest that mantle potential temperatures higher than the common standard by up to 150-200 
°C are required to generate rates of postglacial rebound in the order of tens of mm/yr. Also, our 
experiments show that not only the post-LIA deglaciation, but also the post- Last Glacial Maximum 
(~21000 years ago) deglaciation likely contributes to the present day uplift rates. 
  



 

Riassunto 

 
Le Ande Meridionali e Patagoniche costituiscono una barriera orografica ai venti occidentali 

del Pacifico, condizionando così il clima e la distribuzione di acqua e ghiaccio nel Sud America 
meridionale. L'orogenesi andina si verifica almeno dal Cretaceo, guidata dalla subduzione di litosfera 
oceanica sotto il continente sudamericano. Le loro altezze elevate a latitudini extra-tropicali 
condizionano l’erosione fluvio-glaciali che condiziona, almeno in parte, il loro sollevamento, 
l'esumazione delle rocce e la localizzazione di deformazioni e vulcanismo. Questa tesi è composta da 
studi regionali e locali sull'evoluzione geologica delle Ande Meridionali e Patagoniche dall'inizio 
dell'orogenesi fino ai giorni nostri, concentrandosi sui legami tra i processi della Terra profonda e 
quelli di superficie. Vengono presentati confronti con altri orogeni di subduzione, come la Cascade 
Range, e orogeni collisionali, come le Alpi Europee, per fornire una visione più generale delle 
interazioni tettonica-clima. 

Le Ande Patagoniche meridionali (a sud di 46°S) sono caratterizzate da cinture di pieghe e 
sovrascorrimenti dal tardo Cretaceo al Miocene e da complessi magmatici attualmente situati sopra 
una finestra astenosferica. Nella zona orogenica interna affiorano rocce metavulcaniche sedimentarie 
del bacino di Rocas Verdes (RVB) del tardo Giurassico-inizio Cretaceo. La modellizazione 
termodinamica metamorfica, la geocronologia U-Pb su zircone e 40Ar/39Ar su fengiti nelle rocce del 
RVB ci permettono di determinare l'inizio dell'orogenesi andina tra ca. 83 e 70 Ma attraverso il loro 
sottoscorrimento tettonico fino a ~23 km. Questa fase è stata seguita dalla subsidenza dell'avampaese 
nel tardo Cretaceo e da compressione, plutonismo e subduzione della dorsale oceanica nel Miocene. 
La modellizazione inversa dei dati (U-Th-Sm)/He su apatite e zircone provenienti dalle rocce dei 
massicci di Torres del Paine (TdP, 51 °S) e del Fitz Roy (FzR, 49 °S) permette di quantificare la 
suddivisione tra le forzanti tettoniche e climatiche sul sollevamento regionale e sull’esumazione delle 
rocce. Un episodio di esumazione rapida nel FzR tra ca. 10,5 e 8,5 Ma è interpretato come forzato 
dalla risalita del mantello durante la subduzione della dorsale a quella latitudine. Un episodio 
condiviso di esumazione rapida a ca. 6,5 Ma in entrambi i massicci registra l'inizio delle glaciazioni 
patagoniche, seguito da una quiescenza dell'esumazione fino a ca. 2 Ma. L'ultima accelerazione 
dell'esumazione da ca. 2 Ma a oggi è probabilmente legata alla ciclicità glaciale-interglaciale. 

Nella Ande Meridionali (33-46 °S) si osserva una migrazione verso ovest dell'arco vulcanico a 
sud di 40 °S, dove le precipitazioni orografiche causano la migrazione verso est dello spartiacque 
topografico. Utilizziamo la modellizazione numerica termo-meccanica per verificare l'ipotesi di una 
migrazione verso ovest del fronte dell'arco vulcanico, forzata da una maggiore erosione orografica. I 
risultati mostrano che l'erosione asimmetrica comporta uno spostamento della topografia verso est e 
genera un sistema asimmetrico di strutture crostali che possono fungere da condotto preferenziale per 
la rissalita del magma. Suggeriamo quindi che l'orografia non solo guida una migrazione verso est 
dello spartiacque topografico, ma anche una migrazione verso ovest del fronte di risalita del magma e 
dell'arco vulcanico. 

La regione intorno al ghiacciaio della Patagonia Meridionale (SPI, 49-51 °S) mostra tassi di 
sollevamento della roccia misurati geodeticamente estremamente rapidi (fino a 40 mm/anno), 
attualmente attribuiti al sollevamento litosferico dalla deglaciazione successiva alla Piccola Era 
Glaciale (LIA). Eseguiamo una modellizazione geodinamica termomeccanica per valutare 
quantitativamente il ruolo della finestra astenosferica sotto lo SPI nell'influenzare l'entità del 
sollevamento osservato oggi. I risultati della modellizazione suggeriscono che sono necessarie 
temperature potenziali del mantello più alte dello standard comune, fino a 150-200 °C, per generare 
tassi di sollevamento postglaciale dell'ordine di decine di mm/anno. Inoltre, i nostri esperimenti 
mostrano che non solo la deglaciazione post-LIA, ma anche quella successiva all'Ultimo Massimo 
Glaciale (~21000 anni fa) contribuisce probabilmente ai tassi di sollevamento attuali. 
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1. Interactions between deep and surface Earth processes 

 

The size, geometry, and morphology of an orogen evolve as a function of tectonic and 

mantle processes that drive the motion of rock masses in the deep Earth, and climate-

controlled erosional processes that redistribute rock masses at the surface (Koons, 1990; 

Willett et al., 1993; Willett, 1999; Bonnet et al., 2008; Berger et al., 2008; Whipple, 2009; 

Muller et al., 2022; Val and Willenbring, 2022). To a first order, orogenic systems in 

convergent tectonic settings behave like accretionary wedges that grow horizontally and 

vertically by the incoming rock mass flux (Fig. 1a; Davis et al., 1983; Koons, 1990; Willett et 

al., 1993; Dahlen, 1990). Internal thrusts and folds accommodate the growth of an 

accretionary wedge, until the wedge attains a critical surface slope and slipping along its 

basal thrust (i.e., “decollement”) occurs (Fig. 1b, see Dahlen, 1990 for theory and equations). 

The topographic wedge can be divided into a pro-wedge, the half wedge facing the 

accretionary flux direction, and a retro-wedge in the back half, with a topographic divide 

separating them (Fig. 1a, Koons, 1990; Willett, 1999). Surface erosion removes material from 

the topographic wedge, changing its critical state, size and shape, and localising the strain in 

the regions of erosional unload (Koons, 1990; Willett, 1999; Whipple and Tucker, 1999; 

Beaumont et al., 2001; Bonnet et al., 2008; Berger et al., 2008; Whipple, 2009, Wolf et al., 

2021). Unloading generated by erosion results in rock uplift that restores the critical state of 

the accretionary wedge. The wedge size decreases if the accretionary flux is slower than 

erosion (Fig. 1a; Dahlen, 1990; Willett, 1999; Whipple, 2009; Wolf et al., 2021). If the 

accretionary flux is similar to the erosion rate, the mechanical and topographic equilibrium is 

maintained in the wedge and deeper parts of the lithosphere are continuously driven towards 

the surface. This mechanism allows metamorphic and plutonic complexes, and eventually 

parts of the mantle, to be exhumed at the surface (Fig. 1b; Koons, 1990; Willet, 1999; 

Whipple and Tucker, 1999; Beaumont et al., 2001, 2004; Koons et al., 2002; Whipple, 2009). 

The architecture of orogens is thus controlled by a combination between tectonic accretion 

and surface erosion. 
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Fig. 1. a) Schematic accretionary wedge (adapted from Whipple, 2009) showing that for a constant 
accretionary flux (FA) at the base of the wedge, high erosion rates lead to wedge size reduction (green wedge) 
and increase the uplift rates, Ur and Up, and decrease the width, Wr and Wp, at the retro-wedge and the pro-
wedge, respectively. The downward black triangle indicates the position of the Topographic divide, and H is the 
height of the topographic divide with respect to an horizontal datum at the bottom of the topography (dashed 
green line). b) Schematic accretionary wedge in a foreland system (adapted from Bonnet et al., 2008). 
Horizontal tectonic compression generates an accretionary flux (FA) with crustal shortening and thickening 
accommodated by thrusts within the wedge, and a decollement at the base of the wedge. Frontal accretion 
involves the basement (dark grey strata) and the foreland units (light grey and white strata). At the surface, 
erosion occurs in the topographically uplifted region, resulting in sedimentation in the foreland basin. 

 

Erosion by running water is a function of the drainage area and the surface slope (i.e., 

stream power law, Whipple and Tucker, 1999). A particularly relevant aspect in the frame of 

this thesis is that, once orogens form a topographic barrier to atmospheric circulation, erosion 

is often enhanced on the windward side of the topographic wedge where precipitation rates 

are higher (Fig. 2a). On the leeward side of the wedge, instead, a rain shadow tends to be 

developed due to the low precipitation rates and consequently lower exhumation rates 

(Whipple, 2009). Geodynamic models show that enhanced erosion concentrated in the pro-

wedge generates a topographic asymmetry by decreasing the elevation and translating the 

topographic divide towards the leeside (Fig. 2b; Willett, 1999). In the opposite case, when 

erosion is higher in the retro-wedge, this asymmetry occurs but is less pronounced because of 

the accretionary flux in the opposite direction (Willett, 1999; Val and Willenbring, 2022). 
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Crustal-scale shear zones and exhumation are localised on the more eroded side of the 

accretionary wedge (Fig. 2c). Much of past research on the surface-deep Earth processes 

coupling aims at disentangling the relative contributions of surface erosion, including 

orographic effects, and the accretionary flux direction and magnitude exert on the geometry, 

size and shape of the accretionary wedges (Koons, 1990; Willett et al., 1993; Willett, 1999; 

Beaumont et al., 2001; Whipple, 2009), but the matter is still elusive (Wolf et al., 2021; Val 

and Willenbring, 2022). 

 

 

Fig. 2. a) Schematic representation of the effect of orography in an orogenic wedge (adapted from Koons, 
1990). The wind brings moisture from one main direction, and precipitation and erosion are concentrated in the 
windward side of the topography due to the orographic effect. The accretionary flux (FA) has the same direction 
than the wind, and the strain is concentrated windward. A main windward thrust accommodates the exhumation 
of high-grade metamorphic rocks formed at more than 40 km depth. The total uplift and the elevation increase 
towards the windward side of the orogen. b) Elevation and c) exhumation vs. distance (non-dimensional), 
calculated for asymmetric erosion (higher leftward by a factor of 2, given by the erosion number, Ne, = 2) acting 
in an initially symmetric topographic wedge (adapted from Willett, 1999). 

 

Erosion also depends on the predominant process at play, and the partitioning between 

fluvial and glacial erosion impacts greatly on the shape of topography and on the overall 
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magnitude and spatial distribution of uplift and erosion rates (Fig. 3; Braun et al., 1999; 

Bockelhurst and Whipple, 2006; Berger and Spotila, 2008; Berger et al., 2008; Herman et al., 

2011, 2018; Sternai et al., 2011, 2012, 2016; Valla et al., 2011; Champagnac et al., 2014). In 

case of protracted tectonic uplift, the orogen’s maximum elevation is controlled by crustal 

strength (Beaumont et al., 2004) and, according to some authors, glacial erosion (e.g., 

Egholm et al., 2009). The theory of the glacial buzzsaw postulates that efficient glacial 

erosion, generally generated by warm-based glaciers that easily trigger ice and land sliding 

(Paterson, 1994), rapidly erodes excess of topography above the glacier’s equilibrium line 

altitude (ELA, Fig. 3), the altitude at which ice mass balance is equal to zero (Brozovic et al., 

1997; Montgomery et al., 2001; Mitchell and Montgomery, 2006; Foster et al., 2008; Egholm 

et al., 2009). In the Late Cenozoic, the global lowering of the glacier’s ELA seems to have 

increased average erosion rates in orogenic belts (Molnar, 2004; Shuster et al., 2005; Berger 

and Spotila, 2008; Valla et al., 2011; Herman et al., 2013, 2018; Herman and Champagnac, 

2016). Regional climate control on the glacier’s ELA and the temperature of glaciers, 

however, is highly dependent on latitude (Egholm et al., 2009, Herman et al., 2013; Herman 

and Brandon, 2015), and cold-based glaciers at high latitudes can act as a shield to erosion 

(Thomson et al., 2010), allowing tectonics to uplift the orogeny undisturbed. 

 

 

Fig. 3. Numerical model for the temporal evolution of a glacial cycle over an inclined topography, after 50 
kyrs (Sternai et al., 2016), the red area in the glacier means the accumulation zone, and the blue area is the 
ablation zone, below the glacier’s equilibrium line altitude (ELA). The yellow star is the reference point at 
which the surface load variations through time and mean glacial erosion are computed. Glacial erosion rates are 
6 times higher than the fluvial erosion rates at the measured point. 
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Amongst the most prominent effects of glaciation on surface elevations is the isostatic 

subsidence and uplift of the lithosphere due to the building and melting of continental ice 

sheets (England and Molnar, 1990; Watts, 2001; Turcotte and Schubert, 2002; Stüwe, 2002). 

Much of the observed vertical displacements around glaciated regions as observed today via, 

for instance, vertical GPS measurements and remote sensing (e.g., Interferometry Satellite 

Images), is in fact postglacial lithospheric isostatic rebound. In addition to glacial melting and 

erosion unloading the lithosphere and enhancing uplift rates (England and Molnar, 1990; 

Watts, 2001; Sternai et al., 2016), a growing number of studies point to increased 

magmatic/volcanic activity and degassing during deglaciation, with specific case studies 

from, for example, Kamchatka, Iceland, Alaska, and the Southern Andes (Gudmundsson, 

1986; Jellinek et al., 2004; Geier and Bindeman, 2011; Sigvaldason et al., 1992; Crowley et 

al., 2015; Mora and Tassara, 2019). Models suggest that the decompression generated by 

lithospheric unloading due to deglaciation and erosion can modulates rock and mantle 

melting at depth (Jull and McKenzie, 1996; Geier and Bindeman, 2011; Sternai et al., 2016, 

2020; Mora and Tassara, 2019). Additionally, faulting and fracturing, gravitational failure, 

and magmatic gas exsolution can further affect the lithospheric transfer and eruption of 

magma during deglaciation (Fig. 4, Geier and Bindeman, 2011). While the link between 

glacial unloading and magmatism has attracted considerable attention, the effect of other 

surface processes (e.g., orographic erosion, sea level changes) on the magma productivity is 

still elusive. 

 

 

Fig. 4: Schematic relationships between glacial periods and volcanic activity (adapted from Geier and 
Bindeman, 2011). a) Glacial period over a crustal magma chamber. b) Onset of an interglacial period with ice 
retreat, lithospheric isostatic uplift (blue arrows), enhanced magma vesiculation, gravitational failure, and 
caldera collapse. c) Active volcanism during ice retreat, lithospheric isostatic uplift (blue arrows), and volcanic 
products fill topographic depressions. 

 
2. Natural case study 

Identifying and quantifying topographic changes in time and relating them to the 

underlying climate and tectonic forcings are challenging (e.g., Egholm et al., 2009; Thomson, 
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2010; Herman et al., 2013, 2018; Champagnac et al., 2014; Fox et al., 2015, 2016). To this 

aim, available techniques are, for example, landscape evolution numerical and geodynamic 

modelling (van der Beek and Braun, 1998; Herman and Braun, 2008; Tucker and Hancock, 

2010; Braun et al., 2012; Croissant and Braun, 2014) constrained by integrated field 

stratigraphic, structural, and geomorphological observations, low-temperature 

thermochronology, and geophysical data (Sternai et al., 2012; Fosdick et al., 2013; Fox et al., 

2015, 2016; Ehlers, 2005; McQuarrie and Ehlers, 2017). In the frame of this thesis, these 

techniques are applied to the Southern (33 – 46 °S) and Patagonian (46 – 56 °S) Andes 

which, as described in more detail hereafter, show evidence of prominent north-south 

variations in the tectonic and magmatic histories and cross through a pronounced latitudinal 

climate gradient. Therefore, these ranges are the ideal setting to investigate how deep and 

surface Earth processes interact to form orogenic belts. 

The Andes Cordillera is an example of subduction-type orogeny, in which oceanic 

plates enter in subduction beneath a continental plate, generating accretionary wedges, 

seismicity, magmatism, and foreland subsidence across the western South America (Ramos, 

1999). The Andes are currently generated by the subduction of the Nazca and Antarctic 

oceanic plates, and can be subdivided in four large sectors: the Northern, Central, Southern 

and Austral (or Patagonian) Andes (Fig. 5; Barazangi and Isacks, 1976; Mpodozis and 

Ramos, 1990; Ramos, 1999; Folguera and Ramos, 2011). Fold-and-thrust belts, volcanic arcs 

(if present) and lithospheric thickness across these sectors show different architectures as a 

result of long-lived subduction (at least 150 Ma) and ancient inherited tectonic histories 

(Ramos, 1999, 2010; Mpodozis and Ramos, 1990, 2008; Hervé et al., 2007). The 

stratigraphic record and structures allow paleo-reconstructions of the deformational and 

volcanic arc front positions, mainly associated with shifts in the subduction velocity and slab 

dip angle (Ramos, 1999, Folguera and Ramos, 2011). The Andes have an average altitude of 

4000 m above sea level, 200 to 700 km of wideness and 8900 km of extension, distributed by 

50 ° of latitude in the Earth’s southern hemisphere. The impressive size of this mountain belt 

exert an important control on Earth’s atmospheric dynamics and climate, conditioning in 

great part the distribution of moisture in South America and the southern Hemisphere 

(Garreaud et al., 2009). 
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Fig. 5. Present-day tectonic and climate overview of the Andes, with the annual precipitation rates (mm/yr, 
Hijmans et al., 2005), the slab isodepths (Hayes et al., 2018), the Quaternary volcanoes (Global Volcanoes 
Program, 2022); the position of the topographic water divide (blue line), the subduction trench (black bold line) 
the spreading ridge and transform faults separating the Nazca and the Antarctic plates, the Chile Triple Junction 
(CTJ), the asthenospheric window (Breitsprecher and Thorkelson, 2009), the subduction vectors (DeMets, 
2010), and the location of the cross-sections (a) and (b) of Fig. 6.  

 

The Southern Andes, also subdivided in southern Central Andes (~33 – 40 °S) and 

northern Patagonian Andes (~ 40 – 46 °S) (Folguera and Ramos, 2011), are located over a 
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segment of subduction of the Nazca Plate with slab dip angle of ~25-30 ° (Barazangi and 

Isacks, 1976; Tassara and Echaurren, 2012; Hayes et al., 2018) and ~ 7 cm/yr of convergence 

velocity (DeMets et al., 2010). They show high seismicity and active arc volcanism along the 

Southern Andes Volcanic Zone (Ramos, 1999, Cembrano and Lara, 2009). The general 

structure of the Southern Andes is composed of Late Cretaceous to Holocene sedimentary 

and volcanic rocks imbricated with Paleozoic metamorphic basement by trench-verging 

thrusts in the fore-arc, and continent-vergent thrusts in the retro-arc (Mpodozis and Ramos, 

2008; Giambiagi et al., 2012; Riesner et al., 2018; Horton, 2021; Echaurren et al., 2016, 

2022). In the transition from the northern to the southern part (~ at 40 °S) the predominant 

compressive regime changes to strike-slip along the Liquiñe-Ofqui Fault Zone (LOFZ, Figs. 

5 and 6a), coincident with the location of arc volcanoes at this sector of the belt (Cembrano et 

al., 2000, 2002; Cembrano and Lara, 2009; Orts et al., 2012; Echaurren et al., 2016, 2022). 

The southern boundary of the Southern Andes and the LOFZ is the Chile Triple Junction 

(CTJ), which marks the separation between the Nazca and the Antarctic plates by the oceanic 

Chile spreading ridge, entering in subduction beneath the South American Plate (Fig. 5) 

(Cande and Leslie, 1986, Breitsprecher and Thorkelson, 2009). 

The Patagonian Andes south of the CTJ (~ 46 – 56 °S) are partially above an 

asthenospheric window generated by spreading ridge subduction and asthenospheric 

upwelling. This window started to open at ~54 °S and ~16 Ma, and has widened and migrated 

towards its current position through several episodes of ridge and transform fault subduction 

(Cande and Leslie, 1986; Ramos and Kay, 1992; Breitspreceher and Thorkelson, 2009, 

Stevens Goddard and Fosdick, 2019). Its opening and migration is driven by the different 

rates of subduction between the Nazca-Farallon and the Antarctic Plate, of ~7 and ~2 cm/yr, 

respectively, which result in a shorter Antarctic slab with respect to the Nazca-Farallon slab, 

opening a window with no slab where the asthenosphere upwells. Over the present-day 

asthenospheric window there is no arc volcanism, and from 49 °S to 56 °S there are few 

Quaternary volcanoes composing the Austral Andes Volcanic Zone (Ramos and Kay, 1992; 

Stern and Kilian, 1996; Stern et al., 2007; Ramos, 2005). 

The Geologic history of the southern Patagonian Andes is marked by the closure of 

the Late Jurassic – Early Cretaceous ocean-floored Rocas Verdes Basin (Dalziel, 1974; 

Mpodozis and Ramos, 1990; Klepeis et al., 2010; Calderón et al., 2012, Muller et al., 2021). 

Its closure in the Late Cretaceous caused the accretion of the South American Continent and 

the continental block bearing the Jurassic – Cretaceous Southern Patagonian Batholith (Hervé 

et al., 2007). Deformed units of the Rocas Verdes Basin compose the internal part of the 
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Patagonian-Magallanes Fold-and-Thrust Belt, imbricated with Late Cretaceous units of the 

Magallanes foreland basin by continent-vergent thrusts (Fig. 6b) (Fosdick et al., 2011; Betka 

et al., 2015). The closure of the Rocas Verdes Basin played an important role in the bending 

of the southern tip of South America and separation from the Antarctic Peninsula (Poblete et 

al., 2016; Muller et al., 2021). 

 

 

Fig. 6. Schematic cross-sections of the Southern (a) and the Patagonian Andes (b). a) The Southern Andes 
at ~42.5 °S (adapted from Echaurren et al., 2022) showing the trench-vergent pro-wedge and the continent-
vergent retro-wedge, separated by the strike-slip Liquiñe-Ofqui Fault Zone (LOFZ) and active volcanism in the 
Southern Andes Volcanic Zone. b) The southern Patagonian Andes at ~51 °S (adapted from Fosdick et al., 
2011) with the fore-arc region and the Southern Patagonian Batholith (SPB) forming the pro-wedge, and the 
Inverted Rocas Verdes Basin, and the Magallanes basin imbricated in the Patagonian fold-and-thrust belt and 
forming the retro-wedge. The Late Miocene Torres del Paine (TdP) laccolith intrudes the Mesozoic rocks of the 
fold-and-thrust belt. LAB: Lithospheric-Asthenospheric Boundary.  

 

In the Southern Andes the climate shifts from desertic and semi-arid in the northern 

sector, to temperate in the southern sector, where precipitation rates are as high as 4 mm/yr in 

the western side of the orogenic wedge (Garreaud et al., 2009). The mountain elevations also 

decrease from north to south, from an average of ~4000 to 1500 m. This climate gradient is 

associated with the shift in the main wind’s direction, from roughly orogen’s parallel in the 

northern sector, to orogen’s perpendicular in the southern sector (Garreaud et al., 2009, 

2013). In the southern Patagonian Andes, the present-day precipitation rates are the highest 

along the strike of the belt, reaching 6000 mm/yr, and continental ice sheets are over the 



Chapter 1   Introduction 

central orogen. The high precipitation rates, however, are concentrated on the western side of 

the orogen, and the eastern side forms a rain shadow due to the orographic effect of the 

mountain belt (Blisniuk et al., 2006; Garreaud et al., 2013; Fosdick et al., 2013). This 

orographic gradient must occur since at least the middle Miocene (Thomson et al., 2001; 

Blisniuk et al., 2005, 2006), but possibly since the Late Cretaceous (Fosdick et al., 2013), due 

to the onset of tectonic compression with lithospheric shortening and tectonic uplift of the 

Southern and Patagonian Andes (Strecker et al., 2007; Fosdick et al., 2011). The onset of 

Patagonian Glaciations at ~ 7 Ma as a consequence of Late Cenozoic global cooling (Raymo 

and Ruddiman, 1992; Ruddiman and Raymo, 1997; Zachos et al., 2001) is recorded by the 

appearance of glacio-fluvial and glacial sedimentary deposits, glacial landforms, and 

acceleration of the exhumation rates (Mercer and Sutter, 1982; Rabassa et al., 2005, Rabassa, 

2008; Kaplan et al., 2009; Lagabrielle et al., 2010; Fosdick et al., 2013; Georgieva et al., 

2016, 2019; Willett et al., 2020). In central Patagonia (~ 46 °S), major geomorphological 

modifications occur at ~ 3 Ma, uplifting and disconnecting the eastern foreland catchments 

from the central Cordillera (Fig. 7, Lagabrielle et al., 2010, Scalabrino et al., 2010). This shift 

is associated with an acceleration of tectonic uplift due to the Chile ridge collision with the 

subduction trench at the CTJ (Lagabrielle et al., 2010; Scalabrino et al., 2010; Georgieva et 

al., 2019), and increase in the glacial-interglacial cyclicity (Willett et al., 2020). From ~ 2 Ma 

to present-day, the location of the maximum precipitation has migrated southward, from ~ 44 

to ~ 50 °S, suggested a result of global cooling (Herman and Brandon, 2015).  
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Fig. 7. Schematic landscape evolution of the Patagonian Andes at ~ 46 °S (Lagabrielle et al., 2010; 
Georgieva et al., 2019). A) The onset of Patagonian Glaciations at 7 Ma has covered the mountain belt with a 
thick ice sheet, reshaping the landscape and carving glacial valleys towards the foreland. B) The thicker ice 
sheet has vanished and glaciers were constrained to deep and long valleys in the foreland causing transverse 
incision. This episode is coincident with tectonic subsidence of the central Andean domain and uplift of the 
foreland domain, associated with the Chile ridge collision with the subduction trench. 

 

3. Thesis specific targets and structure 

Using the Southern and Patagonian Andes as natural case study, this thesis addresses 

some of the interactions between surface and deep Earth processes described above. In 

particular, the relationships between crustal strain and rock burial/exhumation during 

convergence are addressed by the study presented in Chapter 2 (Muller et al., 2021). The 

relationships between Late Cenozoic fluvio-glacial erosion, rock exhumation, and mantle 

upwelling are addressed in Chapter 3 (Muller et al., in prep. a). The relationships between 

orographic erosion, crustal strain, and migration of the supra-subduction magmatic arc are 

addressed in Chapter 4 (Muller et al., 2022). Finally, the relationships between present-day 

vertical displacement rates and the ongoing deglaciation, with particular focus on the role of 

the asthenospheric window underneath the Patagonian Andes, are addressed in Chapter 5 

(Muller et al., in prep. b). Altogether, Chapters 2-5 include several breakthroughs in the field 

of the surface-deep Earth processes coupling; for instance, the characterization of the depths 
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and timing of formation and exhumation of metamorphic complexes of the Patagonian fold-

and-thrust belt; the quantification of the contributions by asthenospheric upwelling and 

glaciation to rock exhumation in the southern Patagonian Andes; the first recognition and 

quantification of an orographic control on the location of the Southern Andes Volcanic Zone 

(and continental volcanic arcs in general); and the quantification of the mantle potential 

temperature required to explain present-day rates of postglacial rebound in the Patagonian 

Andes. 

These major breakthroughs allow us to propose new applications of geo-thermo-

chronological methods to quantify the partitioning between deep-Earth and surface processes 

during mountain building, and ways to the use geodynamic numerical models to understand 

poorly constrained links between lithospheric, mantle, and surface processes, as outlined in 

detail in Chapter 6. Two additional papers that I contributed to are included in Appendix A 

and B. These general contributions highlight additional ways of coupling between the surface 

and deep Earth, further supporting the relevance of research on the topic and, therefore, of 

this PhD thesis.  
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Abstract: 

The Western Domain of the Magallanes Fold-and-Thrust Belt (MFTB) between 52°-54°S is part of a poorly 
studied hinterland region of the southernmost Andean Cordillera. This domain consists of NNW-SSE trending 
tectonic slices of pre-Jurassic basement units and Late Jurassic-Early Cretaceous ophiolitic complexes and 
volcano-sedimentary successions of the Rocas Verdes Basin (RVB). New detrital zircon U-Pb ages of metatuffs 
and metapsammopelites constrain episodes of Late Jurassic rift-related volcanism (ca. 160 Ma) followed by 
Early Cretaceous sedimentation (ca. 125 Ma) during the opening of the RVB. Shear bands developed in the 
RVB units further record the initial phases of the Andean Orogeny. The 30-km wide thrust stack located on top 
of the Eastern Tobífera Thrust consists of mylonitic metatuffs, metapelites and metabasalts with a NE-verging 
brittle-ductile S1* foliation. Phengite-bearing metatuffs commonly record pressure-temperature (P-T) conditions 
between ~3-6 kbar and ~210-460 °C, consistent with underthrusting of the RVB beneath the parautochthonous 
magmatic arc in the west. Peak metamorphic conditions of ~6 kbar and 460 °C are derived from a 
metapsammopelitic schist with textures of contact metamorphism overprinting early mylonitic structures (at 
least S1*). A back-arc quartz-diorite, intruded at ca. 83 Na, is in contact with the metapsammopelites and 
constrain the minimum age of deformation at deep crustal depths. Campanian-Maastrichtian (ca. 70-73 Ma) 
40Ar/39Ar phengite dates from a mylonitic metapelite indicate the timing of thrusting and backthrusting during 
the initial uplift of the underthrusted crustal stack. These findings reveal a ~400 km along-strike connection of 
mylonite belts in a continent-verging thrust structure that became active at the onset of the Andean orogeny 
during the closure of the Rocas Verdes back-arc marginal basin. 

 

KEYWORDS: Rocas Verdes Basin; Patagonian Andes; fold-and-thrust belt; shear zones.  
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1. Introduction 

The Andes constitute the archetype of a subduction-related orogen, where 

compressional stresses due to ocean-continent subduction control mountain building 

throughout shortening and thickening of the upper continental lithosphere (Dewey and Bird, 

1970; Dalziel, 1986; Ramos, 1999; Schellart, 2008; Horton et al., 2018). However, 

extensional stresses were dominant during Gondwana tectonic dispersal in the early 

Mesozoic (Cox, 1992, Pankhurst et al., 1998; Dalziel et al., 2013; Braz et al., 2018). At this 

time, Pacific marginal and back-arc basins opened, leading to seafloor spreading at the 

northern and southern tips of South America (Dalziel et al, 1974; Stern and De Wit, 2003; 

Braz et al., 2018) and development of tectonic environments similar to those in present-day 

East Asia (Schellart and Lister, 2005). Tectonic inversion and closure of a proto-oceanic 

basin in southernmost South America occurred in the Late Cretaceous, possibly due to 

accelerated spreading rates in the opening of the South Atlantic (Dalziel, 1981). This shift 

resulted in ophiolite-bearing thrust sheets emplaced on the South American continent (Dalziel 

et al., 1974, Klepeis et al., 2010; Calderón et al., 2012). These deformed remnants of back-arc 

basin lithosphere preserve the stratigraphy, structures, and metamorphism of the extensional 

and compressional phases in western South America (Dalziel et al., 1974; Stern and De Wit, 

2003; Kraemer, 2003; Calderón et al., 2007; Poblete et al., 2016). 

The Andean fold-and-thrust belts are generally segmented along-strike, with thrust 

sheets involving just the sedimentary cover, versus those that include crystalline basement, 

known as thin- or thick-skinned sectors, respectively (Coward, 1983; Pfiffner, 2006; 

Lacombe and Bellahsen, 2016). The typical Andean configuration includes deeper (i.e., thick-

skinned) structures to the west-hinterland, which became progressively shallow (i.e., thin-

skinned) cratonward to the east. Commonly, initially thin-skinned sectors have been affected 

by re-activation of deep-seated structures and initiation of thick-skinned deformation 

(Lacombe and Bellahsen, 2016). Therefore, pre-Cenozoic inherited structures appear to have 

exerted a major control on the style of deformation during Andean crustal shortening 

(Winslow, 1982; Allmendinger et al., 1983; Kley et al., 1999; Ramos et al., 2004; Fosdick et 

al., 2011; Likerman et al., 2013). In this context, shear zones that developed at different 

crustal depths played an important role in accommodating contractional deformation during 

Andean orogenesis, and may have transferred shortening between different fold-and-thrust 

belt domains in a time-progressive construction (Price and McClay, 1981; Davis et al., 1983; 

Platt, 1986; Selzer et al., 2007). Estimates of pressure-temperature (P-T) conditions coupled 
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to the study of the structures are crucial to resolving the polarity and depth of tectonic burial 

and exhumation of the fold-and-thrust belts (Ernst, 1972; Miyashiro, 1973; Platt, 1986; 

Jamieson et al., 1998; Ernst, 2005; Agard et al., 2009; Massonne and Willner, 2008; Jolivet et 

al., 2010).  

This study focuses on the early history of the Andean Orogeny in southernmost 

Patagonia, where the changes in stress conditions from an extensional to compressive regime, 

thereby closing the proto-oceanic Late Jurassic-Early Cretaceous Rocas Verdes Basin (RVB, 

Dalziel et al., 1974). Remnants of this back-arc basin are currently exposed in the hinterland 

domain of the Magallanes Fold-and-Thrust Belt (MFTB), located to the east of the 

Patagonian Batholith (Fig. 1). Several paleogeographic models have been proposed to explain 

the closure and inversion of the RVB (Dalziel, 1981; Cunningham et al., 1991; Kraemer, 

2003; Fildani and Hessler, 2005; Calderón et al., 2007; Rapalini et al., 2008, 2015; Klepeis, 

2010; Calderón et al., 2012; Fosdick et al., 2011; Poblete et al., 2016; Eagles, 2016). This 

tectonic event resulted in the ~ 90° counter-clockwise rotation of the southern tip of South 

America, where the orogenic belts change in orientation from north-south to west-east, a 

feature known as the Patagonian Orocline (Cunningham et al., 1991; Kraemer, 2003; 

Rapalini et al., 2008; Poblete et al., 2016; Eagles et al., 2016). The onset of thrust loading of 

RVB units during its tectonic inversion promoted topographic loading of the foreland 

lithosphere and development of the Magallanes-Austral Basin to the east (Wilson, 1991; 

Fildani and Hessler, 2005; Romans et al., 2011; Fosdick et al., 2014). Generally, models 

agree that the RVB was closed by mid-Cretaceous time due to the relative motion of a 

microplate against the South American Plate (cf. Eagles, 2016). However, many fundamental 

aspects of this tectonic transition remain poorly known, including the plate kinematics, the 

consumption (or not) of the oceanic floor by a west-directed subduction, the mechanisms of 

basin shortening, and the overall timing of events. The segment under investigation connects 

the N-S oriented Patagonian Andes and the E-W oriented Fuegian Andes (52°-54°S, 1A), 

encompassing the Seno Skyring and Seno Otway (Fig. 2). This segment is less studied 

compared to the northern and southern parts of the deformed RVB.  
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Figure 1: A) Simplified geological map of the southern Patagonian and Fuegian Andes, modified after 
SERNAGEOMIN (2003). Gray box indicates the study area (detail in Fig. 2) in the region of Seno Skyring and 
Seno Otway, and the location of cross section A-A’-A’’ of Isla Riesco: B) geological cross section interpreted 
from 2-D seismic lines by ENAP. Abbreviations: IR - Isla Riesco; CMSZ - Canal de las Montañas Shear Zone 
(Calderón et al., 2012); ETT - Eastern Tobífera Thrust; LPT - La Pera Thrust; RT - Rocallosa Thrust; MFSZ - 
Magallanes-Fagnano Shear Zone; the front of the MFTB (Magallanes Fold-and-Thrust Belt) is defined in 
Fosdick et al. (2011). 

 

We bring new regional and local structural observations, geochronology, and 

thermobarometry datasets to reconstruct the early history of the study region. The regional 

structure of the thick- and thin-skinned domains of the MFTB at this latitude is constructed 

from seismic-reflection data and surface exposure field data (Fig. 1 B). Stratigraphic and 
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structural field observations allow construction of local cross sections at Canal Gajardo (Fig. 

3 A) and Estero Wickham (Fig. 3 B), where initial east-vergent thin-skinned deformation is 

superimposed by thick-skinned deformation. New Sensitive High Resolution Ion Micro 

Probe (SHRIMP) U-Pb analyses in detrital zircons provide constraints on the timing of 

deposition of the volcanic and sedimentary units of the RVB. SHRIMP U-Pb zircon 

crystallization ages of dioritic plutons that cross-cut mylonitic rocks of the MFTB provide a 

bracket for the timing of deep ductile deformation, which correlates with the timing of 

tectonic emplacement of the Sarmiento Ophiolitic Complex. The P-T constraints obtained 

from silicic mylonites and metapsammopelitic schists allow us to estimate the tectonic burial 

depth reached during the underthrusting of the RVB successions. Finally, 40Ar/39Ar in-situ 

dating of phengitic white mica from a mylonitic metapelite constrains the age of out-of-

sequence thrusting and backthrusting in the hinterland Western Domain of the MFTB, which 

was responsible for the Late Cretaceous uplift of the orogenic belt. Based on these new data, 

we propose and discuss a geodynamic reconstruction of the along-strike exhumation history 

of the RVB units between the southern Patagonian and the Fuegian Andes. 
 

2. Geological setting 

2.1. Stratigraphy of the Magallanes-Fold-and-Thrust Belt 

The early phase of Jurassic tectonic dispersal of Gondwanan landmasses was 

accompanied by the development of a wide volcanic rift zone in southwestern South America 

(Dalziel et al., 1974; Bruhn et al., 1978; Pankhurst et al., 1998, 2000). In this context, the 

inception of the RVB occurred in the Middle Jurassic by rifting of the pre-Jurassic basement 

complexes, which were overlain by Jurassic pyroclastic, volcaniclastic and sedimentary 

successions (Bruhn et al., 1978; Forsythe and Allen, 1980; Dalziel, 1981; Stern and De Wit, 

2003, Calderón et al., 2007; Hervé et al., 2008, 2010a). 
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Figure 2: Geological map 
of the study area modified 
after SERNAGEOMIN 
(2003) and Betka (2013). 
Sample locations for rock 
samples collected for P-T 
pseudosection modelling 
are shown in purple 
hexagons with their 
respective field code. The 
sample locations of new 
geochronologic analyses 
with SHRIMP zircon U-Pb 
and 40Ar/39Ar in white mica 
are shown in the hexagons 
containing the respective 
mean ages in millions of 
years ago (Ma) and the 
field code is below. Cross 
sections of the Isla Riesco 
A-A’-A’’, Canal Gajardo 
X-X’, and Estero Wickham 
Y-Y’ are shown in Fig. 1b, 
3a and 3b, respectively. 
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Figure 3: Simplified geologic cross sections and structural data from the Patagonian Andes (refer to Fig. 2 
for locations): A) Canal Gajardo (X-X’) and B) Estero Wickham (Y-Y’) modified after Harambour (2002) and 
Betka et al. (2015). Structural data from volcano-sedimentary bedding, metamorphic foliations, fold axes and 
axial planes are portrayed in stereographic projections above the respective sectors: A1) western and central 
areas of Canal Gajardo; A2) eastern area of Canal Gajardo; B1) western area of Canal Jerónimo and Estero 
Wickham; B2) northern area of Estero Wickham. The analyzed rock samples for P-T pseudosection modelling 
are shown in purple hexagons with their respective field code. The schematic location of new geochronologic 
analyses with SHRIMP zircon U-Pb and 40Ar/39Ar in white mica are shown in the hexagons containing the 
respective mean ages in millions of years ago (Ma). 

 

The continental basement in Patagonia comprises Paleozoic to early Mesozoic 

accretionary complexes of the proto-Pacific subduction zone (Nelson et al., 1980; Kohn et al., 

1993; Hervé et al., 2003, 2008, 2010a; Hervé and Fanning, 2003; Willner et al., 2004; 

Hyppolito et al., 2016, Angiboust et al., 2017, 2018; Suárez et al., 2019). The Paleozoic-Early 

Triassic Eastern Andes Metamorphic Complex extends from the Ultima Esperanza region 

(~51°S) to the Estrecho de Magallanes (Fig. 1A), and consists of low-grade 

metapsammopelitic schists with minor intercalations of marbles and metabasic bodies 

(Forsythe and Allen, 1980; Allen, 1982; Hervé et al., 2003, Hervé et al., 2008; Betka et al., 

2015). To the east, the basement of the Magallanes-Austral Basin consists of the high-grade 

Tierra del Fuego Igneous and Metamorphic Complex overlain by Jurassic rift-related silicic 

volcanic rocks (Hervé et al., 2010a). To the south of Estrecho de Magallanes, the Paleozoic-

Mesozoic Cordillera Darwin Metamorphic Complex comprises medium to high-grade 
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metapelitic schists, metabasalts, and Jurassic metarhyolites metamorphosed in the Late 

Cretaceous (Nelson et al., 1980; Kohn et al., 1993, 1995; Hervé et al., 2008; Hervé et al., 

2010b; Klepeis et al., 2010, Maloney et al., 2011).During the early rift-stage of the RVB the 

depocenters were filled with silicic lava flows, volcaniclastic successions (mostly tuffs and 

ignimbrites), and sedimentary fluxes of coarse- and fine-grained siliciclastic detritus 

belonging to the Tobífera Fm. (Fig. 2; Dalziel et al., 1974; Bruhn et al., 1978; Forsythe and 

Allen, 1980; Dalziel, 1981; Allen, 1982; Wilson, 1991; Pankhurst et al., 1998, 2000; 

Calderón et al., 2007). Rift volcanism and sedimentation lasted from ca. 170 to 140 Ma 

(Pankhurst et al., 2000; Calderón et al., 2007; Hervé et al., 2007a; Malkowski et al., 2015a) 

and fossiliferous siltstones (with ammonites, belemnites, and inoceramids) indicate a 

predominant submarine deposition during the Early Cretaceous (Allen, 1982; Fuenzalida and 

Covacevich, 1988; Wilson, 1991). Volcanism was partially coeval with the first phase of 

plutonism of the South Patagonian Batholith, represented by granites and gabbros of 157 to 

144 Ma (Hervé et al., 2007a), which bounds the RVB to the west (Figs. 1 and 2). 

Progressive lithospheric stretching within the back-arc region resulted in oceanic-type 

lithosphere formation along mid-ocean-ridge spreading centers, located between the South 

America cratonic margin and a microplate bearing the southwestern magmatic arc, 

represented by the Early Cretaceous components of the South Patagonian and Fuegian 

batholiths (Katz, 1964; Dalziel et al., 1974; Stern, 1979; Dalziel, 1981; Hervé et al., 1984; 

Stern and De Wit, 2003; Hervé et al., 2007a). In the southern Patagonian Andes, mafic and 

bimodal igneous suites were emplaced along-strike within the Sarmiento Ophiolitic Complex 

(Calderón et al., 2007; Fig. 1 A). The oceanic remnants consist of pillow and massive basalts 

with intercalations of cherts and siltstones, underlain by sheeted dyke complexes, minor 

gabbros and rare plagiogranites (Dalziel et al., 1974; Dalziel, 1981; Allen, 1982; Stern and 

De Wit, 2003; Calderón et al., 2007). In the Fuegian Andes, the northwestern edge of the 

Scotia Plate, these remnants are referred as the Tortuga and Capitan Aracena ophiolitic 

complexes (Fig. 1 A; Calderón et al., 2013).  

The following regional sag phase of basin evolution constituted a Late Jurassic to 

Early Cretaceous marine transgression recorded by deposition of hemipelagic successions of 

the Zapata (Patagonian Andes), Erezcano (Isla Riesco) and Yaghan/Beauvoir (Fuegian 

Andes) formations, covering the ophiolitic and the silicic volcaniclastic rocks (Dalziel, 1981; 

Allen, 1982; Fuenzalida and Covacevich, 1988; Wilson, 1991; Calderón et al., 2007; 

McAtamney et al., 2011). These units are are dominated by shale-rich successions over 

~1000 m in thickness in the Patagonian Andes, and nearly ~3000 m in thickness in the 
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Fuegian Andes (Cortés, 1964; Suárez and Pettigrew, 1976; Allen, 1982; Wilson, 1991; 

Fildani and Hessler, 2005). The upper stratigraphic section bears intercalations of sandy 

turbidites that progressively increase in thickness towards the overlapping Canal Bertrand 

(Fig. 2; Mpodozis et al., 2007; McAtamney et al., 2011). The facies transition to turbidites is 

interpreted to reflect an increase in sediment supply and higher depositional energy linked to 

the beginning of Andean deformation, resulting in cratonward thrusting of the MFTB and 

subsidence in the east-foreland (Wilson, 1991; Harambour, 1998; Fildani et al., 2003, 2008; 

Fildani and Hessler, 2005; McAtamney et al., 2011; Malkowski et al., 2015b). These 

diachronous Aptian-Albian to Turonian maximum sedimentation ages delimitate the end of 

deposition in the RVB and onset of the foreland stage in the Magallanes-Austral Basin, from 

north to south (Fildani et al., 2003; Barbeau Jr. et al., 2009; Fosdick et al., 2011; Ghiglione et 

al., 2015; Malkowski et al., 2015b). 

The Upper Cretaceous sedimentary successions of the Magallanes-Austral Basin vary 

stratigraphically along-strike due to changes in the geometry of the depocenters, controlled 

by the geometry of inherited extensional faults and the structural evolution of the fold-and-

thrust belt (Winslow, 1982; Kraemer, 1998; Fildani and Hessler, 2005; Ghiglione et al., 2009; 

Bernhardt et al., 2011; Fosdick et al., 2011, McAtamney et al., 2011; Romans et al., 2011; 

Malkowski et al., 2015b). In the study area, the interface between the RVB and Magallanes-

Austral Basin is generally dominated by sand-rich turbidites of the Canal Bertrand Fm. 

(Wilson, 1991; Fildani and Hessler, 2005; McAtamney et al., 2011), interbedded with mafic 

volcanic and volcaniclastic rocks of La Pera Complex (Stern et al., 1991; Prades, 2008; 

Anguita, 2010). These units are capped by deep marine shale-rich successions of the Latorre 

Fm. (Fig. 2; Mpodozis et al., 2007; McAtamney et al., 2011). The turbidites within the upper 

section of the Latorre Fm. represent the transition from hemipelagic sedimentation to deep-

marine turbiditic clast-supported conglomerates of the Escarpada Fm., deposited at ca. 80 Ma 

(McAtamney et al., 2011). The overlying Maastrichtian Fuentes and Rocallosa formations, 

which consist of intercalated mudstones, sandstones, and limestones, record the transition 

from a shelf to deltaic environment (Charrier and Lahsen, 1969; Castelli et al., 1992; 

Mpodozis et al., 2007), reflecting the regional shallowing of the Magallanes-Austral Basin 

during the Late Cretaceous. 
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2.2. Structural segmentation of the Magallanes Fold-and-Thrust Belt 

The MFTB can be divided into three main structural domains (Figs. 1 B and 3; after 

Alvarez-Marrón et al., 1993): (1) The Western Domain, which is the focus of this study, 

comprises Jurassic-Lower Cretaceous RVB units and pre-Jurassic basement complexes 

deformed by thick-skinned tectonics; (2) the Central Domain, which exposes Upper 

Cretaceous foredeep units of the Magallanes-Austral Basin within a thick-skinned system 

dominated by basement-involved inversion structures; and (3) the Eastern Domain, defined 

by outcropping Paleogene foredeep units of the Magallanes-Austral Basin, dominated by 

thin-skinned deformation. 

The Western Domain transferred shortening towards the external domains by linking 

upper crustal thrust faults to deep detachment faults within the pre-Jurassic basement and 

near the top of the Tobífera Fm. (Alvarez-Marrón, 1993; Harambour, 2002; Kraemer, 2003; 

Klepeis et al., 2010; Fosdick et al., 2011; Betka et al., 2015). East-vergent detachment faults 

formed in the earliest Late Cretaceous due to inversion of the RVB, accommodated 30-40 km 

of shortening of the MFTB in the Patagonia sector (Fosdick et al., 2011; Betka et al., 2015) 

and 50-100 km of shortening in the Fuegian sector (Kohn et al., 1995; Klepeis et al., 2010; 

Rojas and Mpodozis, 2006). This phase may have included partial consumption of the proto-

oceanic lithosphere by west-directed subduction (Kraemer, 2003). Out-of-sequence thrusting 

and backthrusting within the RVB succession may have initiated in the Late Cretaceous and 

continued throughout the Paleogene, leading to deformation of the Upper Cretaceous foreland 

units of the Magallanes-Austral Basin (Kohn et al., 1995; Harambour, 2002; Kraemer, 2003; 

Rapalini et al., 2008; Klepeis et al., 2010; Fosdick et al., 2011; Betka et al., 2015). Inversion 

of inherited-basement faults from the rift phase is taken as an important uplift mechanism 

during this phase (Winslow, 1982; Alvarez-Marron, 1993; Harambour, 2002; Kraemer, 2003; 

Rapalini et al., 2008; Fosdick et al., 2011; Likerman et al., 2013; Betka et al., 2015). From the 

Late Oligocene to Middle Miocene, the deformation progressed eastward into the foreland 

region but led to overall less shortening and lower foreland propagation rates (Fosdick et al., 

2011). Along the margins of the thrust domains, shallow thrusts rooted in the pre-Jurassic -

Tobífera Fm. interface (Fig. 1 B) exhibit a forward-breaking sequence (Alvarez-Marrón et al., 

1993), and contributed to exhumation of the MFTB (Fosdick et al., 2011, 2013). 
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2.2.1. Western Domain of the MFTB 

The Upper Jurassic Rocas Verdes ophiolites show mutual cross-cutting relationships 

with the intrusive bodies of the South Patagonian Batholith in the westernmost part of the 

MFTB (Dalziel, 1981; Stern and De Wit, 2003; Hervé et al., 2007a; Calderón et al., 2007). 

North of the study zone in the Cordillera Sarmiento (~51-52°S; Fig. 1 A), the Canal de las 

Montañas Shear Zone places the ophiolites in thrust contact with the Zapata and Tobífera 

formations, resulting in a regional cratonward tectonic vergence (Calderón et al., 2012). This 

km-wide shear zone is defined by mylonitic metatuffs, metapelites and metabasalts derived 

from the RVB volcano-sedimentary successions. The P-T metamorphic constraints recorded 

in felsic mylonites of ~250-400 °C and ~5-7 kbar are addressed to a phase of underthrusting 

of the oceanic and thinned continental lithosphere of the RVB before ca. 85 Ma (Calderón et 

al., 2012). In the Fuegian Andes (~54-56°S) the Tortuga and Capitan Aracena ophiolitic 

complexes are thrusted over the basement and volcano-sedimentary units of the RVB, and 

intruded by several back-arc plutons at ca. 90-80 Ma (Fig. 1 A; Nelson et al., 1980; Hervé et 

al., 1984; Cunningham, 1995; Klepeis et al., 2010; Calderón et al., 2013). 

The mylonitic belts within the RVB successions are cross-cut by out-of-sequence 

cratonward thrusts and trenchward backthrusts, dated between ca. 70 and 40 Ma (Kohn et al., 

1995; Harambour, 2002; Kraemer, 2003; Rapalini et al., 2008; Klepeis et al., 2010; Fosdick 

et al., 2011; Maloney et al., 2011; Betka et al., 2015). The trench-parallel imbricated 

arrangement of the Western Domain of the MFTB is constituted by structural duplexes of the 

Tobífera and Zapata formations, tectonically intercalated with the pre-Jurassic basement 

complexes (Allen, 1982; Fosdick et al., 2011; Calderón et al., 2012). The apatite and zircon 

fission tracks and (U-Th)/He cooling ages show a protracted history of deep exhumation of 

the Western Domain of the MFTB until the Miocene (Thomson et al., 2001; Fosdick et al., 

2013). 

In the Fuegian Andes, the Cordillera Darwin Metamorphic Complex comprises high-

grade kyanite- and garnet-bearing schists, Jurassic orthogneisses and metamorphosed 

volcano-sedimentary rocks of the RVB (Hervé et al., 2010b; Klepeis et al., 2010). 

Metamorphic petrology and geochronological studies indicate that the metamorphic 

complexes were buried to ~35 km depths, during collision of the parautochthonous magmatic 

arc against the South American continental margin, before ca. 73 Ma (Dalziel, 1986; Kohn et 

al., 1993, 1995; Cunningham, 1995; Klepeis et al., 2010; Maloney et al., 2011). The 
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exhumation is interpreted to have resulted from a late deep-seated thrusting phase in the 

Paleogene (Nelson, 1982; Kohn et al., 1995; Klepeis et al., 2010; Maloney et al., 2011). 

 

2.2.2. Central Domain of the MFTB 

The La Pera Thrust fault places the Zapata Fm. onto the Upper Cretaceous volcano-

sedimentary rocks of the Canal Bertrand, Latorre, and Escarpada formations (Fig. 1 A and B; 

Mpodozis et al., 2007; McAtamney et al., 2011). The Upper Cretaceous units record east-

verging thrusts and open-to-closed folds of regional scale, gradually decreasing in amplitude 

from west to east. 

Seismic surveys across the Central Domain show the west-to-east structural transition 

from inverse steep, east-verging faults to high-angle west-and-east dipping normal faults 

rooted in the pre-Jurassic basement, which seemingly represent deep-seated inherited horst-

graben structures (Winslow, 1982; Wilson, 1991; Harambour, 1998; Fosdick et al., 2011; 

Likerman et al., 2013; Betka et al., 2015). 

 

2.2.3. Eastern Domain of the MFTB 

The Rocallosa Thrust bounds the Central and Eastern domains, defining the transition 

between thick-skinned to predominantly thin-skinned deformation (Fig. 1 B). The Eastern 

Domain comprises the Upper Cretaceous Fuentes and Rocallosa formations, both of which 

are affected by shallow thrust faults, and the weakly folded Cenozoic Chorrillo Chico, Tres 

Brazos, Leña Dura and Loreto formations (Kley et al., 1999; McAtamney et al., 2011; Betka 

et al., 2015).  

 

3. Methods 

3.1. Structural and petrographic analysis 

Field descriptions were collected from 36 outcrops to the west of Seno Otway and 

Seno Skyring (Fig. 2). Analysis of 70 thin sections yielded the determination of the mineral 

assemblages, textures, and microstructures in different samples belonging to the West and 

Central domains of the MFTB; 9 of these thin section samples were oriented to determine 

microscopic kinematic shear sense indicators (Table 1). 
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The structural data of foliations, lineations, and volcano-sedimentary bedding were 

plotted in stereographic diagrams, at equal-angle projections (Fig. 3), and in the geological 

map of Fig. 2 complemented with previously published geological and structural data 

(SERNAGEOMIN, 2003; Betka, 2013). 

The structural cross section of the MFTB of Fig. 1 B is based on field data and 2-D 

seismic surveys done by ENAP (cf. Harambour, 1998). The structural cross section at Canal 

Gajardo (Fig. 3 A) and Estero Wickham (Fig. 3 B) are proposed on the basis of new field and 

geochronological data and data from previous works (Harambour, 2002; Betka et al., 2015). 

 

3.2. SHRIMP zircon U-Pb geochronology 

In an attempt to constrain the maximum depositional age of the different tectonic 

slices of the Western Domain of the MFTB, zircon grains have been separated from a silicic 

metatuff of the Tobífera Fm. (FC1727) at Estero Wickham, and a metapsammopelitic rock of 

the Zapata Fm. (FC1754) at Canal Gajardo. To constrain a relative age of deformation in 

RVB units, zircon grains were separated from a quartz-diorite pluton (FC1759) intruding the 

Tobífera and Zapata thrust sheets in Canal Gajardo (Figs. 2 and 3 A). The U-Pb analyses 

were carried out using SHRIMP II (FC1727 and FC1759; six scan data) and SHRIMP RG 

(FC1754; four scan data) at the Research School of Earth Sciences, Australian National 

University, in Canberra. Analytical techniques essentially follow those given in Williams 

(1998), the U/Pb ratios calibrated using analyses of the Temora reference zircon (Black et al, 

2003). The data have been processed using the SQUID Excel Macro of Ludwig (2000) with 

corrections for common Pb made using the measured 238U/206Pb and 207Pb/206Pb ratios 

following Tera and Wasserburg (1972) as outlined in Williams (1998); see Table 2 A-C. 

Uncertainties in weighted mean age calculations are reported at the one σ level. The 

geological time-scale used follows the Chronostratigraphic Chart 2018 by IUGS-ICS 

(www.stratigraphy.org). 

 

3.3. 40Ar/39Ar geochronology 

To constrain the age of deformation in the Western Domain of the MFTB, up to 500 

µm-long and 100 µm-wide phengite mats (mix of crystals) from a mylonitic metapelite of the 

Zapata Fm. (SHP141) in Canal Gajardo (Fig. 2) were analyzed by in situ 40Ar/39Ar analysis. 

The in-situ dating provides textural control, and the range of yielded ages provide insights 
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into the metamorphic and structural evolution of the sample. The analysis was performed in 

the Open University 40Ar/39Ar Laboratory. Polished thick sections of this sample were broken 

into 5x5 mm2 squares, washed in acetone and distilled water before packing into foil packets, 

and air dried at ambient temperature. Mica mats were analyzed by spot-dating using an SPI 

SP25C 1090 nm laser focused through a Leica microscope, coupled to an automated 

extraction system and a Nu Noblesse mass spectrometer; laserprobe diameter is 50 µm. 

Neutron fluency was monitored using the GA1550 biotite standard with an age of 98.79 ± 

0.54 Ma (Renne et al., 1998). J values were calculated by linear interpolation between two 

bracketing standards (and given in Table 3); a standard was included between every 8 and 10 

samples in the irradiation tube. Results were corrected for blanks, 37Ar decay and neutron-

induced interference reactions. Typical blank measurements are included for each sample and 

sample run in Table 3; tabled data are blank corrected. Background measurements bracket 

every 1–2 spots. The correction factors used were: (39Ar/37Ar)Ca=0.00065, 

(36Ar/37Ar)Ca=0.000265, (40Ar/39Ar)K=0.0085 based on analyses of Ca and K salts. Analyses 

were also corrected for mass spectrometer discrimination. The branching ratio of Renne et al. 

(2011) was used. The major-element composition of white mica crystals was measured with 

the electron probe micro analyzer, described below. 

 

3.4. Bulk-rock X-ray fluorescence spectrometry 

Three silicic metatuffs of the Tobífera Fm. (FC1723, FC1727, and FC1749) and one 

metapsammopelite of the Zapata Fm. (FC1757) were selected to constrain the P-T conditions 

of metamorphism at different structural levels within the MFTB (Fig. 2) through the 

construction of phase diagrams (cf. Massonne and Willner, 2008). The whole rock major-

element composition was determined with a PHILIPS PW 2400 X-ray fluorescence (XRF) 

spectrometer at Universität Stuttgart, using glass discs prepared from rock powder and 

Spectromelt®. The results are presented in Table 4. The procedures of thermodynamic 

modelling are described below (section 3.6). All samples show dynamic recrystallization and 

syntectonic growth of very fine-grained white mica and chlorite defining the main foliation. 

A brief petrographic description of mineral assemblages and textures is provided in section 

4.2. 
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3.5. Mineral analyses with the electron probe micro analyzer (EPMA) 

We analyzed the major-element compositions of phengite, chlorite, epidote, feldspar, 

and biotite present in four selected samples. The white mica composition on sample SHP141 

was also analyzed to discuss the meaning of 40Ar/39Ar in situ dating. The mineral chemical 

composition was determined using the EPMA CAMECA SX100 at Universität Stuttgart, 

with 5 wavelength-dispersive spectrometers and an energy-dispersive system. Operating 

conditions were an acceleration voltage of 15 kV, a beam current of 15 nA, a beam size of 1–

3 µm or a focused beam (for very small crystals), and 20 seconds counting time on the Kα 

peak (Ba: Lα) and on the background for each element. The standards used were natural 

wollastonite (Si, Ca), natural orthoclase (K), natural albite (Na), natural rhodonite (Mn), 

synthetic Cr2O3 (Cr), synthetic TiO2 (Ti), natural hematite (Fe), natural baryte (Ba), synthetic 

MgO (Mg), synthetic Al2O3 (Al) and synthetic NiO (Ni). The PaP correction procedure 

provided by CAMECA was applied. Analytical errors of this method are given by Massonne 

(2012). Representative mineral compositions are given in Table 5. 

 

3.6. Thermodynamic modelling 

P-T isochemical phase diagrams (i.e., pseudosections) contoured by isopleths 

regarding the chemical composition and modal contents of syntectonic minerals (e.g. white 

mica, chlorite, epidote) were calculated using the software package PERPLE_X 6.8.0 (cf. 

Connolly, 1990) to constrain P-T conditions of regional metamorphism in the four selected 

samples. We used the thermodynamic input parameters provided by Holland and Powell 

(1998, updated 2002) for minerals and aqueous fluids. The solid-solution models, selected 

from those included in PERPLE_X 6.8.0, were by (1) Holland et al. (1998): Chl(HP) for 

chlorite; (2) Holland and Powell (1998): Ctd(HP) for chloritoid, Ep(HP) for epidote, Gt(HP) 

for garnet, Omph(HP) for Na-bearing clinopyroxene, Pheng(HP) for potassic white micas, 

TiBio(HP) for biotite; (3) Massonne and Willner (2008) and Massonne (2010): Act (M) for 

actinolite, Mica(M) for paragonite, Stlp(M) for stilpnomelane, Carp(M) for carpholite, Pu(M) 

for pumpellyite; (4) Fuhrman and Lindsley (1988): feldspar for plagioclase and alkali 

feldspar; and (5) Andersen and Lindsley (1988): MtUl(A) for ulvospinel and magnetite. The 

model IlGkPy for ilmenite-geikielite-pyrophanite is based on ideal mixing of the three end 

members. The calculated mineral assemblages for the analyzed samples are shown in Table 6 

with the respective modal compositions. 
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4. Results 

In the study region, the NNW-SSE-trending thrust sheets of volcano-sedimentary 

rocks of the Tobífera and Zapata formations are imbricated to the northeast in a cratonward 

thrust wedge, with variably shallow to steep dip angles. The tectonic repetition of the 

Tobífera Fm. over the older Zapata Fm. is characteristic of duplex structures in the Western 

Domain of the MFTB. The hanging wall of the easternmost duplex of the Western Domain, 

the Eastern Tobífera Thrust (Figs. 2 and 3) is characterized by moderately strained phengite-

bearing mylonites suitable for P-T metamorphic constraints. To the east, the Zapata Fm. is 

thrust over the Upper Cretaceous successions of Canal Bertrand, Latorre and Escarpada 

formations along the La Pera Thrust. 

The ophiolitic complexes consist of tectonic slices of pillow basalts and foliated 

metabasalts intercalated within the Tobífera thrust sheets at Canal Gajardo. The pre-Jurassic 

basement rocks are thrust onto Tobífera thrust sheets. Plutonic rocks of the South Patagonian 

Batholith are located to the west of the MFTB, and satellite plutons cross-cut the MFTB 

(Figs. 2 and 3). 

Metamorphic/mylonitic foliations S1* and S2* in the Tobífera and Zapata formations 

and Sarmiento Ophiolitic Complex are distinguished by an asterisk (*) to separate them from 

S1 and S2 foliations of the pre-Jurassic basement rocks because they may have different 

tectonic origin. However, S1* in RVB units and S2 in the pre-Jurassic basement are related to 

the same tectonic event, as discussed below. 

 

4.1. Mesoscale Structures  

In the westernmost area of Canal Gajardo, a thrust sheet containing the Zapata Fm. 

consists of metapsammopelitic rocks with a S1* foliation crenulated by mm-to-cm closed 

folds. An axial planar S2* foliation is NW-SE-striking and dips ~70° to the northeast. These 

rocks are thrust over crenulated silicic metatuffs and metapsammitic rocks of the Tobífera 

Fm. and show a NW-SE-trending S1* foliation dipping between 40° and 80° to the west and 

to the east (Figs. 2 and 3 A1). The doubly dipping structure of S1* is due to open folds with 

tens of meters wavelength. 

The greenish foliated metabasalts of the Sarmiento Ophiolitic Complex in the western 

area of Canal Gajardo show a NW-SE-striking S1* schistosity, variably dipping ~15-20° 

either to the southwest and northeast (Figs. 2 and 3 A1). To the east, a thrust sheet containing 
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silicic metatuffs of the Tobífera Fm. is backthrust over the ophiolites by NW-SE-striking 

fault zones that dip 45° to the northeast. Further east the S1* foliation in metatuffs dips to the 

southwest. These rocks are thrust over a second tectonic slice of mafic rocks of the Sarmiento 

Ophiolitic Complex (Figs. 2 and 3 A1), constituted of metabasalts with locally preserved 

pillow structures of up to 30 cm diameter, interleaved within metatuffs of the Tobífera Fm. 

(Figs. 2 and 3 A1). 

To the east of the ophiolitic slices in the central area of Canal Gajardo, metarhyolites, 

silicic metatuffs, and shales of the Tobífera Fm. are thrust onto mylonitic metapsammopelitic 

rocks of the Zapata Fm. (Figs. 2 and 3 A1), resembling the geometry of an imbricated duplex. 

The metapsammopelitic rocks show a crenulated NW-SE-striking S1* foliation that dips ~25° 

to the southwest (e.g. FC1754). Near satellite quartz-diorite plutons (e.g. FC1759; Figs. 2 and 

3 A1) the S1* foliation in metasedimentary rocks is overprinted by a hornfels texture possibly 

generated by contact metamorphism (e.g. FC1757). 

At the central area of Canal Gajardo the western Zapata and Tobífera duplex is thrust 

over a tectonic slice of the pre-Jurassic basement complexes (Figs. 2 and 3 A2). The pre-

Jurassic basement rocks consist of metapsammopelitic schists (e.g. FC1753) with an early S1 

foliation tightly folded by an up to 5 cm wavelength asymmetric crenulation cleavage S2 that 

may present a S-C geometry. The S2 foliation strikes NNW-SSE and dips ~25-50° to the 

southwest (Figs. 2 and 3 A2), being subparallel to the metamorphic/mylonitic S1* schistosity 

in the juxtaposed Tobífera and Zapata thrust sheets. The fold hinges trend NW-SE and plunge 

from 30° to 70° to the northwest, asymmetry of fold limbs suggest a tectonic transport to the 

north. 

At the eastern area of Canal Gajardo, mylonitic silicic metatuffs with metric 

intercalations of dark metapelitic rocks of the Tobífera Fm. (e.g. FC1749) constitute the 

hanging wall of the NW-SE-striking Eastern Tobífera Thrust (Figs. 2 and 3 A2). The S1* 

foliation is subparallel to the sedimentary bedding and dips ~20-40° to the southwest. NE-

trending stretching lineations with asymmetric sigma-shaped porphyroclasts contained in the 

volcano-sedimentary interface indicate a shear sense to the northeast (Table 1). 

At Isla Escarpada in Seno Skyring (Fig. 2) the N-S trending eastern flank of the 

Escarpada Syncline exposes a thick succession of clast-supported conglomerates and 

conglomeratic sandstones of the Escarpada Fm. Where studied, the strata dip between 50° 

and 65° to the west. 

Within the western reaches of Canal Jerónimo, mafic lapilli-tuffs, basalts, and 

andesites with metric intercalations of shales and greywackes are mapped as part of the 
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Sarmiento Ophiolitic Complex (Figs. 2 and 3 B1). The mafic volcaniclastic rocks are variably 

folded showing steep stratification. 

At the central area of Canal Jerónimo the pre-Jurassic metamorphic basement rocks 

crop-out in the hanging wall between two thrust sheets of the Tobífera Fm. (Figs. 2 and 3 

B1). The NW-SE-striking S1 schistosity in metapelitic schists is tightly folded (of ~30 cm 

wavelength) with subvertical axial planes defining the S2 crenulation cleavage. This cleavage 

strikes NW-SE and dips from 20 to 65° generally to the southwest, but with some limbs 

dipping to the northeast, parallel to the thrust zone juxtaposing it onto the Tobífera Fm. (Fig. 

3 B1). 

At the northern area of Canal Jerónimo (Isla Santa María) silicic metatuffs of the 

Tobífera Fm. (e.g. FC1723) preserve the volcaniclastic bedding subparallel to the S1* 

mylonitic cleavage, striking NNW-SSE and dipping ~80° to the west (Figs. 2 and 3 B1). A 

group of NNE-SSW-striking 1-10 cm thick quartz veins and tension gashes cut obliquely the 

mylonitic planes (S1*), present echelon geometries and monoclinal cm-sized folds with 

sinistral east-vergence. Brittle normal faults, which have resulted in ~1-3 cm displacements 

of quartz veins and the S1* cleavage, strike to the NNW-SSE and dip ~85° to the east. 

At the southern area of Estero Wickham folded successions of silicic metatuffs with 

intercalations of shale-rich siliciclastic rocks of the Tobífera Fm. (e.g. FC1727 and FC1728) 

are internally folded and imbricated (Fig. 4). A ~20 m wavelength anticline of these 

successions is in the hanging wall of a NW-SE-striking thrust zone dipping ~40° to the west 

(Fig. 4 A). The NNW-SSE-striking axial plane is nearly subvertical. A brittle-ductile NW-

SE-striking mylonitic S-C-type cleavage (S1*) dips 30-60° to the southwest, and is oblique to 

the volcano-sedimentary bedding (Figs. 3 B1 and 4). In the footwall, the shale-rich beds bear 

15 cm- thick layers of sandstones, which are boudinaged and dip ~30° to the southwest (Fig. 

4 D). The S1* mylonitic cleavage is oblique to the sedimentary bedding, strikes NW-SE and 

dips ~ 40° to the southwest. Further east, the Tobífera Fm. is thrust upon the Zapata Fm. 

through the Eastern Tobífera Thrust and dips ~35° to the southwest (Figs. 2 and 3 B1). 

At the northern area of Estero Wickham the hundred-meter thick successions of 

siltstones belonging to the Canal Bertrand Fm. (Figs. 2 and 3 B2) are backthrusted onto the 

Zapata Fm. The sedimentary bedding (S0) in Canal Bertrand Fm. strikes WNW-ESE and dips 

~20-30° to the north and to the south. Siltstones show a NW-SE-trending cleavage, dipping 

~10° to the southwest and northeast, in which few granitic lithic grains up to 0.7 cm in size 

are rotated and show shear sense indicators to the northeast (Table 1). Variations in the dip 

direction of S0 and the cleavage reveal open folds of tens of meters wavelength. 
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Figure 4: Field photographs and photomicrographs of the mylonitic rocks of Tobífera Fm. in the hanging 
wall of the Eastern Tobífera Thrust at Estero Wickham: A) internal thrust contact within the folded Tobífera 
Fm.; B) photomicrograph of oriented thin section of silicic metatuff (FC1727, plane polarized light) showing the 
mylonitic S-C-type foliation (S1*) in micaceous domains, and quartz and feldspar porphyroclasts with sigma-
shaped strain shadows; C) photomicrograph of detail at sample FC1727 (crossed polarized light) showing 
ruptured plagioclase and sigma-shaped alkali feldspar, truncated by mica-rich cleavage domains of S1*. D) 
Shale-rich intercalations within Tobífera Fm. in the foot wall of the thrust fault showed in A, cm-thick sandy 
layers are boudinaged and folded, an internal S1* mylonitic foliation is oblique to the bedding S0; E) 
photomicrograph of mylonitic metapelite (FC1728, plane polarized light) showing the S1* mylonitic foliation, 
plagioclase and quartz porphyroclasts have sigma shapes and can be recrystallized to subgrains (SG). 

 

4.2. Microstructures  

4.2.1. Pre-Jurassic basement rocks  

In metapsammopelitic schists at Canal Gajardo the S1 foliation is defined by 

discontinuous up to 1 cm thick, discontinuous microlithons, mainly composed of up to 100 

µm-sized polycrystalline quartz, and discontinuous mm-thick cleavage domains of up to 100 

µm wide crystals of white mica with minor proportions of chlorite and opaques. The S1 

foliation is crenulated into up to 1 cm asymmetric tight folds with a 1 mm- spaced axial 

planar S2 crenulation cleavage, defined by irregular planes of opaques. S2 planes cross-cut 
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perpendicularly the S1 foliation causing reverse displacements of S1 fold limbs to the north, 

interpreted as shear-sense indicators accordingly to meso-scale structures. The S2 foliation is 

oblique and subparallel to the S1* foliation observed in metatuffs and metasedimentary rocks 

of RVB, suggesting a common deformational event in the pre-Jurassic basement and the 

RVB units. 

Metapelitic schists at Estero Wickham are composed of up to 100 µm-sized quartz, 

white mica, chlorite, opaque minerals and accessory apatite. Anastomosed cleavage domains 

constituted mainly of white mica present two oblique preferential planes, suggesting a S-C-

type mylonitic foliation with shear sense to the northeast (Fig. 5 A, Table 1). Sigmoidal 

microlithons of polygonal quartz show undulose extinction and subgrains with core-mantle 

texture, which are indicators of dynamic recrystallization. 

 

4.2.2. Sarmiento Ophiolitic Complex 

Remnants of ophiolitic rocks at the central area of Canal Gajardo correspond to 

greenish pillow basalts composed of up to 100 µm-sized tremolite-actinolite, plagioclase, 

chlorite, epidote, white mica, and titanite; carbonate is restricted to inter-pillow domains. 

Foliated metabasalts in the westernmost ophiolitic slice at Canal Gajardo contain up to 2 mm-

sized porphyroblasts of actinolite and matrix consisting of up to 500 µm-sized plagioclase, 

chlorite, actinolite, titanite, epidote, quartz, carbonate, and traces of opaques. Cleavage 

domains (~100-300 µm thick) composed of preferentially orientated mats of chlorite and 

actinolite define the S1* foliation; these domains are discontinuous with sigmoidal geometry, 

suggesting a shear sense to the northeast (Fig. 5 B). Asymmetrically deformed porphyroblasts 

of actinolite indicate a shear sense to the north (Table 1). The S1* foliation is crenulated into 

disharmonic open mm-folds with an incipient axial planar S2* foliation, and cross-cut by up 

to 1 mm thick veins of carbonate. 

 

4.2.3. Tobífera Fm. 

Mylonitic silicic metatuffs at Canal Gajardo (e.g. FC1749) bear up to 1 mm-sized 

porphyroclasts (15-20%) of quartz and minor plagioclase; sigma-shaped quartz 

porphyroclasts show asymmetric strain shadows of quartz, white mica, and opaques (Fig. 5 

C); plagioclase is commonly fractured and exhibits trails of fluid inclusions truncated by 

cleavage domains of white mica and chlorite. Cleavage domains are anastomosed and define 
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the mylonitic S1* foliation with shear sense indicators to the northeast (Fig. 5 C; Table 1). 

The matrix is composed of up to 100 µm-sized quartz, feldspars, white mica, chlorite, and 

opaques. The dark metapelitic rocks intercalated within metatuffs bear up to 700 µm-sized 

porphyroclasts of microcrystalline quartz and subhedral opaques surrounded by asymmetric 

strain fringes of quartz, and fragmented by domino-type structures suggesting shear sense to 

the northeast (Fig. 5 D). The matrix is composed of preferred-oriented platy quartz, clay 

minerals and opaque crystals smaller than 100 µm defining the S1* mylonitic cleavage. 

Mylonitic silicic metatuffs at Canal Jerónimo (e.g. FC1723) bear mm-to-cm-sized 

porphyroclasts (<5%) of quartz, feldspar, and rhyolitic lithics lacking intracrystalline 

deformation, surrounded by asymmetric strain shadows of quartz with flakes of white mica. 

The recrystallized matrix is composed of up to 100 µm-sized quartz, white mica, chlorite, 

plagioclase, and non-oriented radial zoisite. Preferred orientation of mica in two oblique 

planes suggests an S-C-type mylonitic cleavage (S1*) with shear sense to the northeast (Table 

1). Late brittle structures such as quartz tension-gashes, show dextral and sinistral shear-sense 

indicators. At Canal Jerónimo a sedimentary breccia belonging to the Tobífera Fm. is 

constituted of mm-to-cm-sized rectangular clasts of polydeformed schist in a quartzose 

recrystallized matrix.  

Mylonitic silicic metatuffs at Estero Wickham (e.g. FC1727) consist of up to 1 mm-

sized and sigma-shaped porphyroclasts (5%) of quartz, alkali feldspar and plagioclase, which 

are internally fractured; their rims are truncated by cleavage domains of preferred-oriented 

micaceous and opaque minerals, formed through pressure-solution processes. Two oblique 

preferential planes define a S-C-type mylonitic cleavage (S1*) with shear-sense indicators to 

the northeast (Fig. 4 B-C; Table 1). The matrix is dynamically recrystallized and composed of 

aggregates of up to 100 µm-sized quartz and feldspar, and preferred-oriented flakes of white 

mica and chlorite, opaques, and traces of titanite. The intercalated shale-rich metapelitic 

rocks bear sigma-shaped micron-sized grains of quartz, surrounded by anastomosed domains 

of preferred-oriented white mica, plagioclase, and accessory epidote, chlorite and opaques, 

defining a S1* mylonitic cleavage (Fig. 4 E). Early quartz veins are crenulated and disrupted 

by cleavage domains of S1*. Late quartz veins are undeformed and crosscut S1*. 
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Figure 5: Photomicrographs of representative lithologies of the Western Domain of the MFTB: A) 
metapelitic schist of the pre-Jurassic basement (FC1721, crossed polarized light) with two oblique preferential 
planes suggesting a S-C-type mylonitic foliation with shear sense to the northeast; sigmoidal microlithons of 
quartz show undulose extinction and subgrains with core-mantle texture; B) foliated metabasalt of the Sarmiento 
Ophiolitic Complex (FC1765, crossed polarized light) with the S1* schistosity defined by cleavage domains of 
chlorite with sigmoidal geometries that suggest shear sense to the northeast; C) mylonitic silicic metatuff of the 
Tobífera Fm. (FC1749, crossed polarized light) with cleavage domains of white mica defining the S1* 
schistosity, quartz porphyroclasts are ruptured and displaced with strain shadows of quartz and opaques 
suggesting shear sense to the northeast; D) mylonitic metapelite of the Tobífera Fm. (FC1750, crossed polarized 
light) with porphyroclasts of quartz and opaques with asymmetric strain fringes of quartz, and fragmented by 
domino-type structures suggesting shear sense to the northeast; E) metapsammopelite of the Zapata Fm. 
(FC1757, crossed polarized light) showing the folded relict foliation (S1*) defined by quartz with bulging and 
subgrain rotation, it is overprinted by contact metamorphism that is characterized by non-oriented white mica, 
biotite, chlorite, and plagioclase; F) zoom in the decussed biotite and white mica of sample FC1757. 
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4.2.4. Zapata Fm. 

Mylonitic metapsammopelites at Canal Gajardo (e.g. FC1754) are composed of 1-2 

mm-thick microlithons of up to 500 µm-sized microcrystalline quartz with polygonal 

contacts, and anastomosed 0.5-1 mm-thick cleavage domains of up to 100 µm-sized crystals 

of white mica, chlorite, epidote, and opaques defining the S1* foliation. This is crenulated 

into 1-to-10 mm wavelength open folds, with an axial planar S2* crenulation cleavage 

defined by opaque-rich discontinuous layers. The rocks affected by contact metamorphism 

(e.g. FC1757) show up to 100 µm-sized crystals of biotite with decussate texture, white mica, 

plagioclase, quartz, epidote, and chlorite with no preferential orientation overprinting a relict 

fabric of S1* (Fig. 5 E-F). The domains with relict S1* foliation are 0.5 mm-wide bands with 

up to 300 µm-sized preferred oriented quartz with bulging and subgrain rotation, indicating 

dynamic recrystallization, with disharmonic folds of 1 mm wavelength (Fig. 5 E). 

Metapsammopelitic rocks at the westernmost thrust sheet of Canal Gajardo are 

composed of up to 100 µm-sized quartz, white mica, opaques, and traces of chlorite and 

epidote. The preferred orientation of micas define the S1* foliation that is crenulated; opaque-

rich cleavage domains define an axial planar foliation S2*. Mylonitic metapelites (e.g. 

SHP141) show a foliation defined by cleavage domains composed of up to 500 µm-long and 

100 µm-wide aggregates of white mica, and chlorite smaller than 100 µm; and up to 100 µm-

thick microlithons of quartz, albite, and traces of epidote and actinolite smaller than 100 µm. 

 

4.2.5. Satellite plutons of the South Patagonian Batholith 

The Western Domain of the MFTB is intruded by different igneous bodies (plutons 

and dykes) of quartz-diorite (e.g. FC1759), composed of up to 1 cm-sized crystals of 

subhedral plagioclase, uralitized clinopyroxene and variably chloritized hornblende, and up to 

500 µm-sized interstitial quartz, and traces of subhedral magmatic titanite and opaques. 

Sample FC1759 was collected from an undeformed part of the pluton there the unit does not 

exhibit recrystallization textures. 

 

4.2.6. Upper Cretaceous Units of the Magallanes-Austral Basin  

 The fine-grained siltstones of Canal Bertrand Fm. are composed of mm-sized 

detrital plagioclase and quartz in a matrix of up to 100 µm-sized clay minerals, white mica, 

chlorite, and opaques, cemented by carbonate. A cleavage defined by preferred orientation of 
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chlorite, white mica, and opaque minerals is oblique to the sedimentary bedding. Rotated 

mm-to-cm-sized granite clasts in coarse-grained rocks show asymmetric strain shadows of 

micaceous and opaque minerals, indicating a sense of shear to the northeast (Table 1). 

 Clast-supported conglomerates of the Escarpada Fm. show imbricated well-

rounded up to 10 cm-sized clasts of low sphericity. The main lithotypes of the clasts are 

shales, foliated rhyolites, aphanitic and porphyritic igneous rocks, and metasedimentary 

rocks. The matrix is composed of crystals of white mica, clay minerals and carbonates 

smaller than 10 µm. The compositional diversity of clasts is akin to those lithologies 

observed in the Western Domain of the MFTB, and thus considered here as a potential 

sediment source to submarine conglomerates deposited during the Late Cretaceous phase of 

sedimentation in the Magallanes-Austral Basin (cf. McAtamney et al., 2011). Further 

provenance analysis and stratigraphic study of these units is necessary to confirm this 

correlation. 

 

4.3. Geochronology 

4.3.1. Zircon U-Pb Geochronology 

The zircon grains from the mylonitic silicic metatuff of the Eastern Tobífera Thrust 

(FC1727) predominantly show oscillatory zoning, indicating igneous crystallization, although 

many grains also have darker cathodoluminescent (CL) cores (higher U; Fig. 6 A). As the 

aim of this study was to determine the zircon crystallization age, 22 analyses were made on 

the brighter CL outer areas and whole grains, with only 4 darker CL cores analyzed (Table 2 

A; Fig. 6 A). The dominant age grouping is at ca. 160 Ma with a subordinate tail at ca. 168 

Ma and two other scattered Lower Jurassic and Upper Triassic analyses (Table 2 A; Fig. 6 

A). Importantly, the calculated radiogenic 206Pb/238U ages do not vary significantly between 

rim and core in few analyzed grains. Analysis of one diffuse core records the presence of an 

older Triassic age (Table 2 A; Fig. 6 A). In terms of the dominant age grouping for analyses 

of the oscillatory zoned zircon, a weighted mean 206Pb/238U age for 21 analyses gives 159.9 ± 

1.1 Ma (MSWD=1.4).  

For the mylonitic metapsammopelite of the Zapata Fm. (FC1754), a random sampling 

of the total zircon fraction was poured onto double sided tape and prepared for detrital zircon 

analyses. The zircons range from euhedral prisms with bipyramidal terminations to sub-

rounded/rounded grains; the CL images show a high proportion of zoned igneous internal 
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features (Fig. 6 B). Analysis of 70 grains records a wide range in detrital ages with significant 

Early Cretaceous, Permian, and Ordovician groupings (Fig. 6 B). The predominant Early 

Cretaceous grouping, comprising 28 analyses, can be arbitrarily unmixed in three groups 

(Fig. 6 C): there is a more prominent subgroup at ca. 130 Ma (n=14); a lesser sub-grouping 

around 125 Ma (n=12) and a minor cluster near 135 Ma (n=2). Minor components of 

Devonian, early Cambrian, Neoproterozoic, Mesoproterozoic and Archean ages are recorded 

in 12 analyzed grains (Table 2 B, Fig. 6 B). The scattered dates of 15 grains, ranging between 

250 Ma and 290 Ma, suggest the presence of a Permian cluster near ca. 280 Ma. There are 

minor scattered clusters at ca. 410 Ma (n=4), ca. 470 Ma (n=8), and ca. 540 Ma (n=3). 

Only five zircon grains were recovered from the heavy mineral concentrate for the 

hornblende quartz-diorite at Canal Gajardo (FC1759). All 5 grains show zoned igneous CL 

internal structures and record upper Cretaceous 206Pb/238U ages around 84-80 Ma (Fig. 6 D). 

Excluding a high U analysis with the youngest 206Pb/238U age, the weighted mean is 83.2 ± 

1.0 Ma (MSWD = 0.45; Table 2 C, Fig. 6 D). 
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Figure 6: SHRIMP zircon U-Pb results: A) Tera-Wasserburg concordia plot, age versus relative probability 
diagram, weighted mean age, and demonstrative analyzed zircon grains from mylonitic silicic metatuff of the 
Tobífera Fm. (FC1727); B) Age versus relative probability diagram, Tera-Wasserburg concordia plot, and 
representative analyzed zircon grains from the metapsammopelite of Zapata Fm. (FC1754), and C) age versus 
relative probability diagram for the Cretaceous ages; D) Tera-Wasserburg concordia plot, age versus relative 
probability diagram with weighted mean age, and analyzed zircon grains from quartz-diorite (FC1759) intruding 
thrust sheets of Canal Gajardo. 
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4.3.2. 40Ar/39Ar geochronology 

Mats of white mica from the mylonitic metapelite of the Zapata Fm. (SHP141) from 

the western Canal Gajardo (Fig. 7 A) were dated in situ using an IR laserprobe for 40Ar/39Ar 

analyses. Representative major-element compositions of the analyzed white mica crystals 

(see Table 5) indicate their phengite composition with Si a.p.f.u. (atoms per formula unit) > 

3.3, as shown in the classification diagram of Fig. 8 A, and Mg# = Mg+2/(Mg+2+Fe+2) 

between 0.7 and 0.85. In chlorite Mg# is ~0.6. 

Ten of eleven analysis spots (Table 3) on mats of ~100 µm-sized phengite yielded a 

weighted mean of 71.1 ± 1 Ma (MSWD = 5.9). The asymmetric distribution of data and 

MSWD higher than 1 (Fig 7 B) suggest more than one population within the dataset. The five 

youngest dates form a consistent group with a mean age of 70.2 ± 0.4 Ma; six dates can be 

grouped in an interval between 71 and 73 Ma, and one significantly older 75.5 ± 1.6 Ma date 

was excluded from the analysis due to its high error. 

 

 

Figure 7: A) Photomicrograph of mylonitic metapelite of Zapata Fm. (SHP141) with mats of phengite 
(crossed polarized light), and B) diagram of in-situ 40Ar/39Ar dates with errors reported at the 1 σ level, 
the light gray bar (spot 7, Table 3) is considered an outlier. 

 

4.4. P-T Constraints 

 The P-T pseudosection modelling of four samples was used to constrain the depth 

of tectonic burial and temperature during the development of mylonitic bands in the hanging 

wall of the Eastern Tobífera Thrust and in the westernmost part of the MFTB. The metatuff 

samples were chosen because they present a well-preserved mylonitic foliation defined by 

metamorphic minerals that allow to constrain the P-T conditions of dynamic recrystallization. 
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The metapsammopelite sample was chosen because it exhibits a hornfels texture defined by 

biotite, white mica, chlorite, and plagioclase, caused by contact metamorphism overprinting 

the S1* foliation with dynamic recrystallization microstructures in quartz. This sample is 

located near the quartz-diorite pluton that was dated, allowing thus the relative dating of the 

different tectonic events in the Western Domain of the MFTB. To construct the P-T 

pseudosections we used the bulk-rock major-element composition (Table 4) and the mineral 

chemistry (Table 5) of these samples. 

 

4.4.1. Petrography and mineral composition 

Representative chemical compositions of white mica, chlorite, feldspar, biotite, and 

epidote of the analyzed samples are presented in Table 5. Classification diagrams for white 

mica (Ernst, 1963), chlorite (Foster, 1962) and feldspar (Deer et al., 1963) are shown in 

Figure 8 A-C, respectively. To characterize feldspar, we used the molar fraction XNa = 

Na+/(Na++Ca+2+K+). Epidote is characterized by the Fe+3/(Al+Fe+3) ratio = XFe3+. 

Approximated modal compositions of analyzed samples are listed in Table 6 with the 

calculated compositions obtained from the P-T pseudosection modelling. 

The silicic metatuff of the Tobífera Fm. at Canal Gajardo (FC1749) consists of quartz 

(~55%; including 15% of porphyroclasts), plagioclase (~25%; including 5% of 

porphyroclasts), white mica (15%), chlorite (5%) and traces of opaques. The Si and Al 

contents of phengitic white mica vary between 3.20 and 3.60 a.p.f.u. and 2.05 and 2.30 

a.p.f.u., respectively (Fig. 8 A). The 5 µm-sized laths of chlorite (mostly absent in the mineral 

assemblage) have Si content of 3.13 a.p.f.u. and XMg of 0.8, and can be classified as diabanite 

(Fig. 8 B). Plagioclase porphyroclasts and interstitial grains of fine-grained dynamically 

recrystallized matrix are albite in composition (XNa of 0.95- 0.99; Fig. 8 C). 

The mylonitic metapsammopelite of the Zapata Fm. at Canal Gajardo (FC1757) is 

composed by quartz (55%), plagioclase (25%), white mica (10%), biotite (5%), chlorite (4%), 

epidote (1%) and traces of opaques. Biotite is characterized by Mg# varying between 0.41 

and 0.44. White mica shows Si and Al contents ranging between 3.12 and 3.30 a.p.f.u. and 

2.15 and 2.60 a.p.f.u., respectively (Fig. 8 A). Chlorite is classified as ripidiolite with XMg of 

~0.50 and Si contents around 2.78 a.p.f.u. (Fig. 8 B). Plagioclase is oligoclase with XNa 

varying between 0.69 and 0.73 (Fig. 8 C). 

The mylonitic silicic metatuff at Canal Jerónimo (FC1723) is composed of quartz 

(~55%; including 5% of porphyroclasts), white mica (30%), chlorite (10%), plagioclase 
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(4%), epidote (1%) and traces of opaques. The phengitic composition of white mica is 

characterized by Si and Al contents varying between 3.10 and 3.30 a.p.f.u. and 2.35 and 2.60 

a.p.f.u., respectively (Fig. 8 A). Two main groups of chlorite compositions were identified 

and correspond to clinochlore (Si = ~2.9 a.p.f.u.; XMg = ~0.8) and ripidiolite (Si = ~2.6 

a.p.f.u.; XMg = ~ 0.4) (Fig. 8 B). Few grains show high XMg (~0.8) and higher Si content 

(>3.1 a.p.f.u.) (Fig. 8 B). Albite composition (XNa of 0.95- 0.99; Fig. 8 C) was determined in 

porphyroclasts and within the quartz-rich recrystallized matrix. Epidote is classified as 

clinozoisite (sensu Seki, 1959), with XFe3+ = 0.10-0.12. 

The mylonitic silicic metatuff at Estero Wickham (FC1727) consists of quartz (~50%; 

including 5% of porphyroclasts), plagioclase (25%), K-feldspar (5%), white mica (15%), 

chlorite (5%) and traces of opaques. The white mica is phengite, with Si and Al contents 

varying between 3.30 and 3.45 a.p.f.u. and 1.9 and 2.1 a.p.f.u., respectively (Fig. 8 A). 

Chlorite is classified as ripidolite with XMg between 0.40-0.44 and low Si contents (~2.8 

a.p.f.u.; Fig. 8 B). Plagioclase is albite in composition (Fig. 8 C). 
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Figure 8: Diagrams of mineral chemical 
classification based on major element 
composition of white mica, chlorite, and 
feldspar, measured with the EPMA in 
samples FC1723. FC1727. FC1749 and 
SHP141: A) White mica solid solutions 
celadonite-phengite-muscovite based on Si 
(a.p.f.u.) versus Al (a.p.f.u.) (Ernst. 1963); B) 
chlorite compositions based on the ratio XFe 
versus Si (a.p.f.u.) (Foster. 1962); C) feldspar 
triangular diagram based on the alkali ratio XNa 
with Anorthite – Albite – Orthoclase end 
members (Deer et al., 1963).  

 

 

4.4.2. P-T Pseudosection Modelling  

In the four selected samples the thermodynamic modelling was achieved in the 

TiMNCKMFASHO (TiO2–MnO–Na2O–CaO–K2O–FeO–MgO–Al2O3–SiO2–H2O–O2) 

system, within the range of pressures between 2 and 7 kbar and temperatures between 150 
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and 550°C. Bulk-rock compositions are presented in Tables 4 A (raw data) and 4 B (with 

corrections and normalization). The O2 content is related to 10% of the iron to be trivalent 

suggested by the presence of magnetite in the rock. CaO was corrected due to presence of 

apatite. The percentage of oxides was normalized to 100% (Table 4 B). The H2O content of 

each sample was based on the loss on ignition from the XRF analysis, with a maximum 4 

wt% to guarantee a free hydrous fluid phase in the P-T pseudosection. 

For the mylonitic silicic metatuff at Canal Gajardo (FC1749) the isopleths for Si = 

3.36 a.p.f.u. in white mica (average value) and #Mg = 0.75 in chlorite (average value) 

intersect at ~3-4 kbar and ~210-250°C (Fig. 9 A). This is consistent with XNa > 0.95 in 

plagioclase, predicted to be stable at temperature above 190ºC. At 3.5 kbar and 230°C the 

calculated volume percent of the mineral assemblage is quartz (46%), plagioclase (27%), 

white mica (16%), chlorite (3%), stilpnomelane (1%), clinopyroxene (0.2%), titanite (0.1%), 

plus water (6.7%). No rutile was detected under the microscope, but a good correspondence 

exists for major phases. Stilpnomelane and clinopyroxene were also not identified under the 

microscope; these minerals may have been decomposed by weathering, but other reasons for 

the presence of these phases in the calculation result such as imperfect solid-solution models 

are possible as well. 

In the P-T pseudosection for the metapsammopelite with textures of contact 

metamorphism belonging to the Zapata Fm. at Canal Gajardo (FC1757) the intersection of 

the isopleths for Si = 3.18 a.p.f.u. in phengitic white mica (average value), the XNa of 0.70 in 

plagioclase (average value), and Mg# of 0.44 in biotite (average = 0.42) match at ~5-6 kbar 

and 430-460°C (Fig. 9 B). At 5.5 kbar and 440°C the calculated volume percent of the 

mineral assemblage is quartz (55%), feldspar (19.5%), white mica (7%), biotite (2%), chlorite 

(3%), epidote (5%), and titanite (0.5%) plus water (8%). The isopleths of Mg# in chlorite 

(average = 0.48) do not intersect this field, probably because chlorite is not in equilibrium 

with biotite, phengite and plagioclase. According to the diagram, chlorite with of Mg# = 0.48 

occur between temperatures of 230-250°C and may be result of retrograde metamorphism. 

Magnetite may be present as opaque mineral. 
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Figure 9: Calculated P-T pseudosections and selected isopleths for the analyzed samples with ellipses 
indicating the estimated P-T field of regional metamorphism: A) mylonitic silicic metatuff (FC1749,Tobífera 
Fm.) - P-T at ~3-4 kbar and ~210-250 °C; B) metapsammopelite (FC1757, Zapata Fm.) - P-T at ~5-6 kbar and 
~430-460 °C, the maximum T may be related with contact metamorphism; .C) mylonitic silicic metatuff 
(FC1723, Tobífera Fm.) - P-T at ~5.3-6.3 kbar and ~420-460 °C; D) mylonitic silicic metatuff (FC1727, 
Tobífera Fm.) - P-T at ~3-4 kbar and ~300-340 °C. Mineral abbreviations: Wm - white mica; Chl - chlorite; Kf - 
alkali feldspar; Pl - plagioclase; Cp - clinopyroxene; Ep - epidote; St - stilpnomelane; Bt - biotite; Tt - titanite; 
Gt - garnet; Q - quartz; Act - actinolite; Lw - lawsonite; Stb - stilbite; Anl - analcite; Ilm - ilmenite; Fc - 
carpholite; Mt - magnetite; Hm - hematite; Lmt - laumontite; Zo - zoisite; Ru - rutile; And - andalusite; An - 
annite; Ka - kaolinite; Pu - pumpellyite; Pr - prehnite; Pnt - pyrophanite; Pxm - pyroxmangite; W - water. 
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In the P-T pseudosection for mylonitic silicic metatuff at Canal Jerónimo (FC1723) 

the intersection of the isopleths for Si = 3.21 a.p.f.u. in phengite (average value), XNa = 0.99 

in plagioclase (average value), Mg# = 0.82 in chlorite (clinochlore, average value) match at 

~5.3-6.3 kbar and 420-460°C (Fig. 9 C). At 6 kbar and 450°C the calculated mineral 

assemblage is: quartz (55%), white mica (31%), chlorite (10%), plagioclase (0.5%), 

clinopyroxene (0.5%), plus water (3%). The disappearance of trace amounts of predicted 

clinopyroxene could be related to thermal increase accompanied by rising albite and epidote 

modal contents. However, an imperfect thermodynamic solid-solution model for Na-bearing 

clinopyroxene or other factors (e.g., selected O2 content) could also account for the 

appearance of low amounts of clinopyroxene in the calculation results. 

In the P-T pseudosection calculated for mylonitic silicic metatuff FC1727 the 

intersections of the isopleths for Si = 3.36-3.45 a.p.f.u. in phengite (average = 3.38), and Mg# 

between 0.40 and 0.42 in chlorite (average = 0.40) occur in the range 3-4 kbar at 300-340°C 

(Fig. 9 D). In consideration of plagioclase being almost pure albite, these conditions probably 

refer to the metamorphic peak. The calculated mineral assemblage at 3.8 kbar and 330°C is 

quartz (42%), plagioclase (30%), alkali feldspar (7%), white mica (13%), chlorite (2%), 

clinopyroxene (0.4%), titanite (0.2%), plus water (5.4%). Clinopyroxene and titanite were not 

identified in the petrographic thin section, maybe due to weathering. A good correspondence 

exists for major phases. 

 

5. Discussion 

5.1. Episodic magmatism and paleogeography of the Rocas Verdes Basin 

The timing of magmatism during the Late Jurassic evolution of the RVB sheds 

important light on along-strike development of the extensional marginal basin during its ca. 

40-50 myr history in southern South America. Our new ca. 160 Ma U-Pb zircon age from the 

silicic metatuff at Estero Wickham (FC1727 of the Tobífera Fm., Fig. 2 and 6 A) constrains 

the maximum depositional age of precursor silicic tuffs of the Tobífera Fm. It brings the age 

of Tobífera explosive silicic volcanism to the early Late Jurassic (Oxfordian) at this latitude 

of the orogenic system (~53°30’S). At this time, the Patagonian continental block (linked to 

South America) must have had continental connection with the Kalahari Craton to the 

northeast and the East Antarctic Craton to the southwest (Fig. 10 A, Dalziel et al., 2013). 
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Three older zircons of ca. 168 Ma and one of ca. 185 Ma (Fig. 6 A) likely reflect xenocrystic 

inheritance or reworking of zircons from different Jurassic volcano-sedimentary sources. The 

Upper Triassic date in the diffuse core of one zircon was either incorporated into the original 

rhyolitic magma by upper crustal assimilation processes, or included into the pyroclastic 

and/or volcanoclastic deposits, during erosion of pre-Jurassic basement complexes. 

Near Canal Jerónimo (~53°S) the ca. 157 Ma crystallization age of gabbros belonging 

to the South Patagonian Batholith (Hervé et al., 2007a) – at that time representing the 

parautochthonous magmatic arc to the west of the RVB (Fig. 10 A) – suggest coeval bimodal 

magmatism between 160-155 Ma. Clearly younger silicic magmatism is reported in northern 

areas (~49°-52°S), with Tithonian-Berriasian U-Pb zircon ages from metatuffs and 

hypabyssal rhyolitic rocks of the Tobífera Fm. ranging between ca. 154 and 140 Ma 

(Pankhurst et al., 2000; Calderón et al., 2007; Malkowski et al., 2015a; Zerfass et al., 2017), 

and ca. 150 Ma bimodal igneous suites of the Sarmiento Ophiolitic Complex (~51°30’S; 

Calderón et al., 2007). In extra-Andean Patagonia, silicic volcanic and volcaniclastic rocks 

buried beneath the sedimentary in-fill of the Magallanes-Austral basin (~53°S) have been 

dated at ca. 176 Ma (Pankhurst et al., 2000). Farther south, coeval and slightly older 

metatuffs at Cordillera Darwin (~55°S, Fuegian Andes) range in age between ca. 168 and ca. 

162 Ma (Hervé et al., 2010b; Klepeis et al., 2010).  

In this context, our ca. 160 Ma age reveals older rift-related volcanic events to the 

south of the RVB, and an episodic character of silicic volcanism during continental rifting. 

This finding may indicate that silicic magmatism and basin accommodation for deposition of 

volcanic rocks was controlled by the pre-Jurassic lithosphere-scale structures within the 

continental basement. Furthermore, our chronological data agree with northward younging 

ages that support the south to north unzipping mode of the opening of the RVB (cf. Stern and 

De Wit, 2003; Malkowski et al., 2015a), at least for the Patagonian sector of the 

southernmost Andes. However, ages of mafic magmatism in the southernmost ophiolitic 

complexes located in Larsen Harbor (South Georgia Island), constrained by U-Pb zircon in 

plagiogranites, yielded crystallization ages of ca. 150 Ma (Mukasa and Dalziel, 1996), similar 

to the northern Sarmiento Ophiolitic Complex (Calderón et al., 2007). The progressive 

widening of the RVB and development of mid-ocean-ridge type spreading centers was 

established in Tierra de Fuego even later, with the emplacement of the Tortuga Ophiolitic 

Complex between 130-120 Ma (Calderón et al., 2013). Therefore, the silicic magmatism 

within the RVB seems to have been episodic during the rift-related opening of the RVB 

controlled by inherited basement structures, and subsequent seafloor spreading in mid-ocean-
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ridge type centers to the south-west (Fig. 10 A). The opening of the RVB is partially coeval 

with the opening of the Weddell Sea and the massive extension between South America and 

Africa that starts at ca. 130 Ma (Dalziel et al., 2013, Poblete et al., 2016).  

The youngest cluster of detrital zircon dates of the metapsammopelite at Canal 

Gajardo (FC1754; Zapata Fm.) indicates a maximum depositional age of ca. 125 Ma at these 

latitudes (~52°30’-53°S). This age is coherent with the Barremian-Albian (ca. 130-100 Ma) 

age interval of the sandy upper sections of the Zapata/Erezcano and Beauvoir/Yaghan 

formations (Fildani et al., 2003; Calderón et al., 2007; Fosdick et al., 2011; Barbeau Jr. et al., 

2009; Klepeis et al., 2010; Hervé et al., 2010b; Malkowski et al., 2015b), in southern 

Patagonia and Tierra del Fuego, respectively. The dominant detrital zircon age clusters (ca. 

130 ± 1 Ma and 124 ± 1 Ma) suggest their derivation from volcanic and plutonic rocks from 

the westernmost magmatic arc now exposed in the South Patagonian Batholith (Hervé et al., 

2007a). The secondary Paleozoic and subordinate older zircon populations indicate recycling 

of the pre-Jurassic basement complexes, with similar pre-Jurassic detrital zircon age 

distribution to those of metamorphic complexes in southern Patagonia (Hervé et al., 2003, 

2008). This correlation accounts for incipient exhumation of the basement complexes during 

continental lithospheric stretching (Fig. 10 A), which may have shed sediments to the 

depocenters of the RVB (Fildani et al., 2003; Calderón et al., 2007). 

 

5.2. Mylonites from the Western Domain of the MFTB and the Eastern Tobífera 

Thrust: underthrusting of the RVB and craton-ward transfer of shortening 

Retro-arc deformation across the MFTB is linked to closure and inversion of the RVB 

that transferred shortening from southwest to northeast, leading to orogenic widening and 

consolidation. However, few through-going tectonic structures associated with RVB closure 

have been correlated along this orogenic belt. The mylonitic rocks from the Tobífera and 

Zapata formations located in the hanging wall of the Eastern Tobífera Thrust (~52°-54°S; 

Figs. 2, and 3 A2 and B2) and from the Canal de las Montañas Shear Zone (~51°-52°S; 

Calderón et al., 2012, Fig. 1) share craton-ward sense of shearing, low-grade metamorphic 

conditions, and a Late Cretaceous age. Taken together, we thus interpret these shear zones as 

a single continuous structure that extends from 51°S to 54°S within Tobífera and Zapata 

lithotypes, formed during the tectonic burial of the RVB successions. The Canal de las 

Montañas Shear Zone represents the sole thrust of the tectonic emplacement of the Sarmiento 

Ophiolitic Complex over the continental margin (Calderón et al., 2012). Here, we suggest that 
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the mylonitic zones on top of the Eastern Tobífera Thrust also have a relevant role in the 

progressive underthrusting of oceanic and continental crust of the RVB (Fig. 10 B).  

A partitioned deformation is observed in the mylonites of the Western Domain, where 

more competent quartz-feldspathic metatuffs experienced brittle-ductile deformation whereas 

less competent mica-rich metapelites and metapsammopelites exhibit dominant ductile 

features (sensu Hirth and Tullis, 1994). The coexistence of brittle and ductile structures 

suggest deformation at intermediate depths (~10 – 20 km depth, according to Stipp et al., 

2002; Fossen and Cavalcante, 2017). The pervasive S1* foliation in these lithotypes is 

seemingly related to northeast-vergent simple shearing dominated by pressure-solution 

processes. 

The westward increase in the magnitude of ductile deformation across the strike of the 

Western Domain of the MFTB is interpreted from mesoscopic and microscopic observations 

at Canal Gajardo, regardless of the lithology. At the innermost part of the Western Domain 

tight folding of the S1* foliation occurred, and transposition zones developed through the 

axial planar S2* foliation. The S1* and S2* foliations are sub-parallel to thrusts that mark the 

contacts between thrust sheets of Zapata and Tobífera formations, mafic ophiolitic bodies, 

and the pre-Jurassic basement complexes (Figs. 2 and 3 A1). Enhanced ductile deformation 

can be due to a release of fluids from dehydrated protoliths (metasedimentary and 

metavolcanic rocks) through deep shear zones, which may form an underthrusting interface 

(Tullis et al., 1982, 1996; van Staal et al., 2001; Massonne and Willner, 2008; Roche et al., 

2018). In addition, magmatic hydrothermal fluids and increasing temperature may be due to 

the emplacement of satellite plutons of the South Patagonian Batholith. Thus, the 

development of S1* and S2* must have occurred in deep shear zones with hot fluid circulation 

within the RVB succession being underthrusted westwards beneath the parautochthonous 

magmatic arc (Fig. 10 B).  

A critical wedge geometry is proposed from mechanical models of fold-and-thrust 

belts (Davis et al., 1983; Dahlen, 1990) and previous hypotheses regarding the RVB closure 

(Nelson et al., 1980; Gealey et al., 1980; Kohn et al., 1995; Harambour, 2002; Hervé et al., 

2007b; Calderón et al., 2009, 2012; Klepeis et al., 2010). In pre-Jurassic metasedimentary 

rocks the S2 foliation is subparallel to the RVB S1* foliation. The time of formation of the S2 

foliation in the pre-Jurassic basement is not clear, but the correlation with the ductile 

structures of the RVB suggest a common Andean deformational event, in which the pre-

Jurassic basement was underthrusted together with the RVB successions. 
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The Eastern Tobífera Thrust delimitates the mylonitic zones of the Western Domain 

of the MFTB in the east, emplacing brittle-ductile sheared rocks from the RVB over the 

Zapata rocks that show no ductile deformation nor metamorphism (Figs. 2 and 3). The uplift 

of deep ductile structures of the MFTB is ascribed to out-of-sequence craton-vergent 

thrusting and trench-vergent backthrusting from the end of Late Cretaceous to the early 

Oligocene (Nelson et al., 1980; Kohn et al., 1995; Harambour, 2002; Kraemer, 2003; Hervé 

et al., 2007b; Calderón et al., 2009, 2012; Klepeis et al., 2010; Maloney et al., 2011; Fosdick 

et al., 2011; Betka et al., 2015). The origin of the Eastern Tobífera Thrust may be associated 

with this protracted deformational event of uplift of the MFTB, and represents an important 

surface of juxtaposition of the deeply deformed successions with shallowly deformed 

successions (Fig. 10 C). Cross-cutting structures between the first-generation structures, 

resulting from the phase of deep underthrusting of the RVB, and the second-generation 

structures, resulting from the uplift of the MFTB are locally found (Betka et al., 2015). 

Inherited structures from the rift phase in the basement are reactivated during thrusting and 

backthrusting (Fig. 10 C), allowing the transfer of deformation to the east onto the Upper 

Cretaceous foreland basin (Nelson et al., 1980; Harambour, 2002; Rapalini et al., 2008; 

Fosdick et al., 2011; Betka et al., 2015). The reactivation of inherited faults in the basement 

and imbrication of the basement slices in the Western Domain of the MFTB resulted in a 

thick-skinned deformation superimposed to an early thin-skinned deformation (sensu 

Lacombe and Bellasen, 2016). 
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Figure 10: Schematic SW-NE geologic cross sections summarizing the proposed tectonic evolution of the 
RVB and the Patagonian orogenic belt between the latitudes 52 to 54°S. Respective paleogeographic 
reconstructions adapted from Dalziel et al. (2013) and Poblete et al. (2016) are shown on the right hand side 
with the approximated location of cross-sections indicated by a black bold line. Abbreviations: AP – Antarctic 
Peninsula, MAB – Magallanes-Austral Basin, M/FI – Malvinas/Falkland Islands, SG: South Georgia Island, SO: 
South Orkney Island, Pt – Patagonia, RVB – Rocas Verdes Basin. A) Late Jurassic to Early Cretaceous phases 
of opening of RVB due to rifting and coeval silicic volcanism of the Tobífera Fm.; seafloor spreading of the 
Rocas Verdes oceanic lithosphere; and the hemipelagic and siliciclastic sedimentation of the Zapata Fm. from 
sources including the incipient South Patagonian Batholith, pre-Jurassic basement horsts, and Tobífera 
topographic highs. The dashed line in the paleogeographic reconstruction is the approximated continental 
boundary between South America and Africa before the opening of the Atlantic Ocean, which starts at ca. 130 
as well as the Weddel Sea opening. B) Late Cretaceous pre-Campanian underthrusting of the oceanic and 
continental lithosphere of the RVB beneath the parautochthonous magmatic arc. During this time, a northeast 
verging underthrusted crustal stack developed, reaching ~23 km depth (as recorded by samples that underwent 
greenschist-facies metamorphism). Offscraping of ophiolitic slices occurred along shear zones with fluids from 
dehydrated buried rocks. The development of S1* foliation formed due to shearing in ductile shear zones and its 
crenulation within inner zones of the belt generated transposition by the S2* foliation. In the paleogeographic 
reconstruction the yellow area represents the sediments of the Magallanes-Austral Basin, the Weddell Sea is in a 
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relatively quiet period, and the Antarctic Peninsula and the South Georgia Island are separated from the South 
American continent. C) Campanian to early Oligocene phase of uplift and exhumation of the underthrusted 
crustal stack by of out-of-sequence thrusting and backthrusting within the RVB successions, the location of the 
Eastern Tobífera Thrust is approximated. Inversion of inherited normal faults account for imbrications with the 
pre-Jurassic basement and resulted in a thick-skinned arrangement of the Western Domain of the MFTB, which 
transferred deformation to the Upper Cretaceous units of the Magallanes-Austral Basin. 

 
5.3. Timing and thermobarometric conditions during the closure of the Rocas 

Verdes Basin 

The development of brittle-ductile and ductile mylonitic fabrics in tectonically buried 

supracrustal rocks is controlled by the local geothermal gradient, plate boundary conditions, 

and the lithology of buried rocks (Ernst, 1971, 1972; Miyashiro, 1973; Tullis et al., 1982; 

Maruyama et al., 1996; Hirth and Tullis, 1994; Stipp et al., 2002; Wakabayashi and Dilek, 

2003; Massonne and Willner, 2008; Fossen and Cavalcante, 2017). The mylonitic metatuffs 

of the Western Domain present a phengite+chlorite+quartz+albite metamorphic assemblage 

forming the S1* foliation, typical of low-temperature metamorphic belts (McNamara, 1965; 

Vidal and Parra, 2000; Massonne and Willner, 2008; Bucher and Grapes, 2011). 

Pseudosection modelling shows that the metatuff at Canal Gajardo (FC1749) experienced 

prehnite-pumpellyite-facies metamorphism (~3-4 kbar and 210-250ºC), whereas the metatuff 

at Estero Wickham (FC1727) was metamorphosed at greenschist-facies conditions (~3-4 kbar 

and 300-340°C). Higher P-T conditions of greenschist-facies metamorphism (~ 5.3-6.3 kbar 

and 420-460°C) compared with the other analyzed metatuffs were estimated for the metatuff 

at Canal Jeronimo (FC1723). These P-T conditions are similar to those derived for the 

metapsammopelite at Canal Gajardo (FC1757, ~5-6 kbar and 430-460°C) based on the 

compositions of non-oriented biotite, muscovite, and plagioclase that overprinted oriented 

and folded bands of dynamically recrystallized quartz. From this textural feature, we interpret 

the estimated P-T conditions as recording local contact metamorphism in the 

metapsammopelite. The similarity between the P-T conditions estimated for samples FC1723 

and FC1757 could mean that the metatuff of Canal Jeronimo was slightly affected by contact 

metamorphism as well, explaining the occurrence of randomly oriented epidote in the 

metatuff. Although contact metamorphism may have affected these rocks locally, systematic 

pressure increases with temperature suggest a geotherm of regional metamorphism through 

about 3.5 kbar and 280°C, and 5.5 kbar and 430°C. 

P-T constraints broadly agree with those derived for rocks in the Canal de las 

Montañas Shear Zone (~ 250-400°C, 6-7 kbar; Hervé et al., 2007b; Calderón et al., 2012). 

Thus we associate these and the studied rocks with a ~ 400 km long mylonitic and 
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metamorphic belt of the Patagonian sector of the MFTB. Assuming intermediate geothermal 

gradients (~20°C/km; Miyashiro, 1973; Maruyama et al., 1996; Zheng et al., 2016) these 

rocks reached crustal depths between 10-23 km (Fig. 10 B). The dehydration of volcanic and 

sedimentary successions at depths of ~20 km would have released fluids that circulated along 

major thrusts, thereby favoring the offscraping and imbrication of ophiolitic tectonic slices in 

the underthrusted crustal stack (Massonne and Willner, 2008). These units crop out at Canal 

Gajardo (Figs. 1 and 2 A). 

The metapsammopelite belonging to the Zapata Fm. at Canal Gajardo is located near 

the ca. 83 Ma quartz diorite pluton (FC1754), which is hypothesized here as the source of 

local thermal perturbation. With this interpretation on the timing of the thermal perturbation, 

combined with the fact that both the dated quartz diorite and the metamorphic minerals in the 

metapsammopelite are undeformed, we use this age constraint as the minimum age of 

dynamic recrystallization of the foliated bands (at least S1*) at Canal Gajardo. Similarly, 

Santonian-Campanian crystallization ages of satellite plutons emplaced in the Western 

Domain of the MFTB to the north of the study area (ca. 85-80 Ma between 51-52°S) and in 

the Fuegian Andes (ca. 86 Ma between 54-55°S), were interpreted as the minimum age of 

RVB underthrusting (Klepeis et al., 2010; Calderón et al. 2012). However, some of the Late 

Cretaceous satellite plutons near the study region show anisotropic fabrics near pluton 

margins, indicating that crustal deformation proceeded during the magmatic arc construction 

(Hervé et al., 2007a; Klepeis et al., 2010; Fosdick et al., 2011; Betka et al., 2015). Deep shear 

zones may control the ascent of the back-arc plutons especially during the extensional phases 

after orogenic thickening (Laurent et al., 2015). In this context, the analyzed quartz-diorite 

was likely emplaced after (or possible during the later stages of) the phase of underthrusting 

of the RVB units (that generated the S1* foliation). The absence of deformational fabrics 

observed within the quartz diorite sample suggests that deformation migrated to shallower 

crustal levels some time before 83 Ma, and/or that the deformed parts of the intrusion and 

imbricated units of RVB were eroded or obscured by cover. Finally, we note that the ca. 83 

Ma age is coeval with a pronounced zircon U-Pb age peak (ca. 80-66) present in detrital 

zircon age spectra from the Cenozoic Magallanes-Austral Basin successions (Fosdick et al., 

2020), thereby providing additional indirect evidence for this phase of Late Cretaceous arc 

magmatism. 

The syntectonic phengite of a mylonitic metapelite from the western part of Canal 

Gajardo yields a cluster of 40Ar/39Ar dates at ca. 70 Ma, with an older single-grain ages as old 

as ca. 73 Ma. We note that the grain size of phengite (up to 100 µm) is too small for any 
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chemical zoning of micas relating to different episodes of crystallization to be recognized. 

Additionally, this age variability also may have been caused by a combination of analytical 

uncertainty, deformation, grain boundary effects and geological variability in the micas. The 

mineral assemblage in the sample is phengite+chlorite+zoisite+albite, which is consistent 

with greenschist-facies conditions of regional metamorphism, in accordance with P-T 

constraints from mylonitic rocks of the Western Domain (of ~3-6 kbar and ~210-460 °C). 

Under the assumption that Ar mobility is mainly linked to thermally controlled volume 

diffusion, the retention of radiogenic Ar depends on the crystal size and temperature of 

metamorphism (Warren et al., 2012). In 100 µm grains, the retention of radiogenic Ar at 

temperatures < 350°C (the average estimated regional temperature) over 2 mya is between 

90-95%. However, at ~460 °C (the maximum regional temperature), Ar retention would 

decrease to ~35% over the same time interval (Warren et al., 2012). A possible reheating 

event may therefore have caused partial resetting of the deformational age. However, the 

recorded age is considerably younger than the nearby intrusion (ca. 83 Ma), what also 

reinforces the fact that the analysed quartz-diorite sample is from the inner undeformed part 

of the pluton and that its external parts could be deformed.  

Our preferred interpretation is that the 70 Ma phengite age records the timing of 

syntectonic mineral growth during deformation. This interpretation is consistent with 

Coniacian-Maastrichtian 40Ar/39Ar dates in metamorphic minerals and U-Pb dates in 

monazite recorded in the Cordillera Darwin Metamorphic Complex, which have been 

interpreted as recording the timing of deformation (Kohn et al., 1995; Maloney et al., 2011). 

Ductile thrusting in this complex operated at deep structural levels (~35 km) between 90-70 

Ma, while backthrusting was concentrated in the shallow structural levels during the same 

interval (Kohn et al., 1995; Klepeis et al., 2010; Maloney et al., 2011). We thus interpret the 

ca. 73-70 Ma 40Ar/39Ar dates as recording the timing of deformation during the protracted 

exhumation history of mylonite belts in both the southern Patagonian and Fuegian Andes, but 

without further data the meaning of the dates older than 71 Ma cannot be tested. Campanian-

Maastrichtian dynamic recrystallization in shallow crustal depths is consistent with the phase 

of out-of-sequence thrusting and backthrusting occurring until the early Oligocene (Kohn et 

al., 1995; Kraemer, 2003; Klepeis et al., 2010; Maloney et al., 2011; Fosdick et al., 2011; 

Betka et al., 2015), associated with the formation of the Eastern Tobífera Thrust. This 

episode is related to the uplift and extrusion of the underthrusted crustal stack in the Western 

Domain of the MFTB (Fig. 10 C). In the paleogeographic context, the Weddell Sea was in a 

relatively quiet tectonic period until 60 Ma, the Antarctic Peninsula was separated from South 
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America and the ophiolite-bearing South Georgia Island was displaced to the east of the 

Fuegian Andes (Fig. 10 B-C; Gee and Kent, 2007; Dalziel et al., 2013; Poblete et al., 2016). 

Finally, the phases of deformation and metamorphism that occurred between the 

Santonian and Maastrichtian reflects different magnitudes of hinterland exhumation between 

the southern Patagonian and Fuegian Andes. Along-strike of the southern Patagonian Andes 

(51°-54°S), linking our study region with the Canal de las Montañas Shear Zone, the 

exhumation of low-grade metamorphic rocks, dynamically recrystallized at crustal depths 

ranging between ~10 and 23 km, begins between ca. 83-70 Ma. Contrastingly, in the Fuegian 

Andes (54°-56° S) the metasedimentary rocks of the Cordillera Darwin Metamorphic 

Complex – a unique culmination of Paleozoic to Lower Cretaceous sedimentary successions 

metamorphosed at upper amphibolite facies during the Cretaceous – indicate exhumation of 

deeply buried rocks formed at ~35 km depth before ca. 73 Ma (Kohn et al., 1993, 1995; 

Klepeis et al., 2010; Maloney et al., 2011). Thus, the thermobarometric constraints show that 

the tectonic underthrusting of the RVB successions before the Campanian due to arc-

continent collision involved deep shear zones, which were uplifted during the Late 

Cretaceous and Paleogene with a higher magnitude in the Fuegian Andes. 

 

6. Conclusions 

New field data, microstructural analysis, thermobarometry, U-Pb and 40Ar/39Ar 

geochronology from the southern Patagonian Andes provide kinematic, P-T, and time 

constraints on the opening and closure of the RVB. Zircon U-Pb ages constrain the maximum 

depositional ages of episodic silicic volcanism at ca. 160 Ma, and the hemipelagic 

sedimentation to ca. 125 Ma. The geographical distribution of silicic volcanic rocks in sub-

basins, controlled by the geometry of pre-Jurassic rifting structures within the continental 

basement, was followed by mafic magmatism in mid-ocean ridge-type spreading centers 

located to the west and southwest of the paleo-continental margin. New microstructural data 

and P-T metamorphic constraints of 3-6 kbar and ca. 210-460°C in mylonitic silicic volcanic 

and metapsammopelitic rocks of RVB are compatible with tectonic underthrusting of the 

RVB’s oceanic and continental crust in a deep crustal stack. West- and southwest-ward shear 

zones recorded in at least one brittle-ductile foliation (S1*) in the Western Domain of the 

MFTB suggests tectonic accretion during the RVB closure, indicating tectonic burial to 10-23 

km depths beneath the edge of the parautochthonous magmatic arc. The mylonitic and 

metamorphic belt extending from the Canal de las Montañas Shear Zone to the study area 
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(~50-54ºS) constitute a ~400 km long lithospheric-scale structure that accommodated east- 

and northeast-verging shearing beneath the underthrusted crustal stack. Deformation migrated 

from this structure to shallow crustal levels prior to ca. 83 Ma, when Campanian satellite 

intrusions of quartz diorite caused contact metamorphism in the foliated metavolcano-

sedimentary rocks. Finally, the ca. 70-73 Ma 40Ar/39Ar syntectonic phengite ages suggest a 

phase of Campaninan-Maastrichtian out-of-sequence thrusting and backthrusting, 

culminating with uplift and exhumation of the Western Domain of the MFTB. 
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TABLES: 

Table 1: List of in situ oriented samples showing the attitude of foliation corresponding to S1* in RVB units, the thin section orientation, and the respective shear 

sense interpreted from asymmetric microtectonic and/or mesoscale structures. The attitudes are dip direction/dip angle. 
 

Locality Coordinates Unit Lithology Sample  S0 

 

S1* 

 

Thin section 

 

Plane Shear 

sense 

Canal Jerónimo S53° 22.038' 

W72° 25.660' 

pre-Jurassic basement Metapelitic 

schist 

FC1721   235 32 199 55 xz NE 

Isla Santa Cruz 

(Canal Jerónimo) 

S53° 12.592' 

W72° 28.992' 

Tobífera Fm. Mylonitic 

metatuff 

FC1723   265 85 309 31 yz NE-sinistral 

Estero Wickham S53° 25.090' 

W72° 09.259' 

Tobífera Fm. Mylonitic 

metatuff 

FC1727   230 25 89 90 xz NE 

Estero Wickham S53° 23.663' 

W72° 07.333' 

Tobífera Fm. Metapsammite FC1729   175 28 119 60 xz NE 

Estero Wickham S53° 18.979' 

W72° 06.379' 

Latorre Fm. Slate FC1731 170 9 10 22 189 75 xz NE 

Canal Gajardo 

 

S52° 43.218' 

W72° 43.841' 

Tobífera Fm. Mylonitic metatuff FC1749   230 25 296 80 xz NE 

Canal Gajardo 

 

S52° 45.421' 

W72° 46.252' 

pre-Jurassic basement Metapsammopelitic 

schist 

FC1753   230 49 158 90 xz N 

Canal Gajardo 

 

S52° 51.004' 

W72° 58.737' 

Sarmiento Ophiolite Foliated 

metabasalt 

FC1763   225 20 349 85 yz N 

Canal Gajardo 

 

S52° 51.004' 

W72° 58.737' 

Sarmiento Ophiolite Foliated 

metabasalt 

FC1765   25 45 159 80 yz NE 
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Table 2 A: SHRIMP U-Pb results for zircon crystals within the silicic metatuff of the Tobífera Fm. (FC1727) at Estero Wickham. 

        Total   Radiogenic   Age (Ma) 

Grain. U Th Th/U 206Pb* 204Pb/ f206 238U/  207Pb/  206Pb/  206Pb/  

spot (ppm) (ppm)  (ppm) 206Pb % 206Pb ± 206Pb ± 238U ± 238U ± 

1.1 411 249 0.61 8.9 0.000336 0.14 39.80 0.48 0.0504 0.0011 0.0251 0.0003 159.8 1.9 

2.1 299 133 0.45 6.5 - 0.35 39.55 0.49 0.0520 0.0012 0.0252 0.0003 160.4 2.0 

2.2 3035 1556 0.51 66.1 0.000090 0.68 39.47 0.44 0.0547 0.0030 0.0252 0.0003 160.2 1.9 

3.1 154 66 0.43 3.3 0.000270 <0.01 39.87 0.56 0.0489 0.0019 0.0251 0.0004 159.8 2.3 

3.2 476 264 0.55 9.9 0.000107 0.01 41.28 0.50 0.0492 0.0009 0.0242 0.0003 154.3 1.9 

4.1 426 239 0.56 9.4 - 0.31 39.06 0.46 0.0517 0.0010 0.0255 0.0003 162.5 1.9 

4.2 1776 922 0.52 38.6 0.000027 0.07 39.49 0.41 0.0498 0.0004 0.0253 0.0003 161.1 1.7 

5.1 2689 1582 0.59 60.8 0.000012 <0.01 37.97 0.39 0.0490 0.0004 0.0263 0.0003 167.7 1.7 

6.1 3119 1607 0.52 70.3 0.000043 <0.01 38.11 0.39 0.0489 0.0003 0.0263 0.0003 167.1 1.7 

7.1 571 388 0.68 12.3 0.000022 0.11 39.82 0.46 0.0502 0.0008 0.0251 0.0003 159.7 1.8 

8.1 262 151 0.58 5.6 0.000478 0.34 40.48 0.51 0.0519 0.0013 0.0246 0.0003 156.8 2.0 

8.2 1563 602 0.39 33.0 0.000072 0.03 40.64 0.43 0.0494 0.0005 0.0246 0.0003 156.7 1.7 

9.1 332 212 0.64 7.1 - <0.01 40.16 0.49 0.0492 0.0011 0.0249 0.0003 158.5 1.9 

10.1 831 491 0.59 18.4 0.000155 0.34 38.89 0.42 0.0520 0.0007 0.0256 0.0003 163.1 1.8 

10.2 2490 1368 0.55 54.8 0.000024 <0.01 39.02 0.41 0.0487 0.0004 0.0256 0.0003 163.3 1.7 

11.1 237 133 0.56 5.1 0.000256 0.26 40.22 0.53 0.0513 0.0013 0.0248 0.0003 157.9 2.1 

12.1 385 203 0.53 8.5 0.000129 0.12 38.79 0.46 0.0503 0.0010 0.0258 0.0003 163.9 1.9 

13.1 420 215 0.51 9.0 0.000180 0.15 40.03 0.50 0.0504 0.0010 0.0249 0.0003 158.8 2.0 

14.1 457 250 0.55 9.8 0.000134 0.25 39.94 0.46 0.0513 0.0009 0.0250 0.0003 159.0 1.8 

15.1 151 70 0.46 3.8 0.002035 1.08 33.64 0.52 0.0584 0.0020 0.0294 0.0005 186.8 2.9 

16.1 190 83 0.44 4.1 0.000334 0.34 39.95 0.54 0.0520 0.0015 0.0249 0.0003 158.8 2.2 



Chapter 2     Muller et al., Tectonophysics (2021) 

75 

 

17.1 615 387 0.63 13.5 0.000130 <0.01 39.20 0.44 0.0493 0.0008 0.0255 0.0003 162.4 1.8 

18.1 609 373 0.61 12.9 0.000156 <0.01 40.62 0.47 0.0482 0.0008 0.0246 0.0003 157.0 1.8 

19.1 264 91 0.35 8.4 - 0.01 27.03 0.33 0.0510 0.0010 0.0370 0.0005 234.1 2.8 

20.1 1250 1063 0.85 28.5 0.000022 0.03 37.70 0.40 0.0497 0.0005 0.0265 0.0003 168.7 1.8 

21.1 628 463 0.74 13.6 0.000281 0.17 39.75 0.50 0.0506 0.0008 0.0251 0.0003 159.9 2.0 

22.1 297 144 0.48 6.3 0.000257 0.17 40.40 0.51 0.0505 0.0012 0.0247 0.0003 157.4 2.0 
Notes:  
1. Uncertainties given at the 1σ level. 
2. Error in Temora reference zircon calibration was 0.31% for the analytical session (not included in above errors but required when comparing data from different 

mounts). 
3. f206 % denotes the percentage of 206Pb that is common Pb. 
4. Correction for common Pb for the U/Pb data has been made using the measured 238U/206Pb and 207Pb/206Pb ratios following Tera and Wasserburg (1972) as 

outlined in Williams (1998).  
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Table 2 B: SHRIMP U-Pb results for zircon crystals within a metapsammopelite of the Zapata Fm. (FC1754) at Canal Gajardo. 

        Total Ratios     Radiogenic Ratios       Age (Ma)   

Grain. U Th Th/U 206Pb* 204Pb/ f206 238U/  207Pb/  206Pb/  207Pb/  207Pb/   206Pb/  207Pb/  % 

spot (ppm) (ppm)  (ppm) 206Pb % 206Pb ± 206Pb ± 238U ± 235U ± 206Pb ± r 238U ± 206Pb ± Disc 

                       

1.1 568 76 0.13 79 0.000041 0.07 6.186 0.068 0.0755 0.0016 0.1615 0.0018 1.669 0.040 0.0749 0.0016 0.460 965 10 1066 43 9 

2.1 773 596 0.77 14 0.000138 0.23 46.956 0.558 0.0506 0.0009 0.0212 0.0003      136 2    

3.1 257 75 0.29 28 - <0.01 7.902 0.096 0.0757 0.0008 0.1266 0.0015 1.321 0.022 0.0757 0.0008 0.740 768 9 1087 22 29 

4.1 357 387 1.08 6 0.000457 0.36 48.655 0.676 0.0515 0.0014 0.0205 0.0003      131 2    

5.1 111 72 0.65 2 - 0.12 48.813 0.975 0.0496 0.0025 0.0205 0.0004      131 3    

6.1 207 75 0.36 15 - 0.01 11.495 0.146 0.0583 0.0009 0.0870 0.0011      538 7    

7.1 319 36 0.11 21 - <0.01 13.196 0.161 0.0548 0.0008 0.0759 0.0009      472 6    

8.1 251 79 0.31 17 0.000042 <0.01 12.658 0.160 0.0564 0.0009 0.0791 0.0010      490 6    

9.1 348 120 0.34 14 0.000139 <0.01 21.841 0.271 0.0520 0.0009 0.0458 0.0006      289 4    

10.1 480 59 0.12 31 - 0.04 13.199 0.151 0.0568 0.0007 0.0757 0.0009      471 5    

11.1 300 326 1.08 130 0.000015 0.02 1.989 0.023 0.1861 0.0007 0.5027 0.0057 12.886 0.154 0.1859 0.0007 0.952 2625 25 2706 6 3 

12.1 57 40 0.70 1 0.002984 2.15 51.867 1.424 0.0656 0.0036 0.0189 0.0005      120 3    

13.1 272 241 0.89 8 0.000415 0.04 29.215 0.394 0.0508 0.0012 0.0342 0.0005      217 3    

14.1 139 79 0.57 2 0.001976 0.23 48.675 0.865 0.0505 0.0021 0.0205 0.0004      131 2    

15.1 95 43 0.45 2 0.000831 0.69 50.506 1.051 0.0540 0.0028 0.0197 0.0004      126 3    

16.1 281 88 0.31 49 - <0.01 4.928 0.058 0.0838 0.0007 0.2030 0.0024 2.354 0.033 0.0841 0.0007 0.828 1191 13 1295 16 8 

17.1 409 257 0.63 15 - <0.01 22.987 0.279 0.0501 0.0009 0.0436 0.0005      275 3    

18.1 138 96 0.69 2 0.000783 <0.01 49.936 0.933 0.0453 0.0021 0.0201 0.0004      128 2    

19.1 114 57 0.50 2 - 0.33 48.319 0.947 0.0513 0.0025 0.0206 0.0004      132 3    

20.1 273 111 0.40 18 0.000107 0.07 13.335 0.166 0.0569 0.0009 0.0749 0.0010      466 6    
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21.1 560 216 0.39 22 0.000030 0.24 21.577 0.251 0.0540 0.0008 0.0462 0.0005      291 3    

22.1 292 102 0.35 11 0.000172 0.02 22.738 0.293 0.0520 0.0011 0.0440 0.0006      277 4    

23.1 418 113 0.27 26 0.000043 0.06 13.708 0.159 0.0565 0.0007 0.0729 0.0009      454 5    

24.1 462 81 0.17 52 0.000011 0.02 7.625 0.087 0.0678 0.0006 0.1311 0.0015 1.223 0.018 0.0677 0.0006 0.769 794 8 858 20 7 

25.1 429 94 0.22 24 - 0.10 15.304 0.179 0.0557 0.0007 0.0653 0.0008      408 5    

26.1 125 56 0.45 2 0.000568 0.16 49.166 0.918 0.0499 0.0023 0.0203 0.0004      130 2    

27.1 78 75 0.96 3 0.000313 <0.01 22.393 0.414 0.0514 0.0020 0.0447 0.0008      282 5    

28.1 67 36 0.53 3 0.000423 <0.01 23.000 0.444 0.0504 0.0022 0.0436 0.0009      275 5    

29.1 52 22 0.42 1 0.001169 0.30 51.146 1.381 0.0509 0.0039 0.0195 0.0005      124 3    

30.1 269 100 0.37 5 0.000921 0.15 47.963 0.709 0.0499 0.0015 0.0208 0.0003      133 2    

31.1 570 313 0.55 101 - <0.01 4.850 0.053 0.0844 0.0006 0.2062 0.0022 2.402 0.031 0.0845 0.0006 0.856 1209 12 1303 13 7 

32.1 55 29 0.53 1 - 0.13 53.278 1.428 0.0494 0.0037 0.0187 0.0005      120 3    

33.1 108 38 0.35 6 0.000390 0.40 14.735 0.223 0.0585 0.0018 0.0676 0.0010      422 6    

34.1 172 122 0.71 6 - <0.01 23.342 0.338 0.0516 0.0014 0.0428 0.0006      270 4    

35.1 47 25 0.54 1 0.002269 10.69 46.656 1.295 0.1334 0.0069 0.0191 0.0006      122 4    

36.1 746 309 0.41 29 0.000041 <0.01 22.141 0.248 0.0515 0.0006 0.0452 0.0005      285 3    

37.1 90 39 0.43 1 0.000431 0.45 52.517 1.136 0.0520 0.0028 0.0190 0.0004      121 3    

38.1 122 52 0.43 2 0.000452 <0.01 50.652 0.972 0.0480 0.0023 0.0198 0.0004      126 2    

39.1 391 245 0.63 51 - <0.01 6.596 0.074 0.0792 0.0006 0.1517 0.0017 1.667 0.024 0.0797 0.0007 0.797 911 10 1189 17 23 

40.1 72 37 0.52 1 0.000004 0.19 46.566 1.056 0.0503 0.0030 0.0214 0.0005      137 3    

44.2 1692 29 0.02 95 0.000034 0.04 15.360 0.160 0.0552 0.0004 0.0651 0.0007      406 4    

41.1 929 778 0.84 34 0.000037 0.03 23.328 0.257 0.0519 0.0006 0.0429 0.0005      271 3    

42.1 77 48 0.62 3 0.000644 0.18 21.716 0.400 0.0535 0.0020 0.0460 0.0009      290 5    

43.1 81 30 0.37 6 - <0.01 11.429 0.185 0.0577 0.0015 0.0876 0.0014      541 9    

44.1 193 42 0.22 22 - <0.01 7.471 0.094 0.0739 0.0009 0.1338 0.0017 1.364 0.024 0.0739 0.0009 0.714 810 10 1038 25 22 
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45.1 749 356 0.47 28 0.000040 0.04 23.156 0.259 0.0520 0.0007 0.0432 0.0005      272 3    

46.1 128 62 0.48 2 0.000286 0.07 50.985 0.945 0.0491 0.0023 0.0196 0.0004      125 2    

47.1 169 109 0.64 3 0.000247 0.48 49.656 0.885 0.0524 0.0022 0.0200 0.0004      128 2    

48.1 137 53 0.39 5 0.000156 0.25 23.736 0.374 0.0536 0.0016 0.0420 0.0007      265 4    

49.1 672 38 0.06 44 0.000017 0.04 13.238 0.145 0.0568 0.0005 0.0755 0.0008      469 5    

50.1 782 58 0.07 61 - 0.20 11.051 0.119 0.0604 0.0005 0.0903 0.0010      557 6    

51.1 695 159 0.23 45 - <0.01 13.276 0.147 0.0559 0.0006 0.0754 0.0008      468 5    

52.1 242 160 0.66 4 0.000314 <0.01 51.601 0.793 0.0479 0.0017 0.0194 0.0003      124 2    

53.1 64 32 0.50 1 0.000710 0.05 51.977 1.306 0.0488 0.0033 0.0192 0.0005      123 3    

54.1 439 264 0.60 8 0.000364 <0.01 47.684 0.628 0.0478 0.0012 0.0210 0.0003      134 2    

55.1 609 501 0.82 21 - 0.09 25.214 0.290 0.0519 0.0008 0.0396 0.0005      251 3    

56.1 99 53 0.54 2 0.000184 0.60 51.418 1.043 0.0533 0.0027 0.0193 0.0004      123 3    

57.1 56 25 0.46 1 0.001789 0.09 49.985 1.326 0.0493 0.0035 0.0200 0.0005      128 3    

58.1 374 222 0.59 6 - <0.01 52.133 0.718 0.0473 0.0013 0.0192 0.0003      123 2    

59.1 215 107 0.50 38 0.000084 0.14 4.805 0.059 0.0844 0.0008 0.2078 0.0025 2.384 0.039 0.0832 0.0009 0.737 1217 14 1274 22 4 

60.1 226 86 0.38 43 0.000004 0.01 4.488 0.054 0.0874 0.0007 0.2228 0.0027 2.683 0.039 0.0874 0.0007 0.827 1297 14 1368 16 5 

61.1 157 80 0.51 22 0.000040 0.07 6.082 0.078 0.0812 0.0009 0.1643 0.0021 1.827 0.033 0.0806 0.0010 0.710 981 12 1213 25 19 

62.1 440 89 0.20 82 - <0.01 4.588 0.051 0.0833 0.0006 0.2180 0.0024 2.510 0.033 0.0835 0.0006 0.849 1271 13 1281 13 1 

63.1 463 224 0.48 31 - 0.10 12.878 0.147 0.0575 0.0007 0.0776 0.0009      482 5    

64.1 591 369 0.62 20 0.000070 <0.01 24.969 0.292 0.0513 0.0008 0.0401 0.0005      253 3    

65.1 132 64 0.49 2 0.000356 <0.01 50.719 0.929 0.0470 0.0022 0.0198 0.0004      126 2    

66.1 301 198 0.66 5 0.000355 0.16 52.215 0.757 0.0497 0.0015 0.0191 0.0003      122 2    

67.1 144 69 0.48 2 0.000513 0.04 50.052 0.906 0.0489 0.0022 0.0200 0.0004      127 2    

68.1 250 234 0.93 4 - <0.01 49.160 0.740 0.0479 0.0016 0.0204 0.0003      130 2    

69.1 621 502 0.81 23 0.000158 <0.01 23.175 0.267 0.0513 0.0007 0.0432 0.0005      272 3    
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70.1 970 459 0.47 56 0.000010 0.02 14.872 0.160 0.0553 0.0005 0.0672 0.0007      419 4    
Notes: 
1. Uncertainties given at the 1σ level. 
2. Error in Temora reference zircon calibration was 0.31% for the analytical session (not included in above errors but required when comparing data from different 

mounts). 
3. f206 % denotes the percentage of 206Pb that is common Pb. 
4. For areas older than ca. 800 Ma correction for common Pb made using the measured 204Pb/206Pb ratio. 
5. For areas younger than ca. 800 Ma correction for common Pb made using the measured 238U/206Pb and 207Pb/206Pb ratios following Tera and Wasserburg (1972) as 

outlined in Williams (1998). 
6. For % Disc. 0% denotes a concordant analysis.  
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Table 2 C: SHRIMP U-Pb results for zircon crystals separated from a quartz-diorite satellite pluton of the South Patagonian Batholith (FC1759) intruding the RVB 

units at Canal Gajardo. 

        Total   Radiogenic   Age (Ma) 

Grain. U Th Th/U 206Pb* 204Pb/ f206 238U/  207Pb/  206Pb/  206Pb/  

spot (ppm) (ppm)  (ppm) 206Pb % 206Pb ± 206Pb ± 238U ± 238U ± 

1.1 452 353 0.78 5.1 0.000023 0.27 76.06 0.99 0.0498 0.0013 0.0131 0.0002 84.0 1.1 

2.1 1459 1346 0.92 16.3 - 0.09 76.92 0.84 0.0484 0.0007 0.0130 0.0001 83.2 0.9 

3.1 454 277 0.61 5.1 - 0.14 76.81 0.96 0.0488 0.0013 0.0130 0.0002 83.3 1.0 

4.1 1840 1077 0.59 19.9 0.000113 0.02 79.33 0.85 0.0478 0.0006 0.0126 0.0001 80.7 0.9 

5.1 293 177 0.60 3.2 - 0.15 77.85 1.07 0.0489 0.0016 0.0128 0.0002 82.2 1.1 
 

Notes: 
1. Uncertainties given at the 1σ level. 
2. Error in Temora reference zircon calibration was 0.31% for the analytical session (not included in above errors but required when comparing data from different 

mounts). 
3. f206 % denotes the percentage of 206Pb that is common Pb. 
4. Correction for common Pb for the U/Pb data has been made using the measured 238U/206Pb  and 207Pb/206Pb ratios following Tera and Wasserburg (1972) as 

outlined in Williams (1998). 
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Table 3: 40Ar/39Ar data of the mylonitic metapelite of Zapata Fm. (SHP141) at Canal Gajardo. 

Comme
nt 

40Ar +/- 39Ar +/- 38Ar +/- 37Ar +/- 36Ar +/- 
40Ar*/ 
39Ar 

+/- Age +/- 

+/- 

(no J  

error) 

39/40 +/- 36/40 +/- 37/39 +/- 38/39 +/- 

spot 1 285971.96 777.91 75407.84 140.34 2.74 2.27 5990.66 135.88 76.35 1.72 3.49 0.01 72.0 0.4 0.28 0.26 0 0 0 0.08 0 3.6E-05 3.01E-05 

spot 2 285233.26 768.11 77111.30 130.32 1.09 1.90 5497.19 135.93 58.83 1.53 3.47 0.01 71.6 0.4 0.26 0.27 0 0. 0 0.07 0 1.4E-05 2.47E-05 

spot 3 365927.21 1810.14 100863.27 290.69 7.75 2.19 13219.52 135.98 69.45 1.81 3.42 0.02 70.6 0.5 0.42 0.28 0 0 0 0.13 0 7.7E-05 2.18E-05 

spot 4 331500.75 1212.63 92878.29 210.51 5.66 1.97 5673.16 136.03 58.14 1.44 3.38 0.02 69.8 0.5 0.32 0.28 0 0 0 0.06 0 6.1E-05 2.12E-05 

spot 5 227792.46 573.68 59978.87 110.28 3.88 1.83 2937.69 136.12 54.68 1.44 3.53 0.01 72.7 0.4 0.27 0.26 0 0 0 0.05 0 6.5E-05 3.06E-05 

spot 6 367902.47 2209.53 101346.00 210.51 6.66 1.60 9301.34 136.16 51.96 1.44 3.48 0.02 71.7 0.6 0.47 0.28 0 0 0 0.09 0 6.6E-05 1.58E-05 

*spot 7 51762.21 288.73 7702.62 33.13 2.27 1.46 2603.01 136.21 78.86 1.81 3.66 0.08 75.5 1.7 1.62 0.15 0 0 0 0.34 0.02 2.9E-04 1.90E-04 

spot 8 243961.90 886.03 63503.03 150.37 1.46 2.12 5401.96 136.25 67.81 1.72 3.52 0.02 72.6 0.5 0.36 0.26 0 0 0 0.09 0 2.3E-05 3.33E-05 

spot 9 895338.53 1631.85 256476.77 290.77 8.77 4.38 10441.22 304.03 74.02 1.61 3.40 0.01 70.2 0.4 0.15 0.29 0 0 0 0.04 0 3.4E-05 1.71E-05 

spot 10 210864.66 377.74 57991.27 93.28 5.29 4.12 6743.26 304.16 46.21 1.34 3.40 0.01 70.1 0.4 0.22 0.28 0 0 0 0.12 0.01 9.1E-05 7.10E-05 

spot 11 162905.01 346.13 43676.13 78.25 4.02 4.09 3142.52 304.25 48.46 1.43 3.40 0.01 70.1 0.4 0.28 0.27 0 0 0 0.07 0.01 9.2E-05 9.35E-05 
Corrections: 
1. Atmospheric 40/36 correction: 298.56 (Lee et al., 2006) 
2. 40/36 discimination value: 295 
3. J value: 0.011546801 +/- 0.5% calculated using standard GA1550, with an age of 99.738 +/- 0.104Ma, Renne et al. (2011) 
4. Potassium correction applied: 0.0085 +/-4.25E-05 
5. Calcium 36Ar correction applied: 0.000265 +/-1.325E-06 
6. Calcium 39Ar correction applied: 0.00065 +/-3.25E-06 blank corrected using average of days blanks 
7. Decay constant of Renne et al. (2011) 
8. 37Ar and 39Ar corrected for decay between irradiation and analysis irradiation: 100MWH 
9. Analysis: Nu Instruments Noblesse  
*Spot 7 is an outlier and was not used to calculate the mean age  
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Table 4: Major-element compositions of the mylonitic silicic metatuffs of Tobífera Fm. (FC1723, FC1727, FC1749) and the metapsammopelite of Zapata Fm. 

(FC1757): A) Original XRF data; B) Corrected and normalized to 100% data. 

 

A FC1723 FC1727 FC1749 FC1757  B FC1723 FC1727 FC1749 FC1757 

SiO2 72.25 77.48 77.67 79.00  SiO2 73.11 77.20 76.68 78.35 

TiO2 0.09 0.12 0.07 0.25  TiO2 0.09 0.12 0.06 0.25 

Al2O3 13.33 11.41 11.69 9.58  Al2O3 13.48 11.36 11.64 9.50 

Fe2O3 1.68 1.52 1.05 2.06  FeO 1.53 1.36 0.93 1.84 

MnO 0.01 0.03 0.03 0.03  O2 0.01 0.01 0.01 0.01 

MgO 3.69 0.61 1.54 0.75  MnO 0.01 0.03 0.03 0.03 

CaO 0.26 0.08 0.06 1.90  MgO 3.73 0.61 1.52 0.75 

Na2O 0.65 3.68 3.63 2.42  CaO 0.26 0.08 0.06 1.80 

K2O 3.04 2.59 1.65 1.11  Na2O 0.66 3.67 3.58 2.40 

P2O5 0.00 0.00 0.00 0.07  K2O 3.08 2.58 1.63 1.10 

Sum 95.00 97.51 97.39 97.17  H2O 4.05 2.99 3.95 3.97 

      Sum 100 100 100 100 
Corrections:  
1. O2 = FeO*0.05*0.1113 (relative to 10% of trivalent iron) 
2. CaO=CaO-(280.4/212.92)*P2O5 
3. H2O based on loss on ignition of each sample 
4. Normalized to 100%  
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Table 5: Representative electron microprobe analyses (in wt%) of phengitic white mica (pheng), chlorite (chl), biotite (bt), epidote (ep), and feldspar (fs) in 

metatuffs of Tobífera Fm. (FC1723, FC1727, FC1749), metapsammopelite (FC1727), and metapelite (SHP141) of Zapata Fm. 

 

Sample 
FC 

1723 

FC 

1727 

FC 

1749 

FC 

1757 

SHP 

141 
  

FC 

1723  

FC 

1723 

FC 

1727 

FC 

1749 

FC 

1757 
  

FC 

1757 
  

FC 

1723 
  

FC 

1723 

FC 

1727 

FC 

1749 

FC 

1757 

Mineral pheng pheng pheng pheng pheng   chl chl chl chl chl   bt   ep   fs fs fs fs 

SiO2 49.63 49.76 51.97 49.01 48.61 SiO2 35.61 23.68 25.24 33.73 26.41 SiO2 35.58 SiO2 38.19 SiO2 67.79 69.41 68.06 62.28 

TiO2 0.01 0.15 0.05 0.25 0.08 TiO2 0 0.02 0.02 0.02 0.01 TiO2 2.87 TiO2 0.02 TiO2 0 0 0 0.01 

Al2O3 32.8 25.73 29.64 28.29 27.61 Al2O3 26.7 20.94 18.4 23.13 19.83 Al2O3 17.44 Al2O3 29.73 Al2O3 19.78 19.42 19.5 24.57 

FeO 0.89 3.8 0.81 0.18 1.14 FeO 7.53 31.3 30.91 11.33 26.96 FeO 21.35 Cr2O3 0 Cr2O3 0 0 0 0 

Fe2O3 0 1.29 0 4.89 1.83 MnO 0.04 0.36 0.77 0.36 0.58 Fe2O3 0 Fe2O3 5.68 Fe2O3 0.13 0 0.12 0.24 

MnO 0 0.05 0 0.05 0.07 MgO 21.35 11.33 12.06 21.65 14.55 MnO 0.27 Mn2O3 0 Mn2O3 0 0 0 0 

MgO 2.21 3.18 3.59 3.83 3.78 H2O 13.41 10.95 10.93 12.89 11.36 MgO 8.69 MgO 0.05 MgO 0 0 0.01 0 

CaO 0.05 0.01 0.02 0.03 0.02 Total 104.64 98.58 98.34 103.12 99.71 CaO 0.02 CaO 24.25 CaO 0.28 0.12 0.11 5.74 

Na2O 0.28 0.08 0.09 0.1 0.04       Na2O 0.01 Na2O 0 Na2O 11.99 11.78 12.03 8.63 

K2O 10.65 10.66 10.81 11.61 10.73 Si 6.37 5.19 5.54 6.28 5.58 K2O 9.95 H2O 1.94 K2O 0.04 0.06 0.05 0.13 

BaO 0.29 0.14 0.16 0.16 0 Al iv 1.63 2.81 2.46 1.72 2.42 BaO 0.21 Total 99.86 BaO 0.02 0.02 0 0.01 

H2O 4.61 4.42 4.64 4.57 4.42 sum4 8 8 8 8 8 H2O 3.92   Total 100.03 100.82 99.89 101.6 

Total 101.42 99.27 101.76 102.97 98.33 Al vi 3.99 2.6 2.3 3.35 2.51 Total 100.3 Si 2.96      

      Ti 0 0 0 0 0   Ti 0 Si 2.97 3.01 2.98 2.72 

Si 6.46 6.76 6.72 6.44 6.59 Fe2+ 1.13 5.74 5.68 1.76 4.76 Si 2.72 Al 2.71 Al 1.02 0.99 1.01 1.27 

Al iv 1.54 1.24 1.28 1.56 1.41 Mn 0.01 0.07 0.14 0.06 0.1 Al iv 1.28 Cr 0 Fe3 0 0 0 0.01 

sum4 8 8 8 8 8 Mg 5.69 3.7 3.95 6.01 4.58 Ti 0.16 Fe3 0.33 Ti 0 0 0 0 

Al vi 3.49 2.87 3.23 2.82 3 sum6 10.82 12.11 12.07 11.18 11.96 Al vi 0.29 Mg 0.01 su1 3.99 4 3.99 4 

Ti 0 0.02 0 0.02 0.01 H 16 16 16 16 16 Fe2 1.37 sum6 3.05 Ba 0 0 0 0 

Fe2+ 0.1 0.43 0.09 0.02 0.13 Compo-
sitions      Fe3 0 Ca 2.01 Ca 0.01 0.01 0.01 0.27 

Fe3+ 0 0.13 0 0.48 0.19 xSi 1.18 0.59 0.77 1.14 0.79 Mn 0.02 Na 0 Na 1.02 0.99 1.02 0.73 

Mn 0 0.01 0 0.01 0.01 Mg# 0.83 0.39 0.41 0.77 0.49 Mg 0.99 sum8 2.01 K 0 0 0 0.01 

Mg 0.43 0.64 0.69 0.75 0.76 Fe# 0.17 0.61 0.59 0.23 0.51 sum6 2.83 H 1 su2 1.03 1 1.03 1.01 
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sum6 4.02 4.1 4.02 4.1 4.1       Ca 0 Compo-
sitions  Compo-

nents     

Ca 0.01 0 0 0 0       Na 0 Ps 
[Fe/(Al+Fe)] 0.11 Anorthite 0.01 0.01 0.01 0.27 

Ba 0.01 0.01 0.01 0.01 0       K 0.97   High 
Albite 0.99 0.99 0.99 0.73 

Na 0.07 0.02 0.02 0.03 0.01       Ba 0.01   K 
Feldspar 0 0 0 0.01 

K 1.77 1.85 1.78 1.95 1.86       sum8 0.98        

sum8 1.86 1.88 1.82 1.98 1.87       H 2        

H 4 4 4 4 4       Compo-
sitions         

Compo- 

nents 
           xAl 0.15        

Ms 0.7 0.51 0.61 0.57 0.6       Mg# 0.42        

Wm_Phl 0.01 0.05 0.01 0.05 0.05                

Al_Cel 0.2 0.23 0.32 0.22 0.25                

Fe_Al_Cel 0.04 0.15 0.04 0.01 0.04                

Pg 0.04 0.01 0.01 0.01 0.01                

Ti_Mn_Ca_Wm  0.01 0.05 0.01 0.14 0.05                

xOH 1 1 1 1 1                               

Abbreviations: Ms - muscovite; Wm - white mica; Phl - phlogopite; Cel - celadonite; Pg - paragonite; Ps - pistacite; Structural formulae and various parameters (mainly 
molar fractions X of end member components) were calculated using the CALCMIN software (Brandelik, 2009) as follows: biotite O= 11, all Fe is divalent; white mica 
valences = 42, cations without interlayer cations ≤12.1; chlorite O= 28, all Fe is divalent; feldspar O=8; ilmenite O= 3, cations = 2.  
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Table 6: Modal (mod) and calculated (calc) composition of the samples analyzed for P-T pseudosection modelling showing interpreted P and T calculations. 

Abbreviations: Q – quartz; Pl – plagioclase; Kfs – alkaline feldspar; Wm – white mica; Bt – biotite; Ep – epidote; Tt – titanite; Op – opaques; Stlp – stilpnomelane; Cpx – 

clinopyroxene.  

 FC1749 FC1757 FC1723 FC1727 

Mineral Mod Calc Mod Calc Mod Calc Mod Calc 

Q 55 46 55 55 55 55 50 42 

Pl 25 27 25 19.5 4 0.5 25 30 

Kfs       5 7 

Wm 15 16 10 7 30 31 15 13 

Chl 5 3 4 3 10 10 5 2 

Bt   5 2     

Ep   1 5 1    

Tt  0.1  0.5    0.2 

Op tr.  tr.  tr.  tr.  

Stlp  1       

Cpx  0.2    0.5  0.4 

water  6.7  8  3  5.4 

P (kbar)  3.5  5.5  6  3.8 

T (C)  230  440  450  330 
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Abstract 

The modern topography of the southern Patagonian Andes shows conspicuous landscapes with deep 
incised glacial valleys surrounded by mountain peaks protruding ~1-2 km above the current glacier’s 
equilibrium line altitude. The respective contributions and spatio-temporal variability of tectonic convergence, 
mantle upwelling, and climate-controlled erosion to rock exhumation and relief evolution are still poorly 
constrained. Late Cretaceous – Miocene lithospheric shortening in the retroarc of the belt generated fold-and-
thrust belts, later intruded by Late Miocene plutonic complexes. Two of these plutonic complexes form the core 
of the Fitz Roy (49 °S) and Torres del Paine (51 °S) massifs and part of the highest topography of the southern 
Patagonian Andes. These massifs are currently located above an asthenospheric window formed by northward 
migrating subduction of oceanic ridge segments, a process initiated at ~54 °S and ~16 Ma. Late Miocene onset 
of major glaciations generated drastic geomorphological changes via erosional processes. Here, we present 
inverse thermal modelling outputs based on a new low-temperature thermochronology dataset with zircon and 
apatite (U-Th-Sm)/He ages within the two massifs, complemented by new apatite 4He/3He data in Torres del 
Paine. Our results show a short period of rapid rock exhumation recorded in the Fitz Roy massif between ~10.5 
and 8.5 Ma, synchronous with ridge subduction at ~49 °S. Such signal is not observable in Torres del Paine, 
given that ridge subduction occurred earlier than pluton emplacement at this location. We thus associate this 
early rock exhumation episode to mantle upwelling and crustal shortening as consequence of ridge subduction at 
49 °S. Both massifs record a pulse of rapid rock exhumation between ~6.5 and 5.5 Ma, interpreted as the onset 
of the Patagonian glaciations at around 50°S, resulting in spatially variable erosion and relief evolution (~1-3 
km of erosion). After a period of erosional quiescence at the Miocene/Pliocene transition, increase in rock 
exhumation from ~2-3 Ma to present day is interpreted as the result of alpine valley carving through efficient 
glacial erosion, which has been promoted by reinforced glacial-interglacial cyclicity. We thus highlight the 
importance of along-strike large-scale thermochronological studies to better assess spatio-temporal variations in 
tectonic, mantle, and surface processes forcing on mountain building. 
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1. Introduction 

Along subduction and continental collision zones, orogens grow and evolve according 

to a long-term balance between incoming masses by tectonic accretion and outgoing masses 

by climate-driven erosion (Dahlen, 1990; Ruddiman et al., 1997; Willett et al., 1999; Egholm 

et al., 2009; Koppes and Montgomery, 2009). Compression is primarily accommodated by 

thrusts and transpressive faults that lead to lithospheric shortening, thickening, and uplift 

(Dahlen, 1990; Willett, 1999). At depths, lithospheric slab subduction and upper mantle 

dynamics modulate the stress and thermal state of the crust, thereby affecting the surface 

uplift (Molnar et al., 1993; Heuret and Lallemand, 2005; Conrad and Husson, 2009; 

Guillaume et al., 2010; Faccena et al., 2013; Sternai et al., 2019). At the surface, erosion 

shapes the relief of orogens, exhuming rocks in topographic highs and generating 

sedimentation in topographic depressions (England and Molnar, 1990; Whipple and Tucker, 

1999; Willett, 1999; Brocklehurst, 2010; Whipple, 2009; Champagnac et al., 2014). Since 

climate-controlled erosion and deep-seated processes are intrinsically linked and operate at 

various spatial and temporal scales, quantifying their relative contributions to rock 

exhumation and landscape evolution in orogenic settings is a primary but still elusive goal. 

The erosional mass outflux largely depends on the partitioning between glacial 

processes that widen and deepen valleys (Brocklehurst and Whipple, 2006; Herman et al., 

2011, 2018; Sternai et al., 2011; Shuster et al., 2005, 2011; Sternai et al., 2013), and fluvial 

erosion that forms valleys with relief that depend on the local slope and water discharge 

(Willett, 1999; Whipple and Tucker, 1999; Braun and Willett, 2013). Changes in global 

climate, such as the increase in global cooling during the late Cenozoic and associated onset 

of glaciations, generate cyclic shifts in the fluvial/glacial erosion and associated transience in 

the landscape and uplift (Egholm et al., 2009; Koppes and Montgomery, 2009; Valla et al., 

2011; Herman et al., 2013, 2018; Fox et al., 2015). At orogenic scale, the glacier’s 

Equilibrium Line Altitude (ELA) may limit the elevation of glaciated mountain ranges, 

independent of the tectonic uplift rate (Egholm et al., 2009). Other studies, however, 

suggested that the tectonic uplift modulates both the fluvial and glacial erosion rates in 

orogens (Koppes and Montgomery, 2009). The control of glacial erosion on the elevation and 

topographic relief of mountain ranges is complex and depends on factors such as the bedrock 

physical properties, previous mountain slope, basal thermal gradient of ice sheets, etc. 

(Sternai et al., 2013; Pedersen and Egholm, 2013). The basal temperature of ice sheets, in 

particular, modulates glacial erosion rates such that wet and warm-based glaciers are more 
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prone to generate glacier sliding and thus higher erosion rates (Pedersen and Egholm, 2013), 

whereas dry and cold-based glaciers shield the underneath bedrock from erosion, allowing 

topographic growth due to tectonic uplift (Thomson et al., 2010). 

The typical steep and high topographic relief of glaciated mountain belts with deeply 

incised valleys exposes lithospheric rocks that were once deeply buried (e.g., Champagnac et 

al., 2014). Generally, crystalline rocks that formed at depth (i.e., magmatic and metamorphic 

rocks) offer a higher resistance to erosion compared to soft rocks formed near the surface 

(i.e., volcano-sedimentary rocks), and tend to form prominent peaks in Alpine valleys 

(Egholm et al., 2009; Shuster et al., 2011; Herman et al., 2013; Champagnac et al., 2014). 

Low-temperature thermochronometric bedrock ages vary systematically with elevation, low 

elevation rocks being more recently exhumed, and age-elevation relationships allow 

estimating regional exhumation rates (Braun, 2002; Reiners and Brandon, 2006). Dating 

crystalline rocks in elevation transects using low-temperature thermochronology provide 

robust information to unravel the exhumation history of orogenic regions, potentially 

recording the effects of glacial erosion and tectonic uplift on the topographic relief evolution. 

In the southern Patagonian Andes glacial landscapes and related sedimentary deposits 

were proposed to have evolved since the onset of Patagonian glaciations in the Late Miocene 

(~7 Ma; Mercer and Sutter, 1982; Zachos et al., 2001; Thomson et al., 2001; Rabassa, 2008; 

Lagabrielle et al., 2010; Georgieva et al., 2016, 2019; Willett et al., 2020). Currently, the 

Northern Patagonian (NPI, 46 – 47 °S), the Southern Patagonian (SPI, 48 – 52 °S) and the 

Cordillera Darwin (CDI, 54 °S) icefields are located above the central orogenic zone. This 

study focuses on the rocks in the eastern proximity of the SPI, where mountain peaks rise 

above the current glaciers’ ELA, which has been oscillating between ~0.5 and 2 km above 

sea level during glacial/interglacial periods, at least since the Last Glacial Maximum (~21000 

years ago) (Broecker and Denton, 1990; Davies, 2020). Miocene plutonic complexes 

intruding deformed Mesozoic sedimentary rocks constitute most of these high peaks, and the 

geomorphology is of steep valleys close to the ice fields, and gentle valleys towards the 

eastern continental foreland (Fosdick et al., 2013). The entire region is lying above an 

asthenospheric window (Fig. 1) currently originating at the Chile Triple Junction at ~46 °S 

(Cande and Leslie, 1986; Breitsprecher and Thorkelson, 2009). The asthenospheric window 

opened through events of spreading ridge and transform fault subduction. Ridge collision 

with the trench generated compressive deformation events in the orogen, which episodically 

migrated northward, from 54 °S at ~16 Ma, 49 °S at ~12 Ma, and 47 °S at ~3 Ma (Fig. 1) 
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(Cande and Leslie, 1986; Thomson et al., 2001; Ramos, 2005; Lagabrielle et al., 2010; 

Breitsprecher and Thorkelson, 2009; Guillaume et al., 2009; Scalabrino et al., 2010; Fosdick 

et al., 2013; Stevens Goddard and Fosdick, 2019, Georgieva et al., 2016, 2019). Mantle 

upwelling during ridge subduction is expected to have generated long-wavelength surface 

uplift of the continent, following the northward motion of the Chile Triple Junction 

(Guillaume et al., 2009, 2013). 

 
Fig. 1. Geodynamic context of the southern Patagonian Andes. The orange region is the current 
asthenospheric window, and the Chile Triple Junction (CTJ) is where the Chile Ridge is currently subducting. 
The black and grey lines between the Nazca and the Antarctic plates are the present day, and the older positions 
(at 16 and 12 Ma), respectively, of the spreading ridges and transform faults separating the plates (Breitsprecher 
and Thorkelson, 2009). The grey arrows show the velocity and approximate direction of subduction of the 
Nazca and Antarctic plates (DeMets et al., 2010). Red triangles are Quaternary volcanoes (Global Volcanism 
Program, 2023). Low-temperature thermochronometric data presented in this study are from the Torres del 
Paine (TdP) and Fitz Roy (FzR) massifs (yellow circles), located in the eastern border of the Southern 
Patagonian Icefield (SPI, white line). The region delimited by the blue line was covered by glaciers during the 
Last Glacial Maximum (LGM) at ~21000 years (adapted from Thorndycraft et al., 2019). Other abbreviations: 
NPI: Northern Patagonian Icefield, CDI: Cordillera Darwin Icefield, MFFZ: Magallanes-Fagnano Fault Zone, 
LOFZ: Liquiñe-Ofqui Fault Zone. 
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In this study, we present a new low-temperature thermochronometric dataset from two 

of the most emblematic massifs of the Southern Patagonia Andes, the Fitz Roy (FzR) and the 

Torres del Paine (TdP) (Figs. 1-3). These two regions are located south of the northward 

migrating CTJ, and thus may have recorded the effects of ridge subduction and 

asthenospheric window opening besides those of the local onset of Late Cenozoic glaciations 

(Ramos, 2005; Guillaume et al., 2009, 2013; Fosdick et al., 2013; Stevens Goddard and 

Fosdick, 2019). They are also located far from the damage zones of the transpressive 

Liquiñe-Ofqui and the Magallanes-Fagnano fault zones, allowing us to dismiss a potential 

influence on regional exhumation and/or reheating associated to these major structures 

(Thomson et al., 2001; Lagabrielle et al., 2010; Guillaume et al., 2013). Because these two 

massifs are located ~200 km apart in the N-S direction the comparative study of their 

exhumation records allow us to interpret local and/or regional transient processes, shedding 

new light on the main drivers of mountain building and respective partitioning. 

 

2. Geologic context 

2.1. Geodynamic setting 

The FzR and the TdP massifs are located in the retroarc of the southern Patagonian 

Andes, to the east of the main N-S oriented drainage divide and the Southern Patagonian 

Batholith (SPB). The SPB is made of subduction-related plutons crystallized from the Late 

Jurassic to the Neogene intruding Paleozoic metamorphic complexes (Hervé et al., 2007). 

The amalgamation of the continental block bearing the SPB with the South American 

continent occurred in the Late Cretaceous through the closure of the ocean-floored backarc 

Rocas Verdes Basin (Calderón et al., 2012; Maloney et al., 2013; Muller et al., 2021). Crustal 

shortening and thickening in the retroarc led to foreland subsidence towards the east, and 

deposition of marine siliciclastic deposits of the Late Cretaceous Magallanes-Austral foreland 

basin (Fildani et al., 2003; Fosdick et al., 2011; Malkowski et al., 2017). After the break-up 

of the Farallon Plate into the Nazca Pate at ~25 Ma, the increase in convergence velocity 

generated eastward thrust propagation into the foreland basin, finally composing the N-S 

oriented Patagonian-Magallanes fold-and-thrust belt (Figs. 2 and 3) (Suárez et al., 2000; 

Kraemer, 2003; Ghiglione et al., 2009; Fosdick et al., 2011, 2013; Betka et al., 2015). Late 

Miocene small and undeformed plutonic complexes intrude the Patagonian fold-and-thrust 

belt distributed for ~800 km along the strike of the mountain belt (Ramírez de Arellano et al., 
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2012). In the Fitz Roy massif, the Chaltén Plutonic Complex is located at ~49 °S and is 

composed of granitic to gabbroic rocks crystallized between ca. 16.90 and 16.37 Ma 

(Ramírez de Arellano et al., 2012). Hornblende-thermobarometry from this plutonic complex 

indicates an early magmatic emplacement at around 8-10 km depth and rapid exhumation up 

to ~6-4 km depth during the syn-magmatic phase (Ramírez de Arellano, 2011). Currently, 

these plutonic complexes are exposed, for example, in the Mount Fitz Roy (3405 m.a.s.l.) and 

Cerro Torre (3128 m.a.s.l.) (Fig. 2). The Torres del Paine Plutonic Complex, located at ~51 

°S, is a laccolith with feeder dikes of granitic to gabbroic composition, emplaced at ~2-4 km 

depth, as constrained from contact-metamorphic assemblages such as prehnite-anorthite 

(Putlitz et al., 2001), and crystallized between ca. 12.4 Ma and 12.6 Ma (Leuthold et al., 

2012). The culminant points of the TdP massif are the Cerro Paine Grande (2884 m.a.s.l), 

composed of Late Cretaceous metasedimentary siliciclastic rocks, and the Torre Central 

(2460 m.a.s.l.), composed of granitic rocks from the Torres del Paine Plutonic Complex (Fig. 

3). 
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Fig. 2. Geological map of the Fitz Roy Massif (FzR, Argentina) with sample locations (modified from 
SEGEMAR, 2011, background satellite photo is from Google Earth). Major topographic peaks are indicated by 
red triangles. See Fig. 1 for location within the Southern Patagonian Andes.  

 

The faster Nazca Plate subduction with respect to the Antarctic Plate generated a 

much longer Nazca slab than the Antarctic slab (DeMets et al., 2010; Hayes et al., 2018), 

with space for mantle upwelling in an asthenospheric window beneath the South American 
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Continent (Fig. 1; Cande and Leslie, 1986; Ramos and Kay, 1992; Lagabrielle et al., 2004, 

2007; Ramos, 2005; Breitsprecher and Thorkelson, 2009). Asthenospheric upwelling and 

tectonic compression due to ridge and transform faults collision with the subduction trench 

contributed to an increase in rock uplift rates around the CTJ (~ 46 °S) over the last ca. 3 Ma 

(Thomson et al., 2001; Lagabrielle et al., 2004, 2007, 2010; Guillaume et al., 2009; 

Georgieva et al., 2016, 2019). Between ~12 and 6 Ma the slab window broadened between 

latitudes ~ 51 – 48 °S, and the dynamic uplift related to the asthenospheric flow was 

estimated of up to ~800 m (Guillaume et al., 2009). The Chaltén Plutonic Complex (FzR 

massif) was emplaced before this time window whereas the TdP laccolith was emplaced at 

around 12 Ma (Ramírez de Arellano et al., 2012). Whether these plutonic complexes record 

the progressive northward propagation of asthenospheric upwelling and tectonic compression 

due to ridge collision is still a matter of investigation (Fosdick et al., 2013; Stevens Goddard 

and Fosdick, 2019). One of the effects of the absence of a subducting slab in the 

asthenospheric window is the cancelation of arc volcanism (Ramos, 2005), but basaltic 

extensional volcanism occur in the eastern foreland recording the migrating episodes of ridge 

subduction (Ramos and Kay, 1992; Breitsprecher and Thorkelson, 2009). Amongst the six 

Quaternary volcanoes of the Austral Andes Volcanic Zone (Stern et al., 1984; Global 

Volcanism Program, 2023), the Lautaro (~ 49 °S) and the Reclus (~ 51 °S) volcanoes are 

located more than 20 km distant from the study regions (Fig. 1), and we assume no thermal 

influence from recent volcanism on the analyzed samples. 
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Fig. 3. Geological map of the Torres del Paine massif (TdP, Chile) with sample locations (modified from 
Fosdick et al., 2013, background satellite photo from Google Earth). Major topographic peaks are indicated by 
red triangles. See Fig. 1 for location within the Southern Patagonian Andes. 
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2.2. Paleoclimatic setting and thermochronologic record 

The southern Patagonian Andes are approximately perpendicular to the main winds 

dominated by the westerlies, thus acting as an orographic barrier since at least the early 

Miocene (Blisniuk et al., 2006; Fosdick et el., 2013). As a result, the precipitation rates are 

higher than 4000 mm/yr on the windward side of the orogen, where the SPB is located, 

whereas the region located to the east of the topographic divide, including the FzR and the 

TdP massifs, is in a rain shadow (Blisniuk et al., 2006; Fosdick et al., 2013; Herman and 

Brandon, 2015). Low-temperature thermochronologic ages from the SPB range from ~60 to 

10 Ma, being generally younger eastward and suggesting an eastward migration of the 

topographic divide and exhumation front (Thomson et al., 2001, 2010). In the Patagonian 

fold-and-thrust belt, including the Torres del Paine region, the exhumation ages range 

between ca. 22 – 10 Ma ascribed to thrust-driven exhumation, and ca. 7 – 3 Ma associated 

with glacio-fluvial erosion (Thomson et al., 2010; Fosdick et al., 2013; Herman and Brandon, 

2015). 

The onset of Patagonian Glaciations around 7 Ma is supported by stratigraphic and 

geomorphologic evidence, including glacial troughs, striations and moraine deposits up to 

100 km eastward distant from the sediment sources (Mercer and Sutter, 1982; Zachos et al., 

2001; Singer et al., 2004; Rabassa et al., 2005, 2011; Lagabrielle et al., 2010). At the region 

around the CTJ, cooling ages between ca. 4 – 3 Ma were associated with both changing 

glacial cyclicity, and active faulting due to spreading ridge and transform faults interaction 

with the orogen (Thomson et al., 2001; Lagabrielle et al., 2010; Scalabrino et al., 2010; 

Georgieva et al., 2016, 2019; Willett et al., 2020). The maximum extent of the Cordilleran ice 

sheet (the Great Patagonian Glaciation) has been dated at ~1.1 Myr, and was subsequently 

followed by glacial episodes that reveal a gradual shrinking of the ice extent (Kaplan et al., 

2004; Singer et al., 2004; Hein et al., 2011). During the Last Glacial Maximum (LGM at 

~21000 years), the region between ~38 – 56 °S formed the Patagonian Ice Sheet represented 

in Fig. 1 (Kaplan et al., 2004; Glasser et al., 2008; Davies and Glasser, 2012; Thorndycratf et 

al., 2018; Davies, 2020). An orogen-scale southward increase in exhumation ages below 49 

°S was interpreted as a decrease in the erosional efficiency due to bedrock shielding by cold-

based glaciers at high latitudes (Thomson et al., 2010; Herman and Brandon, 2015). 

However, the effects of cold-based glacier on long-term bedrock exhumation, and whether 

topographic relief in the Southern Patagonian Andes may surpass the glacier’s ELA due to 

bedrock protection, are still open discussions. 
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3. Materials and Methods 

3.1. Sample locations and processing 

In the present study, we collected two new datasets of bedrock low-temperature 

thermochronology data from the FzR and TdP massifs. Sampled bedrock outcrops are 

spatially distributed within the massifs, with a sampling strategy along elevation profiles 

when possible (Figs. 2 and 3). The FzR profile covers around 660-m elevation (Figs. 2 and 

4a) and 3-4 km of horizontal distance, with 7 samples collected for apatite (U-Th-Sm)/He 

data (AHe) and 4 samples for zircon (U-Th-Sm)/He data (ZHe), from magmatic rocks of the 

Chaltén Plutonic Complex (Tables 1-2). In the TdP massifs, investigated samples are 

distributed in three main sectors (Central, North and West, Fig. 3) and have been collected for 

AHe data, with two samples from the Central sector having also apatite 4He/3He data (Figs. 3 

and 4 b, Table 3 a-c and Table S1). The Central sector covers around 1600-m elevation over 

around 15-km of horizontal distance, with 15 magmatic samples from the TdP plutonic 

complex and 2 metasedimentary samples from the Patagonian fold-and-thrust belt located 

near the Lago Nordenskjöld (Fig. 3). The West and North sectors have few samples, and 

extend over around 630-m and 550-m elevation respectively (Fig. 3). The West sector is 

comprised of 3 samples from the metasedimentary rocks to the west of the TdP plutonic 

complex, while the North sector has only 2 samples from the metasedimentary rocks near the 

Lago Dickson (Fig. 3). Apatite and zircon crystals were extracted from bedrock samples 

using crushing followed by standard magnetic and heavy-liquid separation techniques. 

Preparation included selection of grains for euhedral shape, uniform size and absence of 

inclusion. 

 

3.2. AHe and ZHe thermochronology data 

In the present study, we used both the ZHe and AHe systems which are based on the 

radioactive decay of the parent nuclides 238U, 235U, 232Th, and 147Sm, to the daughter nuclide 
4He in a single apatite or zircon crystal (Farley, 2002; Reiners and Brandon, 2006). 

According to equations given in Dodson (1973, 1979) the ratio between the parents and the 

daughter nuclides provides the crystal age in its so-called “effective closure temperature”, Tc. 

Inside the given Tc ranges, however, 4He can be partially lost from the zircon or apatite 

crystal and He ages of several individual grains can vary depending on each grain’s chemical 

composition and the time that a given sample has experienced in this “partial retention zone” 
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(Reiners et al., 2005). This zone can be estimated between around 180 and 70 °C, and 80 and 

30 °C for the ZHe and AHe systems, respectively (Farley, 2002; Ehlers and Farley, 2003; 

Reiners et al., 2004, 2005; Gautheron et al., 2009; 2020). The He retentivity and associated 

closure temperature of AHe and ZHe systems also vary according to the composition and the 

thermal history that causes radiation damage in the analysed crystal (Dodson, 1973; Farley, 

2002; Reiners and Brandon, 2006; Gautheron et al., 2009, 2020). The ZHe system is highly 

sensitive to radiation damage, and 4He diffusivity can strongly increase with low radiation 

damage, decreasing the closure temperature (Gautheron et al., 2009; 2020). In general, zircon 

with young crystallisation ages will present low radiation damage, with increased diffusivity 

of 4He, and thus low resulting ZHe closure temperature, which can be relatively similar to the 

lower-temperature systems such as AHe (Reiners et al., 2005; Gautheron et al., 2009, 2020; 

Gérard et al., 2022). The FzR plutonic complex is relatively young (ca. 12.5 Ma; Ramírez de 

Arellano et al., 2012), and we used the Activation Energy (Ea) and the initial Diffusion 

coefficient (D0) calculated by Gautheron et al. (2020), to estimate the closure temperature of 

the ZHe system between 87 and 108 °C for the FzR samples (Table S2). 

AHe thermochronometry was performed following standard procedures (House et al., 

2000) at the ARHDL of University of Arizona (USA) for magmatic samples of TdP, and at 

the Berkeley Geochronology Center (USA) for metasedimentary samples of TdP and 4He/3He 

data. AHe thermochronometry of FzR magmatic samples was performed in the GEOPS 

Laboratory in the Paris-Saclay University (Paris, France), and ZHe thermochronometry was 

performed in the UTHHE Laboratory of University of Dalhouise (Halifax, Canada) following 

the methods of Reiners et al. (2004, 2005) and Landry et al. (2016). Full analytical details for 

ZHe, AHe and 4He/3He data production are given in the Supplementary Information. 

 

3.3. Inverse thermal modelling 

In this study, we used inverse thermal modelling to interpret new AHe and ZHe data in 

terms of rock cooling histories, and eventually to discuss the timing and spatial differences in 

exhumation histories between the TdP and FzR massifs. To this aim, we used the QTQt 

model (Gallagher, 2012), which is based on a Bayesian Markov-Chain Monte-Carlo approach 

to statistically explore different temperature-time (T-t) paths for multiple samples distributed 

along an elevation profile. For predicting 4He diffusion in a crystal, the software uses the raw 

contents of 238U, 232Th and 147Sm, and the spherical grain radius estimated from grain 

measurements in the laboratory. For AHe data, we used the 4He diffusion kinetic parameters 
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from the radiation damage and annealing model of Flowers et al. (2009). For the ZHe data, 

we estimated and input Ea and D0 parameters for each individual zircon grain to further 

investigate He diffusion in zircon (see Supplementary Information and Table S2 for details; 

Gérard et al., 2022). Then, we conducted several thermal inversions for FzR massif and TdP 

sectors (Central, West and North, Fig. 3) with shared input parameters in QTQt. First, we 

prescribed a geothermal gradient of 35±10 °C/km, according to the ~70-90 mW/m2 thermal 

flow of the region predicted by Ávila and Dávila (2018). The geothermal gradient is allowed 

to vary with time within the 35±10 °C/km range, and no reheating was allowed due to the 

lack of evidence of reheating events in the studied FzR and TdP regions during the late 

Miocene to Plio-Quaternary periods (Ramírez de Arellano et al., 2012). We considered an 

atmospheric lapse rate of 6±2 °C/km, and a present-day temperature of 1±1 °C to ensure 

model simulations reaching surface temperature for modern conditions. We also constrained 

the initial thermal constraints using 275±25 °C and 16 ±1 Ma and 12±1 Ma, for the FzR and 

TdP massifs, respectively. For the metasedimentary samples (West and North sectors of TdP 

massif), we do not impose any initial thermal constraint, and re-heating is not allowed given 

the lack of evidence of thermal events after Early Cenozoic low-grade metamorphism during 

basin thrusting (Klepeis et al., 2010; Fosdick et al., 2011). For thermal inversion, QTQt’s 

approach is based on a linear interpolation between the highest and the lowest elevation 

samples to randomly predict thermal paths and shared geothermal gradients of all samples in 

an elevation profile (Figs. 5 and 6, S1-4) that best predicts observed thermochronological 

data in a consistent manner (Gallagher, 2012). QTQt inverse simulations were done for high 

numbers of iterations (in the 10,000 – 35,0000 range of individual models) to ensure the 

reliability of the model predictions. 

Finally, we used thermal inversion modelling (Schildgen et al., 2010) to interpret 
4He/3He thermochronometry data in two TdP samples (Fig. 3). To explore possible changes 

in 4He diffusivity through time, all cooling paths (~20-30 103 iterations for each sample) 

began at 150 °C, well above the accumulation of radiation damage effects (Flowers et al., 

2009) and ended after 10 Myr at the modern surface temperature (arbitrary prescribed at ~1 

°C). Following each specified cooling path, the model first calculated an AHe age that was 

compared to the measured age. If the predicted age was within 1 standard deviation (SD) of 

the mean measured age (Table 3), a model 4He/3He ratio evolution was calculated using the 

same analytical heating schedule as the sample and compared to observed ratios. This 

approach allows a random-search scheme to identify cooling histories that are compatible 
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with the observations based on the computation of misfit statistics (M; mean of squared 

residuals weighted by the individual uncertainties in the ratio measurements; Schildgen et al., 

2010); we set a misfit limit M~2, which corresponds to the 99% confidence level. Thermal 

histories yielding M>4 are excluded by the data, 2<M<4 are marginally acceptable, and M<2 

are good fits to the data. 

 

4. Results 

4.1. AHe and ZHe thermochronology data 

We present all analytical details and AHe and ZHe data in Tables 1-3. For illustration, 

we report in Figure 4 both single-grain and average AHe and ZHe corrected ages in age-

elevation diagrams. 

The FzR dataset (Fig. 4a) reveals single-grain ZHe ages ranging from 6 to 13 Ma, with 

single-grain dispersion increasing for low-elevation samples. Mean ZHe ages are relatively 

similar around 8-10 Ma along the elevation profile, potentially indicating fast rock 

cooling/exhumation during that period. FzR single-grain AHe ages range between 3 and 9 Ma 

and mean AHe ages cluster around 6-8 Ma, with no clear age-elevation relationship. 

For the TdP massif, new AHe data from the Central sector (Fig. 4 b) show similar ages 

for metasedimentary and magmatic samples, with mean AHe ages ranging between around 4 

and 11 Ma which all reflect cooling and exhumation posterior to the plutonic intrusion phase. 

In addition, we can observed a break-in slope in the age-elevation relationship around 7-8 Ma 

and ~1400-m elevation, potentially indicating an increase in rock cooling/exhumation at this 

time, and the exhumation of a paleo- partial retention zone above (note the apparent higher 

dispersion in single-grain AHe ages for samples above 1400 m). Samples from the North and 

West sectors have been collected at lower elevations (i.e. below 1000-m elevation, Fig. 4 b) 

and mean AHe ages range between 6 and 10 Ma, reflecting slower/older rock 

cooling/exhumation than for the Central sector. 
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Fig. 4. Age-elevation relationships for FzR 
and TdP massifs. a) ZHe and AHe data for 
the FzR massif: single grain apatite and 
zircon (U-Th-Sm)/He ages are indicated by 
circles, and mean ages with 1𝜎 errors 
(standard deviation of the single-grain ages) 
by diamonds. b) AHe data for the TdP 
massif: single-grain apatite and zircon (U-
Th-Sm)/He ages are indicated by circles, and 
mean ages with 1𝜎 errors (standard 
deviation of the single-grain ages) by 
diamonds. Two samples with 4He/3He data 
are marked by a red asterisk. Colors 
correspond to different zones of the TdP 
massif (Central, West and North), grey 
samples are sedimentary and yellow are 
magmatic from the Central transect, 
according to the legend in Fig. 3, and as 
explained in the text. Full analytical details 
for AHe and ZHe data are given in Tables 1-
3. 
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4.2. QTQt thermal inversion results 

We present the results of QTQt thermal inversion modelling with the relative 

probabilities of expected T-t paths for the highest and lowest elevation samples of each 

elevation transect in Figs. 5 and 6. The expected models for all the samples of each transect, 

interpolated from the highest and the lowest elevation ones, are shown in the Supplementary 

Figs. S1-4, together with the observed vs. predicted ages diagrams, and the thermal gradient 

predicted for the inversion within the imposed range of 35 ± 10 °C geothermal gradient, that 

gradually shifts to the atmospheric (lapse rate) gradient of 6 ± 1 °C during rock exhumation 

towards the surface. Using the T-t paths and the output geothermal gradients, we can estimate 

exhumation rates for the different periods of time, chosen based on major observed changes 

in output T-t paths.  

 

 

Fig. 5. QTQt thermal modelling outputs for the FzR massif. Inverse thermal modelling is based on AHe and 
ZHe data presented in Fig. 4 a. Selected output results for (a) the highest sample FZR3 (2070 m) and (b) the 
lowest sample FZR13 (1410 m). Note that output thermal histories for other FzR samples are linearly 
interpolated between these two end members (Fig. S1 a). Both panels show the relative probability for the 
thermal history, as well as the expected model (weighted mean model) and its 95% confidence intervals (black 
solid lines) and the maximum-likelihood model (best-fitting model, red line), the maximum posterior model 
(green line), and the maximum mode model (white line). Black dashed lines highlight key time periods with 
major changes in cooling rates. The black box indicates the initial thermal constraints and the redbox is 
representing general T-t priors. 

 

QTQt inversion results for the FzR massif suggest a multi-stage cooling history (Figs. 

5 and S1). Using both ZHe and AHe data, the expected (weighted mean) thermal histories 

show an unconstrained cooling from the imposed initial magmatic temperature (above 275 

°C) and age (around 16 Ma) constraints, to a temperature range between 230 and 110 °C at 

ca. 10.5 Ma. At this time, predicted T-t paths become steeper and better constrained up to 
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~8.5 Ma, revealing an increase in cooling rate of 20-70 °C/Ma (Fig. 5). Between ~8.5 and 

~6.5-6 Ma, the output thermal history reveal a quiescent phase with slow cooling at around 4-

5 °C/Ma. At ~ 6.5-6 Ma, both high- and low-elevation samples were rapidly cooled at around 

70 °C/Ma during a short period of maximum 1.5 Ma. The highest sample (FZR3, Fig. 5a) 

reached surface temperatures at this early Pliocene time, while the lowest elevation sample 

(FZR13, Fig. 5b) still experienced gradual cooling at ~5 °C/Ma with a slight increase up to 

~20 °C/Ma at ~1 Ma. 

For the TdP massif, thermal inverse modelling using QTQt provided variable 

information on the regional exhumation history from the different sectors. For the Central 

sector (Figs. 6 a,b and S2) the expected T-t paths from the dense AHe dataset (Fig. 4 b) first 

show rapid cooling from the imposed magmatic temperature/age constraints to a temperature 

range of 70-130 °C at ~11.5 Ma. This cooling signal has no real geological meaning since it 

reflects the thermal adjustment to the shallow intrusion depth of the TdP Plutonic Complex 

(note that the Central sector includes also two metasedimentary samples, which we assume 

were re-heated by the intrusion of the TdP plutonic complex). TdP samples of the Central 

sector then cooled very slowly up to ~6.5 Ma, when they experienced an increase in cooling 

rate from <1 °C/Ma up to ~90-120 °C/Ma. This fast exhumation phase was relatively short 

(~0.5 Ma), ending at around 6 Ma, when the highest elevation sample (04-JM-66, Fig. 6 a) 

reached surface temperatures. The lowest elevation sample (13-TP-26, Fig. 6 b) shows a 

quiescent period until around 2 Ma (slow cooling <1 °C/Ma) when it experienced an increase 

in cooling rate up to 30 °C/Ma. It is worth noting that the output thermal history is relatively 

well constrained over the Late Miocene to Plio-Quaternary period because of the dense AHe 

dataset and well prescribed AHe age-elevation relationship (Fig. 4 b) 
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Fig. 6. QTQt thermal modelling outputs for the TdP massif. Inverse thermal modelling is based on AHe data 
presented in Fig. 4 b. Selected output results for (a-b) the Central sector, with the highest 04-JM-66 (a, 1802 m) 
and lowest 13-TP-26 (b, 206 m) elevation samples; (c-d) the North sector, with the highest CH15-26 (c, 916 m) 
and lowest CH15-TP17 (d, 369 m) elevation samples; and (e-f) the West sector, with the highest CH15-TP22 (e, 
746 m) and lowest CH15-TP14 (f, 112 m) elevation samples. Note that output thermal histories for other TdP 
samples are linearly interpolated between the two end members for each sector (Figs. S2, S3 and S4). All panels 
show the relative probability for the thermal history, as well as the expected model (weighted mean model) and 
its 95% confidence intervals (black solid lines) and the maximum-likelihood model (best-fitting model, red 
line), the maximum posterior model (green line), and the maximum mode model (white line). Key time periods 
with major changes in cooling rates are by black dashed lines. The black box indicates the initial thermal 
constraints, and the redbox is representing general T-t priors. 
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For the North and West sectors of the TdP Massif (metasedimentary samples, Fig. 4 

b), the AHe dataset is less dense and output model predictions are less constrained. For the 

North sector, there is no output constraint on the thermal histories until around 15 Ma (Fig. 6 

c,d). The output thermal history reveals slow cooling between ~15 and ~5.25 Ma, with an 

estimated cooling rate < 2 °C/Ma, followed by a short cooling episode (between ~5.25 and 4 

Ma) of ~40-60 °C/Ma. The low-elevation sample (Fig. 6 d) also recorded subsequent cooling 

after 4 Ma, but this phase is relatively unconstrained although a potential acceleration in 

cooling rate may occur at ~0.5 Ma (from ~20 up to 40 °C/Ma, Fig. 6 d). For the West sector, 

the expected T-t paths (Fig. 6 e,f) are not well constrained until ~12 Ma, when the relative 

probability for the cooling histories becomes well constrained and defines a slow cooling 

trend at around 4 °C/Ma. At ~6.5 Ma, the sample cooling was accelerated to ~25-30 °C/Ma 

for a short period of ~1.5 Ma, bringing the high-elevation sample (Fig. 6 e) to surface 

temperatures. After this time-interval, the low-elevation sample was cooled slowly to the 

surface (~2 °C/Ma), with a possible late-stage exhumation increase at ~0.5 Ma (up to 80 

°C/Ma). 

In TdP metasedimentary samples (West and North sectors), we have only limited 

constraints on the regional exhumation for the North sector since ca. 15 Ma (Fig. 6 c,d) and 

no information from the West sector before the emplacement age of the TdP Plutonic 

Complex at ~12 Ma (Fig. 6 e,f). Potential cooling/exhumation events before 15 Ma would 

have therefore not been recorded by the AHe dataset in the TdP massif. All TdP sectors show 

a short episode of fast cooling between around 6.5 and 4 Ma, which is common between the 

magmatic and the metasedimentary samples, and a potential delay (or lower resolution in 

timing) for this event north of the TdP laccolith. Finally, a late-stage cooling episode is 

revealed for all low-elevation samples (Fig. 6 b,d,f), but the timing of onset for this episode 

appears spatially variable, being earlier (~2 Ma) for the Central sector compared to the West 

and North sectors (~0.5 Ma). 

 

4.3. 4He/3He thermal histories 

Inverse thermal modelling of 4He/3He data shows variable resolution for the two TdP 

samples (Central sector, Fig. 7). 4He/3He data resolution is relatively low for sample 13-TP-

26 (Fig. 7 c-d), resulting in unconstrained output cooling histories over the last 10 Ma, 

although significant cooling (> 40-50 °C) had still occurred for this sample since ca. 5-6 Ma. 
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4He/3He data resolution is much higher for sample 04-JM-90 (Fig. 7 a) and associated output 

cooling histories (Fig. 7 b) suggest fast cooling until around 6 Ma before a quiescent period 

with low cooling rates. This thermal history is relatively similar to QTQt outcomes for the 

Central sector (Fig. 6 a,b). Finally, a late-stage cooling episode is recorded since ~2 Ma, 

coherent with QTQt thermal predictions for the low-elevation sample (Fig. 6 b). 

 
Fig. 7. 4He/3He thermochronometry of TdP massif (see Figs. 3-4 for locations and details). Observed 
4He/3He ratio evolution diagrams, and model cooling paths for 04-JM-90a (a-b), and 13-TP-26a (c-d). The 
measured 4He/3He ratios of each degassing step (Rstep) are normalised to the bulk ratio (Rbulk) and plotted versus 
the cumulative 3He release fraction (∑F3He). Boxes indicate ±1σ (vertical) and integration steps (horizontal). 
Coloured lines show the predicted 4He/3He ratio evolution diagrams (a, c) for arbitrary cooling paths between 
150 and 10 °C (b, d). Each coloured path predicts the observed AHe age of the sample to within ±1σ (cooling 
paths failing to predict the AHe age are not shown); red and yellow cooling paths are excluded by the 4He/3He 
data, whereas green cooling paths are permitted (see text for details, and Supplementary Table S1 for analytical 
details). 
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5. Discussion 

5.1. Ridge subduction and asthenospheric upwelling forcing  

An episode of increase in rock exhumation rates from ~0.7 km/Ma to 1-1.4 km/Ma 

(resulting from the cooling rate divided by the predicted geothermal gradient, Fig. S1) is 

recorded between ca. 10.5 and 8.5 Ma only in the FzR massif. This event predates by some 

million years the onset of Late Cenozoic Glaciations in Patagonia at ca. 7 Ma (Mercer and 

Sutter, 1982), and roughly coincides with spreading ridge subduction beneath the FzR 

between ca. 12-8 Ma (Cande and Leslie, 1986; Ramos, 2005; Lagabrielle et al., 2010; 

Guillaume et al., 2009b, 2013; Breitsprecher and Thorkelson, 2009). Our estimated rock 

exhumation rate of ~1 km/Ma from ZHe and AHe thermochronometry is well explained by 

Late Miocene continental compression and eastward fold-and-thrust belt propagation in 

response to the spreading-ridge subduction (Thomson, 2001; Ramos, 2005; Scalabrino et al., 

2010; Guenthner et al., 2010; Lagabrielle et al., 2004, 2010; Georgieva et al., 2016, 2019; 

Stevens Goddard and Fosdick, 2019). Furthermore, a dynamic uplift forced by the 

asthenospheric flow implies that the effects of erosion on rock exhumation are amplified over 

the incipient asthenospheric window opening at depth at ~ 49 °S (Fig. 8 a) (Conrad and 

Husson, 2005; Guillaume et al., 2010; Faccenna et a., 2013; Sternai et al., 2016). 

In the TdP Massif no episode of fast cooling before the Miocene/Pliocene transition 

appears in our T-t models, but AHe ages around 12 Ma are found in high altitude samples 

(Fig. 4 b). These older cooling ages suggest that the analysed samples were in the partial 

retention zone of the AHe system from 12 to 9 Ma. Exhumation ages between 12 and 10 Ma 

previously obtained in the TdP massif were associated to thermal resetting during pluton 

emplacement (Fosdick et al., 2013). Surface dynamic uplift due to mantle upwelling in the 

region of TdP is not well constrained, and less plausible than in the FzR Massif because the 

TdP is located to the south of the region where the spreading ridge has been subducting since 

~12 Ma (Fig. 8 a). 
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Fig. 8. Block-diagram with the interpretation of the geodynamic and landscape evolution of the southern 
Patagonian Andes from the Late Miocene to the Quaternary. A) At the Late Miocene (~12 Ma), the 
spreading ridge between the Nazca Plate (NZ) and the Antarctic Plate (AT) was subducting beneath the South 
American Plate (SAM) at ~49 °S, asthenospheric upwelling caused dynamic uplift and part of the rock 
exhumation in the FzR massif. Deformation in the fold-and-thrust belts was active, generating crustal thickening 
and additional topography. The Chaltén Plutonic Complex was already emplaced at ~4-5 km depth in the Fitz 
Roy region whereas the Torres del Paine Laccolith was being emplaced at 2-3 km depth. The Southern 
Patagonian Batholith (SPB) was already emplaced in the core of the orogen. Topography was growing by a 
combination of thrust tectonics, dynamic uplift, and erosion. B) At the Miocene – Pliocene transition the 
spreading ridge was subducting at ~48 °S, the dynamic uplift was thus occurring in the north of the studied 
regions. The fold-and-thrust belt and the intrusions were being exhumed mainly due to the onset of Patagonian 
Glaciations. C) In the Quaternary the subducting spreading ridge was at ~ 47 °S. The mountain belt was being 
exhumed mainly due to glacio-fluvial erosion, with carving of deep valleys and exposing the mountain peaks. 
The plutonic complexes must be near the surface. Black arrows highlight the uplifting regions, orange arrows 
highlight the region of asthenospheric upwelling. 
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5.2. Late-Miocene to Plio-Quaternary glacial-fluvial erosion forcing  

Both the FzR and the TdP massifs share an episode of abrupt acceleration in rock 

exhumation between ca. 6.5 Ma and 6-4.5 Ma. The onset of increased exhumation rate is 

synchronous with the reported stratigraphic, geomorphologic (Mercer and Sutter, 1982; 

Lagabrielle et al., 2004, 2007, 2009, 2010; Rabassa et al., 2005, 2011; Rabassa, 2008), and 

thermochronologic (Thomson et al., 2001; Glodny et al., 2008; Thomson et al., 2010; Fosdick 

et al., 2013; Georgieva et al., 2016, 2019; Willett et al., 2020) evidence of the onset of 

Patagonian glaciations between ca. 7 and 6 Ma in the Southern Patagonian Andes. The 

Andean topography, therefore, quickly responded to the transition from fluvial-dominated to 

glacial-dominated erosion (Fig. 8 b), as proposed for other alpine environments (Egholm et 

al., 2009; Shuster et al., 2005; 2011; Valla et al., 2011; Herman et al., 2013; Champagnac et 

al., 2014). Modeled exhumation rates for this time interval are estimated between ~0.6 and 3 

km/Ma, but both the magnitude and duration of this event depend on the analysed sector of 

the TdP and FzR massifs. The limited exhumation in the North and West sectors of the TdP 

massif compared to that of the Central sector, can be possibly explained by selective glacial 

erosion with potential glacial bedrock shielding in the West/North sectors, which are closer to 

the present-day/past icefield (Rabassa, 2008, Lagabrielle et al., 2010). A similar explanation 

can be proposed for the Plio-Quaternary exhumation, where delayed onset of increased 

exhumation rate in the North/West sectors compared to the Central sector of TdP and the FzR 

massif (located in a more external position) is observed. Efficient erosion of high-elevation 

topography from glacial and periglacial processes during the late Miocene would have 

resulted in a net decrease of ice accumulation area and hence in ice extent, ice flux, and 

consequently in glacial erosion (Pedersen and Egholm 2013; Sternai et al., 2013). Such a 

negative feedback has also been proposed to explain the Late Pleistocene gradual shrinking 

of the Southern Patagonian Icefield (Fig. 8 c; Kaplan et al., 2009), and likely explains the 

short-lived erosion pulse we identified at southern Patagonia at the late-Miocene/Pliocene 

transition (Christeleit et al., 2017; Willet et al., 2020). 

Pliocene low exhumation rates (~0.025 – 0.035 km/Ma) recorded in the FzR and TdP 

massifs indicate erosional quiescence following high but transient glacial erosion in the 

Southern Patagonian Andes (Christeleit et al., 2017; Willet et al., 2020). The late-stage 

Quaternary exhumation is mainly recorded in low-elevation samples and in 4He/3He 

thermochronometric data, but its onset between ca. 2 and 0.5 Ma depends on the study region 
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(Figs. 5-6, and S1-4) and thermochronometric system (Fig. 7). North of the studied regions (~ 

46 – 47 °S), stratigraphic records from glacial moraines indicate a shift of the drainage 

network after ~3 Ma, resulting in a major landscape change from smooth piedmont surface 

with extensive icefields in the foreland, to long west-east oriented and channelized glacial 

lobes (Lagabrielle et al., 2010). Tectonic uplift of the eastern foreland of Patagonia could 

have conditioned or at least favoured such geomorphological shift and induced west-east 

incision of deep glacial valleys (Lagabrielle et al., 2010; Georgieva et al., 2019). The recent 

acceleration in exhumation in the Southern Patagonia Andes can thus be associated with the 

Plio-Quaternary increase in glacial-interglacial cyclicity, enhanced glacial erosional 

processes, and icefield drainage reorganization in Patagonia possibly linked to tectonic 

activity (Fig. 8c).  

Previous studies suggested a potential increase in mountain erosion as early as ~3 Ma, 

in response to climate-driven glacial processes (Shuster et al., 2005; 2011; Herman et al., 

2013; Fox et al., 2015). An increase in the duration of glacial-interglacial cyclicity occurred 

at ~1.2 Ma according to deep-sea water δ18O data (Lisiecki and Raymo, 2007; Lisiecki, 

2010). By periodically switching between glacial and fluvial conditions, and by changing 

associated vegetation and soil cover, geomorphic processes would remain transient (Molnar, 

2004; Herman and Champagnac, 2013), maintaining landscape disequilibrium and in turn 

enhancing erosion rates (Egholm et al., 2009; Champagnac et al., 2014). An increase in 

exhumation rates in several mountainous regions worldwide after ~2 Ma (Herman et al., 

2013) is associated with the onset of or enhanced glaciations at mid latitudes, including the 

New-Zealand Alps (Shuster et al., 2011), Alaska and British Columbia (Shuster et al., 2005; 

Berger et al., 2008) or the European Alps (Haeuselmann et al., 2007; Valla et al., 2011; 

Glotzbach et al., 2011; Fox et al., 2015, 2016). The onset of glaciation in southern Patagonia 

between ca. 7 and 6 Ma (Mercer and Sutter, 1982; Rabassa, 2008; Lagabrielle et al., 2010), 

much earlier than at mid-latitudes, indicates a progressive latitudinal migration of the 

maximum glacial extent and thus points to a gradual increase in global cooling from the latest 

Miocene to the Quaternary. 

 

6. Conclusions 

The Southern Patagonian Andes recorded a long history of interactions between 

tectonics and climate processes. The North-South orientation of the Andean belt allows us to 

investigate spatial and temporal variations of these interactions. We found 
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thermochronometric evidence for the ridge subduction and opening of an asthenospheric 

window to force rock exhumation of the Fitz Roy massif in the Andean cordillera. This event 

accounts for ~1 km of rock exhumation over the late Miocene due to spreading ridge 

subduction, continental compression, uplift and increased erosion at ~49 °S. In the Torres del 

Paine massif, this event is not clearly recorded by low-temperature thermochronometric data, 

possibly due to the already attenuated surface response to ridge collision and mantle 

upwelling when the pluton emplaced at 51 °S. 

The onset of glaciations generates a regional signal of rapid rock exhumation in 

southern Patagonia between ca. 6.5 and 4.5 Ma at ~49-51 °S in the eastern cordillera. A 

period of slow rock exhumation until the Quaternary suggests erosional quiescence, possibly 

reflecting bedrock shielding by extensive icefields covering the Southern Patagonian Andes. 

A last Quaternary episode of accelerated rock exhumation is recorded in our 

thermochronometric dataset, and coincides with worldwide increase in mountain erosion 

rates ascribed to glacial-interglacial cycles (e.g., Herman et al., 2013). This climatic transition 

generated a geomorphological shift from smooth landforms to deep incised glacial valleys, 

exposing the Torres del Paine and the Fitz Roy plutonic complexes at high elevations. 



Chapter 3   Muller et al., in prep.a 

120 

 

Table 1. Zircon (U-Th-Sm)/He (ZHe) data for Fitz Roy (FzR) samples. 

Sample N° 
 

Latitude/ 
Longitude 
(°S/°W) 

Elevation 
(m) 

U 
(ppm) 

Th 
(ppm) 

Sm 
(ppm) 

4He 
(nmol/g) 

FT 
 

Corrected 
Age (Ma) 

1σ 
error 
(Ma) 

FZR3-1   205.76 91.50 5.99 7.9 0.78 8.24 0.5 
FZR3-2   284.29 100.81 2.45 11.1 0.79 8.47 0.5 
FZR3-3   506.73 156.89 3.37 18.8 0.78 8.24 0.5 
FZR3-4   516.96 138.72 2.51 19.7 0.78 8.50 0.5 
FZR3-5   513.12 198.42 2.59 21 0.77 8.69 0.5 
FZR3 
 

49.2566/ 
49.2566/ 

2070      8.4 ± 0.2 

FZR4-1   371.29 140.86 3.46 13.6742 0.76 8.30 0.5 
FZR4-3   309.55 109.25 2.52 11.6129 0.78 8.26 0.5 
FZR4-4   1128.8 326.58 3.95 34.5965 0.75 7.14 0.4 
FZR4-5   715.56 234.09 2.93 23.664 0.78 7.31 0.4 
FZR4 
 

49.2550/ 
73.0281 

1955      7.7 ± 0.6 

FZR5-1   904.21 321.40 7.38 35.659 0.78 8.66 0.5 
FZR5-2   271.41 96.76 3.14 11.343 0.75 9.54 0.6 
FZR5-3   412.40 310.97 5.73 12.060 0.74 6.22 0.4 
FZR5-4   527.95 246.47 6.48 22.495 0.73 9.72 0.6 
FZR5-5   529.41 268.56 5.24 14.285 0.73 6.11 0.4 
FZR5 
 

49.2540/ 
73.0311 

1758      8.0 ± 1.8 

FZR6-1   1157.2 380.03 8.43 66.359 0.77 12.87 0.7 
FZR6-2   1221.7 476.31 9.30 62.1423 0.75 11.59 0.7 
FZR6-3   1021.0 290.08 4.19 41.4346 0.74 9.58 0.6 
FZR6-4   403.02 141.72 2.78 11.6276 0.74 6.68 0.4 
FZR6 
 

49.2487/ 
73.0327 

1569      10.2 ± 2.7 

Notes. Ft = age correction factor (Farley et al., 1996). Bold numbers are mean ages calculated from the single-grain 
replicates; 1σ error for mean ages is standard deviation of replicate ages. Analytical uncertainties are around 6% of the 
corrected age. 
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Table 2. Apatite (U-Th-Sm)/He (AHe) data for Fitz Roy (FzR) samples. 

Sample N° 
 

Latitude/ 
Longitude 
(°S/°W) 

Elevation 
(m) 

U 
(ppm) 

Th 
(ppm) 

Sm 
(ppm) 

4He 
(nmol/g) 

FT 
 

Corrected 
Age (Ma) 

1σ 
error 
(Ma) 

FZR10-M   13.3 38.20 277.30 0.7164 0.73 7.50 0.4 
FZR10-N   53.3 168.00 436.10 3.6462 0.73 9.70 0.6 
FZR10 
 

49.2543/ 
73.0319 

1780      8.6 ± 1.6 

FZR11-A   3.5 12.00 103.00 0.1645 0.80 5.40 0.3 
FZR11-D   8.00 19.90 170.50 0.5211 0.77 8.90 0.5 
FZR11-E   23.5 38.6 122.40 0.8126 0.80 5.70 0.3 
FZR11-L   14.4 46.4 344.1 0.5685 0.73 5.10 0.3 
FZR11 
 

49.2538/ 
73.0346 

1840      6.2 ± 1.4 

FZR12-E   7.3 20.6 136.3 0.3699 0.78 6.70 0.4 
FZR12-M   23.60 68.00 381.9 1.3324 0.71 8.30 0.5 
FZR12-N   15.30 45.80 250.0 0.9303 0.76 8.10 0.5 
FZR12 
 

49.2493/ 
73.0364 

1765      7.7 ± 0.9 

FZR13-B   26.9 46.2 140.1 0.9689 0.77 6.00 0.4 
FZR13-F   7.9 22.8 83.5 0.3726 0.84 6.00 0.4 
FZR13-L   71.3 135.8 461.4 2.4651 0.69 6.30 0.4 
FZR13 
 

49.2553/ 
73.0473 

1410      6.1 ± 0.2 

FZR14-A   10.0 17.40 105.90 0.4436 0.81 6.90 0.4 
FZR14-D   11.10 30.50 186.50 0.6317 0.74 8.10 0.5 
FZR14-E   10.50 29.40 183.30 0.5682 0.75 7.50 0.5 
FZR14-F   6.70 19.50 76.10 0.3979 0.85 7.40 0.4 
FZR14-G   9.80 24.90 100.20 0.5531 0.84 7.50 0.5 
FZR14 
 

49.2586/ 
73.0493 

1530      7.5 ± 0.4 

FZR15-A   28.30 72.10 150.80 1.1287 0.78 5.80 0.3 
FZR15-D   27.30 78.10 130.80 1.1801 0.80 5.90 0.4 
FZR15-F   36.30 106.90 214.30 1.6033 0.75 6.40 0.4 
FZR15 
 

49.2715/ 
73.0568 

1910      6.03 ± 0.3 

FZR16-A   13.70 40.90 131.70 0.3928 0.78 3.90 0.2 
FZR16-C   14.20 40.20 109.10 0.3345 0.82 3.10 0.1 
FZR16-E   12.20 38.50 68.90 0.4431 0.83 4.60 0.3 
FZR16 49.2654/ 

73.0586 
1710      3.9 ± 0.7 

Notes. Ft = age correction factor (Farley et al., 1996). Bold numbers are mean ages calculated from the single-grain 
replicates; 1σ error for mean ages is standard deviation of replicate ages. Analytical uncertainties are <1, ~3 and ~2% for 
respectively U, Th and Sm measurements; and <1% for 4He measurements.  
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Table 3 a. Apatite (U-Th-Sm)/He (AHe) data for Torres del Paine (TdP) samples, Central transect 

Sample N° 
 

Latitude/ 
Longitude 
(°S/°W) 

Elevation 
(m) 

U 
(ppm) 

Th 
(ppm) 

Sm 
(ppm) 

4He 
(nmol/g) 

FT 
 

Corrected 
Age (Ma) 

1σ 
error 
(Ma) 

 04-JM-66ap1   8.24 10.14 442.43 0.5064 0.73 11.73 0.37 
04-JM-66ap2   5.08 11.16 291.29 0.2884 0.73 9.18 0.23 
04-JM-66ap3   8.80 13.26 397.58 0.5035 0.64 11.89 0.39 
04-JM-66ap4   32.38 40.96 575.75 2.1827 0.74 13.09 0.30 
04-JM-66 
 

50.97541/ 
73.02521 

1802      11.5 ±1.6 
 

04-JM-67ap1   7.48 16.91 290.23 0.3888 0.76 8.06 0.13 
04-JM-67ap2   54.20 75.26 1128.1 3.3644 0.75 10.91 0.15 
04-JM-67ap3   8.95 21.13 442.59 0.5862 0.81 9.32 0.14 
04-JM-67ap4   53.89 67.27 996.05 2.0018 074 7.09 0.11 
04-JM-67ap5   14.32 30.91 647.52 0.7859 0.65 10.04 0.36 
04-JM-67 
 

50.97492/ 
73.02651 

1731      9.1 ± 1.5 
 

04-JM-68ap1   4.21 11.59 161.99 0.2777 0.80 9.10 0.26 
04-JM-68ap2   8.36 15.41 309.23 0.3266 0.73 6.82 0.27 
04_JM-68 
 

50.97405/ 
73.02843 

1619      8.0 ±1.6 

04-JM-71ap1   36.14 89.26 701.25 1.4274 0.81 5.66 0.07 
04-JM-71ap2   15.06 25.06 508.50 0.7787 0.79 8.49 0.11 
04-JM-71ap4   19.80 26.18 579.96 0.8193 0.75 7.71 0.20 
04-JM-71 
 

50.97342/ 
73.03557 

1310      7.3 ±1.5 

04-JM-76ap1   15.16 21.64 466.10 0.5671 0.69 7.35 0.41 
04-JM-76ap2   21.13 41.25 503.38 0.6776 0.65 6.15 0.37 
04-JM-76ap3   41.16 42.22 539.89 1.2375 0.69 6.41 0.15 
04-JM-76 
 

50.97449/ 
73.03936 

1189      6.6 ±0.6 

04-JM-87ap1   11.13 31.79 448.11 0.4242 0.66 6.25 0.44 
04-JM-87ap2   21.89 50.81 291.15 1.1062 0.84 7.11 0.08 
04-JM-87ap3   17.95 25.52 588.59 0.5842 0.75 5.88 0.11 
04-JM-87 
 

50.97638/ 
73.04372 

1042      6.4 ±0.6 

04-JM-90ap1   28.04 22.82 254.31 0.6745 0.71 5.30 0.21 
04-JM-90ap2   12.72 28.50 352.84 0.6312 0.77 7.71 0.24 
04-JM-90ap3   22.29 29.92 312.20 0.8225 0.77 6.80 0.22 
04-JM-90 
 

50.98166/ 
73.05553 

758      6.6 ±1.2 

08-JL-385ap1   18.63 64.77 185.97 0.7070 0.68 5.66 0.09 
08-JL-385ap2   2.26 0.98 0.26 0.0516 0.70 5.54 0.48 
08-JL-385ap3   11.19 33.64 270.29 0.5420 0.67 7.74 0.21 
08-JL-385ap4   26.70 60.46 397.62 0.7461 0.62 5.35 0.21 
08-JL-385ap5   44.77 128.8 299.38 2.1480 0.69 7.61 0.09 
08-JL-385 50.97669/ 

73.10013 
1175      6.4 ±1.2 

07-JL-160ap2   5.15 23.37 208.06 0.2691 0.73 6.23 0.14 
07-JL-160ap3   5.31 21.81 145.68 0.2308 0.74 5.46 0.13 
07-JL-160ap4   9.10 30.81 181.90 0.3915 0.71 6.19 0.08 
07-JL-160 
 

50.97677/ 
73.10036 

1200      6.0 ±0.4 
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07-JL-165ap4   20.82 40.34 222.66 0.7432 0.70 6.44 0.08 
07-JL-165ap4   16.74 54.39 250.27 0.4926 0.69 4.44 0.11 
07-JL-165ap4   42.74 93.24 317.60 1.7486 0.71 7.05 0.09 
07-JL-165ap4   21.33 43.42 285.72 0.6064 0.65 5.39 0.18 
07-JL-165 
 

50.97718/ 
73.10087 

1275      5.8 ±1.2 

04-JM-49ap1   10.49 42.26 416.58 0.5313 0.74 6.39 0.10 
04-JM-49ap2   9.48 26.59 348.45 0.3671 0.75 5.61 0.10 
04-JM-49ap3   8.18 24.67 330.62 0.2606 0.68 4.93 0.13 
04-JM-49ap4   8.39 24.17 285.54 0.4567 0.77 7.60 0.09 
04-JM-49 
 

51.04051/ 
73.08473 

785      6.1 ±1.2 

04-JM-30ap1   9.11 12.77 501.27 0.4878 0.79 9.18 0.43 
04-JM-30ap2   15.84 38.02 671.08 0.8212 0.71 8.46 0.22 
04-JM-30 
 

50.94709/ 
72.99015 

1830      8.8 ±0.5 

04-JM-23ap1   6.20 14.94 317.04 0.2792 0.77 6.77 0.26 
04-JM-23ap2   6.71 12.86 352.67 0.2289 0.65 6.53 0.77 
04-JM-23 
 

50.94713/ 
72.99902 

1461      6.7 ±0.2 

13-TP-26-a   16.83 90.36 60.46 0.4760 0.74 3.08 0.04 
13-TP-26-z-
BR 

  10.58 
40.02 53.35 

0.4560 
0.77 5.37 

0.06 

13-TP-26-y-
BR 

  9.84 
34.29 46.39 

0.3130 
0.77 4.11 

0.05 

13-TP-26-x   11.34 45.61 51.81 0.3860 0.75 4.22 0.04 
13-TP-26 
 

50.9728/ 
72.8839 

206      4.2 ±0.9 

CH15-19 
 

51.01057/ 
72.94342 

372 0.242 3.323 23.645 0.024 0.82 4.4±0.5 

CH15-
TP21_x 

  4.888 30.02
8 

51.404 0.179 0.78 3.42 0.06 

CH15-
TP21_y 

  11.27 13.09
9 

34.121 0.24 0.73 4.14 0.08 

CH15-
TP21_z 

  3.741 16.70
6 

13.093 0.126 0.78 3.91 0.08 

CH15-TP21 
 

50.98973/ 
72.79723 

268      3.8±0.4 

CH15_TP30_
x 

  1.727 11.36
1 

16.025 0.142 0.81 7.19 0.11 

CH15_TP30_
y 

  1.48 11.28
5 

19.511 0.125 0.77 7.01 0.15 

CH15_TP30_
z 

  1.081 11.82
6 

12.423 0.097 0.75 6.1 0.36 

CH15_TP30 50.94726/ 
72.90560 

1053      6.8±0.6 

Notes. Ft = age correction factor (Farley et al., 1996). Bold numbers are mean ages calculated from the single-grain 
replicates; 1σ error for mean ages is standard deviation of replicate ages. Analytical uncertainties are <1, ~3 and ~2% for 
respectively U, Th and Sm measurements; and <1% for 4He measurements. 
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Table 3 b. Apatite (U-Th-Sm)/He (AHe) data for Torres del Paine (TdP) samples, West transect 

Sample N° 
 

Latitude/ 
Longitude 
(°S/°W) 

Elevation 
(m) 

U 
(ppm) 

Th 
(ppm) 

Sm 
(ppm) 

4He 
(nmol/g) 

FT 
 

Corrected 
Age (Ma) 

1σ 
error 
(Ma) 

CH15-TP14_x   11.82 86.65 46.439 0.877 0.81 6.25 0.07 
CH15-TP14_z   1.66 15.596 23.078 0.13 0.75 5.91 0.12 
CH15-TP14 
 

51.25035/ 
73.24379 

112      6.1±0.2 

CH15-TP15_x   5.023 6.437 21.903 0.219 0.76 7.93 0.15 
CH15-TP15_y   3.03 20.962 20.081 0.235 0.76 7.17 0.18 
CH15-TP15_z   2.684 18.609 34.048 0.299 0.70 10.99 0.2 
CH15-TP15 
 

50.98633/ 
73.21632 

235      8.7±2 

CH15_TP22_x   9.93 7.017 18.153 0.493 0.75 10.28 0.15 
CH15_TP22_y   2.909 16.841 14.915 0.23 0.69 9.04 0.36 
CH15_TP22_z   0.857 23.269 12.324 0.253 0.73 10.24 0.84 

CH15_TP22 
 

51.00625/ 
73.14149 

746      9.8±0.7 

Notes. Ft = age correction factor (Farley et al., 1996). Bold numbers are mean ages calculated from the single-grain 
replicates; 1σ error for mean ages is standard deviation of replicate ages. Analytical uncertainties are <1, ~3 and ~2% for 
respectively U, Th and Sm measurements; and <1% for 4He measurements. 

 

Table 3 c. Apatite (U-Th-Sm)/He (AHe) data for Torres del Paine (TdP) samples, North transect 
 

Sample N° 
 

Latitude/ 
Longitude 
(°S/°W) 

Elevation 
(m) 

U 
(ppm) 

Th 
(ppm) 

Sm 
(ppm) 

4He 
(nmol/g) 

FT 
 

Corrected 
Age 
(Myr) 

1σ 
error 
(Ma) 

CH15-TP17_y   2.355 15.135 25.211 0.164 0.79 6.3 0.18 
CH15_TP17_z   1.852 15.597 36.746 0.151 0.73 6.61 0.17 
CH15_TP17 

 
50.81598/ 
73.12218 

369      6.46±0.2 

CH15_TP26_x   31.341 49.473 53.996 1.849 0.82 9.6 0.1 
CH15_TP26_y   34.892 41.442 41.455 1.131 0.76 6.13 0.08 
CH15_TP26_z   13.306 23.852 38.619 0.848 0.78 10.41 0.12 
CH15_TP26 

 
50.85859/ 
73.12883 

916      8.71±2.27 

Notes. Ft = age correction factor (Farley et al., 1996). Bold numbers are mean ages calculated from the single-grain 
replicates; 1σ error for mean ages is standard deviation of replicate ages. Analytical uncertainties are <1, ~3 and ~2% for 
respectively U, Th and Sm measurements; and <1% for 4He measurements. 
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Supplementary Material 

Zircon (U-Th-Sm)/He (ZHe) thermochronometry  

Zircon single-grains were processed at the Dalhousie Noble Gas Extraction 

Laboratory (Halifax, Canada) for (U-Th-Sm)/He dating. They were analyzed following the 

methods described following the methods of Reiners et al. (2004, 2005) and Landry et al. 

(2016), in parallel with Fish Canyon Tuff standards. Zircon grains were measured and 

observed under binoculars to avoid any inclusion and/or fracture, before being packed into a 

Nb foil envelope. 4He was then extracted from each aliquot in an in-house built He extraction 

line with successive 15-min-heatings under a focused beam of a 45 W diode laser (1250 °C), 

until 4He yields were under 1% of total. After adding a known amount of purified 3He spike, 
3He/4He ratios were measured with a Pfiffer Vaccuum Prisma quadrupole mass spectrometer. 

Typical 1σ errors are in range of 1.5–2%. Fish Canyon Tuff (FTC) zircon standards were 

included to ensure accuracy, reproducibility, and reliability of the data. After He extraction, 

zircons were dissolved in high-pressure dissolution vessels with concentrated HF and HNO3 

at 200 °C for 96 h. Prior to dissolution, samples were spiked with mixed 235U, 230Th, and 
149Sm spikes. Isotopic ratios were measured with iCAP Q inductively coupled plasma mass 

spectrometry (ICP-MS). Additional blank analyses controlled the analytical accuracy. The 

raw data were reduced using a Helios software package. 

ZHe ages for the Chaltén Plutonic Complex (Fitz Roy massif) are relatively similar to 

AHe ages presented in this study (Tables 1-2, Fig. 4 a). Following the recent studies of 

Gérard et al. (2022) and Gautheron et al. (2020, 2022), we propose that such age similarity 

between the ZHe and the AHe systems result from the low ∝-dose in the zircon crystals, 

calculated between 6 x 1015 and 5.3 x 1016 (∝/g) (Table S2), and linked with a low 4He 

retention. The ∝-dose is the total radiation damage accumulated in the crystal lattice, and 

depends on the age-effective uranium concentration, eU (Table S2), and the time since the 

crystal began to accumulate damage. The low radiation damage and associated low 4He 

retention in the zircon crystals of the FzR is most probably explained by the young 

emplacement age of the Chaltén Plutonic Complex (ca. 12.5 Ma, Ramírez de Arellano et al., 

2012). In the following, we estimate the changes in He retention for zircon crystals by 

calculating the impact of low ∝-dose on He diffusivity in zircon, that we subsequently relate 

to the effective closure temperature, Tc, of the ZHe system (Dodson, 1979; Gautheron et al., 

2020, 2022; Gérard et al., 2022) (Table S2). We calculate the initial diffusion coefficient D0 
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as a function of the damage fraction (f), estimated in terms of ∝-dose normalized to the total 

number of atoms in 1g of zircon (Nasdala et al., 2001) and the diffusion coefficient for a 

zero-damage crystal (1.6 x 10-7 m2/s, Table 4 in Gautheron et al., 2020). Typical damage 

fraction for low-damaged zircon will be in the 0.01 to 1 % zone. With time, damage content 

in zircon will increase and the damage fraction will be higher (Gautheron et al., 2020). The 

activation Energy, Ea, was estimated in base to the ∝-dose as well with a similar value of 133 

kJ/mol for all zircon crystals, as an intermediate value (Fig. 8 of Gautheron et al., 2020) for 

young zircons with ∝-dose in the order of 1015 and 1016. In the inverse QTQt thermal 

modelling, instead of inputting a thermal model for the He diffusion, we input the activation 

energy, Ea, and the calculate diffusion coefficient D0 as shown in Table S2. The resulting Tc 

between 87 and 108 °C, and the ∝-Dose between 6 x 1015 and 5.3 x 1016 (∝/g) of the zircon 

crystals of the Chaltén Plutonic Complex can help to fill current gaps in our knowledge about 

low ∝-dose zircon behaviour, since few studies recognized natural examples with this kinetic 

behaviour (Gérard et al, 2022).  

 

Apatite (U-Th-Sm)/He (AHe) and 4He/3He thermochronometry  

For TdP AHe data, single-crystal aliquots of apatite were wrapped in Pt or Nb foils 

and degassed by laser heating. At the University of Arizona and the Berkeley Geochronology 

Center, 4He abundances were measured using 3He isotope dilution and quadrupole mass 

spectrometry (House et al., 2000). Net signal intensities were interpolated to the inlet time of 

the gas into the mass spectrometer, and then compared to the corresponding mean signal from 

reference gas aliquots of known absolute amounts analyzed by the same procedure. Degassed 

aliquots were then dissolved and U, Th and Sm concentrations were measured by isotope 

dilution using ICP-MS.  

For FzR AHe data, individual apatite grains were encapsulated in Pt tubes before 

heating under high vacuum conditions at high temperature (1,050°C ±50°C using an infrared 

diode laser) twice for 5 min at GEOPS laboratory (Université Paris-Saclay, France). The 

released 4He gas was mixed with a known amount of 3He, purified, and the gas was analyzed 

using a Prisma Quadrupole. The 4He content was determined by isotope dilution method. 

Subsequently, apatite crystals were dissolved in 100 µL of HNO3 5 N solution containing 

known amount of 235U, 230Th, 149Sm, and 42Ca. The solution was heated at 70°C during 3 h 

and after a cooling time, 900 µL of distilled water was added. The final solution was analyzed 

using an ELEMENT XR ICP-MS and the 238U, 230Th, and 147Sm concentrations and apatite 
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weight (using the Ca content) were determined following the methodology proposed by 

Evans et al. (2005). More details about the analytical procedure can be found in Recanati et 

al. (2017). 

Durango apatite crystals were also analyzed during the same period to ensure the data 

quality. Replicate analyses of Durango apatite yielded a <5% reproducibility compared to the 

reference age. An α-ejection correction was applied to calculate the (U-Th-Sm)/He (AHe) age 

(Farley et al., 1996). The one-sigma error on each AHe age amounts to around 8%, reflecting 

the analytical error and the uncertainty on the FT ejection factor correction. Sample locations 

and details, as well as all individual AHe ages, crystal characteristics and mean ages appear 

in Tables 2 and 3.  

In 4He/3He thermochronometry (Shuster and Farley, 2004), the natural spatial 

distribution of radiogenic 4He is constrained by stepwise degassing and 4He/3He analysis of a 

sample containing synthetic, homogeneously distributed, proton-induced 3He. Approximately 

50 mg of apatite grains were packaged into Sn foil and exposed to ~5x1015 protons cm-2 with 

incident energy of ~220 MeV over a continuous ~5-hour period at the Francis H. Burr Proton 

Therapy Center (Boston, USA). Euhedral crystals free of visible mineral inclusions were 

selected using the above criteria; crystal dimensions were measured using a calibrated 

binocular microscope. Individual crystals were then sequentially heated in multiple steps 

under ultra-high vacuum using a feedback-controlled 70-W diode laser, with temperature 

measured with a coaxially aligned optical pyrometer at the Noble Gas Thermochronometry 

Laboratory (Berkeley Geochronology Center, USA). The molar 3He abundance and the 
4He/3He ratio were measured for each heating step using calibrated pulse-counting sector-

field mass spectrometry and corrected for blank contributions to 3He and 4He (uncertainties in 

blank corrections are propagated into ratio uncertainties). All stepwise 4He/3He degassing 

data are given in Tables S2 a, b. A few heating steps yielded 4He/3He ratios that plot well 

outside analytical uncertainty relative to contiguous heating steps and therefore result in 

evolving ratios that do not monotonically increase over the course of certain stepped heating 

analyses. Potential explanations for these anomalous ratios include: (i) inaccuracy in the 4He 

blank correction for a particular heating step, or (ii) small cracks within the crystal that were 

not visible via optical microscopy. To minimize the influence of anomalous 4He/3He ratios 

and simultaneously place some constraint on the most likely cooling scenarios, these data 

(open grey boxes in Fig. 7 a, c) were excluded from the calculation of misfit statistics. 
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Somehow, inclusion of these data would result in lower levels of confidence in the excluded 

cooling paths, with most of the constraint therefore derived from the AHe age alone.
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Supplementary Figures 

	

Fig. S1 - QTQt thermal modelling 
outputs for the FzR massif. A) 
Expected (weighted mean) T-t model 
based on AHe and ZHe data presented 
in Fig. 4 a, the red line correspond to 
the output thermal history for the 
highest elevation sample, and the blue 
line to the output thermal history for 
the lowest elevation sample, the grey 
lines are output thermal histories of the 
intermediate samples. The cyan and 
magenta lines bound the 95% 
confidence interval of the expected 
model for the lowest and the highest 
elevation samples, respectively. The 
black box indicates the initial thermal 
constraints, and the redbox is 
representing general T-t priors. B) 
Observed vs. the predicted age 
diagram with the single-grain AHe 
(green triangles) and ZHe (downward 
green triangles) corrected ages plotted 
to show the statistical fit of the model. 
C) The geothermal gradient (red line) 
and 95% of confidence interval 
(magenta lines) predicted for the 
inversion thermal modelling. Note that 
the late-stage evolution is reflecting 
the gradual transition form geothermal 
(35 ± 10 °C/km) to atmospheric 
(lapse rate, 6 ± 2 °C/km) gradient 
during rock exhumation towards the 
surface. 
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Fig. S2 - QTQt thermal modelling 
outputs for the TdP massif, Central 
transect. A) Expected (weighted 
mean) T-t model based on AHe data 
presented in Fig. 4 b, the red line 
correspond to the output thermal 
history for the highest elevation 
sample, and the blue line to the output 
thermal history for the lowest 
elevation sample, the grey lines are 
output thermal histories of the 
intermediate samples. The cyan and 
magenta lines bound the 95% 
confidence interval of the expected 
model for the lowest and the highest 
elevation samples, respectively. The 
black box indicates the initial thermal 
constraints, and the redbox is 
representing general T-t priors. B) 
Observed vs. the predicted age 
diagram with the single-grain AHe 
corrected ages (green triangles) plotted 
to show the statistical fit of the model. 
C) The geothermal gradient (red line) 
and 95% of confidence interval 
(magenta lines) predicted for the 
inversion thermal modelling. Note that 
the late-stage evolution is reflecting 
the gradual transition form geothermal 
(35 ± 10 °C/km) to atmospheric 
(lapse rate, 6 ± 2 °C/km) gradient 
during rock exhumation towards the 
surface. 
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Fig. S3 - QTQt thermal modelling 
outputs for the TdP massif, North 
transect. A) Expected (weighted 
mean) T-t model based on AHe data 
presented in Fig. 4 b, the red line 
correspond to the output thermal 
history for the highest elevation 
sample, and the blue line to the output 
thermal history for the lowest 
elevation sample. The cyan and 
magenta lines bound the 95% 
confidence interval of the expected 
model for the lowest and the highest 
elevation samples, respectively. The 
redbox is representing general T-t 
priors. B) Observed vs. the predicted 
age diagram with the single-grain AHe 
corrected ages (green triangles) plotted 
to show the statistical fit of the model. 
C) The geothermal gradient (red line) 
and 95% of confidence interval 
(magenta lines) predicted for the 
inversion thermal modelling. Note that 
the late-stage evolution is reflecting 
the gradual transition form geothermal 
(35 ± 10 °C/km) to atmospheric 
(lapse rate, 6 ± 2 °C/km) gradient 
during rock exhumation towards the 
surface. 
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Fig. S4 - QTQt thermal modelling 
outputs for the TdP massif, West 
transect. A) Expected (weighted 
mean) T-t model based on AHe data 
presented in Fig. 4 b, the red line 
correspond to the output thermal 
history for the highest elevation 
sample, and the blue line to the output 
thermal history for the lowest 
elevation sample. The cyan and 
magenta lines bound the 95% 
confidence interval of the expected 
model for the lowest and the highest 
elevation samples, respectively. The 
redbox is representing general T-t 
priors. B) Observed vs. the predicted 
age diagram with the single-grain AHe 
corrected ages (green triangles) plotted 
to show the statistical fit of the model. 
C) The geothermal gradient (red line) 
and 95% of confidence interval 
(magenta lines) predicted for the 
inversion thermal modelling. Note that 
the late-stage evolution is reflecting 
the gradual transition form geothermal 
(35 ± 10 °C/km) to atmospheric 
(lapse rate, 6 ± 2 °C/km) gradient 
during rock exhumation towards the 
surface. 
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Supplementary Tables 

Table S1 a. Stepwise 4He/3He degassing data for Torres del Paine sample 04-JM-90a. 

04-JM-90a 
(758 m) 

      

Step Temperature* 

(°C) 

Duration 

(hours) 

3He 

(x106 
atoms) 

(±) 

(x106 
atoms) 

4He/3He (±) 

1 210 0.2 0.006 0.001 2058.40 6513.08 

2 225 0.5 0.049 0.004 391.81 303.77 

3 260 0.38 0.096 0.007 437.33 163.28 

4 300 0.51 0.444 0.022 376.70 39.49 

5 300 0.66 0.233 0.014 589.97 82.25 

6 310 0.66 0.287 0.017 612.92 70.86 

7 330 0.46 0.297 0.017 746.94 78.31 

8 340 0.45 0.349 0.019 815.25 72.20 

9 350 0.48 0.377 0.020 965.31 77.20 

10 350 0.66 0.421 0.021 1054.30 75.91 

11 370 0.53 0.503 0.024 1233.72 76.86 

12 400 0.48 0.723 0.029 1537.27 72.97 

13 410 0.5 0.799 0.031 1542.67 69.22 

14 420 0.56 0.700 0.029 1902.99 89.92 

15 440 0.63 0.864 0.032 1971.67 80.89 

16 475 0.5 0.803 0.031 2183.20 94.58 

17 500 0.5 0.590 0.026 2101.45 110.96 

18 600 0.5 0.489 0.023 2391.61 141.96 

19 700 0.5 0.006 0.001 9494.85 26907.71 

20 900 0.5 0.010 0.001 659.04 1768.82 
 
Notes. *Temperatures of these analyses are approximate, and controlled to ±50 °C. 
BDL: Below Detection Limit. 
Effective model: a = 59.9 µm; U = 21.0 ppm; Th = 27.1 ppm.  
Single-grain replicates: (U-Th-Sm)/He age = 6.60 ±1.22 Ma; mean replicates a = 60.3 µm. 
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Table S1 b. Stepwise 4He/3He degassing data for Torres del Paine sample 13-TP-26a. 

13-TP-26a 
(206 m) 

      

Step Temperature* 

(°C) 

Duration 

(hours) 

3He 

(x106 
atoms) 

(±) 

(x106 
atoms) 

4He/3He (±) 

1 210 0.2 0.010 0.001 BDL BDL 

2 225 0.5 0.137 0.010 9.68 38.31 

3 260 0.38 0.299 0.018 6.56 19.96 

4 300 0.51 0.947 0.035 17.33 4.95 

5 300 0.66 0.657 0.029 24.36 11.64 

6 310 0.66 0.570 0.026 38.46 11.12 

7 330 0.46 0.617 0.028 49.51 9.70 

8 340 0.45 0.674 0.029 50.97 8.84 

9 350 0.48 0.766 0.031 56.26 7.51 

10 350 0.66 0.708 0.030 69.94 8.53 

11 370 0.53 0.813 0.032 74.44 9.58 

12 400 0.48 1.373 0.043 74.09 5.37 

13 410 0.5 1.318 0.042 77.77 5.66 

14 420 0.56 1.380 0.043 82.26 5.62 

15 440 0.63 1.850 0.051 81.79 3.72 

16 475 0.5 2.793 0.063 87.70 3.39 

17 500 0.5 2.323 0.057 102.05 3.94 

18 600 0.5 2.594 0.061 122.40 4.74 

19 700 0.5 0.135 0.010 307.72 63.39 

20 900 0.5 0.053 0.005 670.05 254.61 
 
Notes. *Temperatures of these analyses are approximate, and controlled to ±50 °C. 
BDL: Below Detection Limit. 
Effective model: a = 61.0 µm; U = 12.2 ppm; Th = 52.6 ppm.  
Single-grain replicates: (U-Th-Sm)/He age = 4.20 ±0.94 Ma; mean replicates a = 60.8 µm. 
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Table S2. Estimates of the radiation damage, kinetic He diffusion parameters and closure temperature of the 
ZHe system in the Fitz Roy massif samples in a scenario in which the low ∝-dose is linked to the relatively 
young age of the pluton of ca. 12.5 Ma (Ramírez de Arellano, 2012). The ∝-dose, f and D0 estimates were 
calculated based in Geutheron et al. (2020), using a common Ea value of 133 kJ/mol (see text for details), 
and the Tc estimate were based in Dodson (1979).  

 

Zircon (U-Th-Sm)/He 
data 

Corrected 
Age ± 1σ  
(Ma) 

eU 
(ppm) ∝-dose 

Ea 
(J/mol) f (%) D0 (m2/s) Tc (°C) 

zFZR3-1 8,24 226,86 6,11797E+15 133000 0,2 0,00008 90,6 

zFZR3-2 8,47 307,51 8,51577E+15 133000 0,2 0,00008 91,16 

zFZR3-3 8,24 542,86 1,4624E+16 133000 0,6 
2,66667E-
05 99,15 

zFZR3-4 8,50 548,91 1,52487E+16 133000 0,6 
2,66667E-
05 99,15 

zFZR3-5 8,69 577,81 1,64245E+16 133000 0,6 
2,66667E-
05 98,83 

FZR3 8,43 ± 0,19   

     zFZR4-1 8,30 403,74 1,09639E+16 133000 0,5 0,000032 95,7 

zFZR4-3 8,26 334,71 9,03723E+15 133000 0,2 0,00008 90,3 

zFZR4-4 7,14 1204,03 2,81155E+16 133000 1 0,000016 100,69 

zFZR4-5 7,31 769,46 1,83981E+16 133000 0,8 0,00002 101,56 

FZR4 AV 7,75 ± 0,61   

     zFZR5-1 8,66 978,23 2,77215E+16 133000 1 0,000016 103,44 

zFZR5-2 9,54 293,70 9,1662E+15 133000 0,3 
5,33333E-
05 91,26 

zFZR5-3 6,22 484,01 9,85664E+15 133000 0,2 0,00008 87,73 

zFZR5-4 9,72 584,72 1,8603E+16 133000 0,8 0,00002 98,09 

zFZR5-5 6,11 591,26 1,18174E+16 133000 0,5 0,000032 94,26 

FZR5 AV 8,05 ± 1,77   

     zFZR6-1 12,87 1244,72 5,23982E+16 133000 2 0,000008 108,37 

zFZR6-2 11,59 1331,37 5,05061E+16 133000 2 0,000008 106,56 

zFZR6-3 9,58 1087,78 3,40949E+16 133000 1,5 
1,06667E-
05 103,3 

zFZR6-4 6,68 435,66 9,51279E+15 133000 0,2 0,00008 87,38 

FZR6 AV 
10,18 ± 
2,70 

      Eu is the age-effective uranium concentration, Ea is the activation energy, f is the damage fraction, D0 is the initial diffusion 
coefficient, and Tc is the effective closure temperature of the ZHe system. 
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Abstract 

Orogens and volcanic arcs at continental plate margins are primary surface expressions of 
convergent plate tectonics. Although it is established that climate affects the shape, size, and 
architecture of orogens via orographic erosion gradients, the ascent of magma through the 
crust and location of volcanoes along magmatic arcs have been considered insensitive to 
erosion. However, available data reveal westward migration of late-Cenozoic volcanic 
activity in the Southern Andes and Cascade Range where orography drives an eastward 
migration of the topographic water divide by increased precipitation and erosion along west-
facing slopes. Thermomechanical numerical modelling shows that orographic erosion and the 
associated leeward topographic migration may entail asymmetric crustal structures that drive 
the magma ascent toward the region of enhanced erosion. Despite the different tectonic 
histories of the Southern Andes and the Cascade Range, orographic erosion is a shared causal 
mechanism that can explain the late-Cenozoic westward migration of the volcanic front along 
both magmatic arcs. 
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Introduction 

Volcanic arcs at convergent plate margins are located above the zone of dehydration 

of a subducting oceanic plate, leading to partial melting of mantle rocks at depths around 

~100 km, depending on the mean slab dip angle, convergence velocity and thermal structure 

of the slab and mantle wedge1–4. Assuming a vertical magma transfer from the mantle 

melting zone to the upper crust in subduction settings4, slab rollback and trench retreat lead to 

arc migration towards the subducting plate, whereas slab flattening and trench advancement 

force the migration of the arc front towards the continent3,5,6. In addition to processes that 

change the depth and position of the mantle melting zone, lithospheric brittle-ductile shear 

zones serve as fundamental conduits to drive the magma ascent to the surface, thereby 

affecting the location of the volcanic arc front with respect to the magma source in the mantle 

and crust7–10. The evolution of lithospheric brittle-ductile structures, in turn, depend on the 

erosion patterns, besides several other factors such as inherited structures, lithology, and 

convergence rate11–13. As a general rule, under the same tectonic conditions, low erosion rates 

allow forming high and wide orogenic plateaus, whereas high erosion rates imply the 

formation of smaller orogenic wedges. The climate-tectonics feedbacks also involve 

orography such that, if the orogen acts as a barrier to atmospheric circulation, enhanced 

precipitation and erosion on upwind slopes force a leeward migration of the 

topography11,13,14. Although the climatic control on the overall orogenic architecture via 

surface processes has been largely investigated, its control on rock melting and magma 

transfer, recognized in extensional settings15–18, has been essentially overlooked in 

convergent continental margins. Here, we propose that an orographic leeward migration of 

the topographic load may entail the upwind migration of the volcanic arc front due to 

formation of asymmetric crustal shear zones that allow for magma ascent through the crust, a 

mechanism that explains observations along the northern and southern American Cordillera. 

 

The Cascade Range and Southern Andes case studies 

The Cascade Range and Volcanic Arc (CVA) are generated by the subduction of the 

oceanic Juan de Fuca Plate (JDF), a remnant of the larger and long-lived Farallon Plate, 

beneath the western margin of the North American continent between latitudes 40–50 °N 

(Ref. 19,20). Current subduction occurs at an average rate of ~4 cm/yr, increasing from ~3 to 

~4.5 cm/yr from south to north21. The subducting plate is ~10 Ma old in its central part at ~45 
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°N and rejuvenates toward its northern and southern edges (Fig. 1a) providing an example of 

young, hot and buoyant subducting slab19–25. Resistance to subduction and break-up of the 

JDF Plate into the Explorer and the Gorda microplates is therefore increased since the last ~6 

Ma in the north and south respectively21,26,27. Asthenospheric upwelling is proposed where 

break-up between the JDF and the Explorer plates occurs accommodated by the transform 

Nootka Fault entering into subduction21,27, and along the southern edge of the JDF plate, 

nearby the Mendocino Triple Junction19,21. Emplacement of volcanic and plutonic rocks in 

the North Cascades (48-50 °N) occurs through compressive and transcurrent shear zones, 

such as the Straight Creek and Ross Lake fault, that accommodate the accretion of 

allochthonous terranes since the Mesozoic28–30. These shear zones were suggested as 

preferential conduits for the emplacement of the Chilliwack Batholith, which crystallized 

from ~35 to ~4 Ma and is considered of the same magmatic origin as the Quaternary Mt. 

Baker volcano23,31–34 (transect Fig. 1 a,b). The volcanic arc in the North Cascades migrates 

from the northeast towards the southwest since at least ~4 Ma. If one considers the intrusive 

rocks of the Chilliwack Batholith the onset of such trend can be dated back to ~12 Ma (Ref. 
23,31–33). Conversely, in the High Cascades (40-48°N) volcanic rocks erupted since the late 

Miocene are preserved, providing the record of an eastward migration of the arc front23,31–34 

in a predominantly transtensional tectonic regime that extends into the Basin and Range 

sector19,20,34,35. 

The North Cascades interact with westerly Pacific winds, which generate ten times 

higher precipitation rates on western slopes with respect to the eastern side of the orogen at 

latitudes where the westerlies are perpendicular to the orogenic belt36 (north of ~46° N, Fig 

1a). This precipitation pattern is consistent with focused rock exhumation in the western flank 

of the North Cascades since ~10 Ma (Fig. 1b), suggesting that orographic effects are long 

term features in western North America11,14,37–40. While Mesozoic to Tertiary plutonic rocks 

and metamorphic basement are exhumed in the North Cascades due to orographic erosion, 

Tertiary to Quaternary volcanics are still preserved in the High Cascades23,30,31,33,37. 

Accordingly, the topographic water divide north of ~46 °N is 40-70 km more to the east and 

the average elevation is lower by about 500-1000 m than in the southern sector (Fig. 1a,b). 

The water divide migration is supposed to have occurred during the Plio-Quaternary14. 

Quaternary volcanoes north of ~46 °N commonly overlie slab isodepths <100 km and are 

systematically located west of the topographic water divide (Fig. 1a). Quaternary volcanoes 
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south of ~46 °N, instead, overlie slab isodepths ≥100 km and are found along the topographic 

water divide.  

The Southern Andes Volcanic Zone (SVZ) is generated by the subduction of the 

Nazca oceanic plate below the western margin of the South American continent between 

latitudes 33–46 °S (Fig. 1c). Subduction occurs at an average rate of ~7 cm/yr (Ref. 41) with 

an average slab dip angle of ~25 ° (Refs. 42,43) since the late Miocene44. The age of the 

subducting oceanic plate decreases southward from ~40 Ma to present-day where the Chile 

Ridge is currently entering into subduction at the Chile Triple Junction (CTJ, Ref. 45). In the 

southern Central Andes (33–38 °S) several fold-and-thrust belts accommodate deformation 

and volcanic emplacement since at least the Miocene44,46,47. In the northern Patagonian Andes 

(38–46 °S) the general compressive tectonic regime changes to transpressive accommodated 

by the major strike-slip Liquiñe-Ofqui Fault Zone (LOFZ) active since at least ~5 Ma, with 

denudation ages between ~16-10 Ma suggesting an earlier activation48–51. In this sector, the 

Patagonian Batholith is exposed, which allows for reconstructions of the magmatic arc 

migration since the Cretaceous52. Conversely, batholiths are not exposed in the Central Andes 

where deformed volcanic and sedimentary rocks are preserved at the surface44,46. Eruption 

and emplacement ages of volcanic and intrusive rocks south of 40 °S suggest a westward 

migration and narrowing of the southern volcanic front by around 50 km into the region of 

the LOFZ since at least the Pleistocene47,53–55 (e.g., Tronador-Osorno transect, Fig. 1c,d). 

Similarly to the Cascade Range, south of 40 °S the SVZ interacts with westerly 

Pacific winds perpendicular to the orogenic belt associated with significantly increased 

precipitation on the western slopes of the Southern Andes36 (Fig. 1c). Exhumation ages 

younger than ~10 Ma are recorded in the western part of the orogen, whereas systematically 

older exhumation ages are recorded on the drier eastern peaks of the orogen49,50,56 (Fig. 1d). 

An abrupt increase in exhumation rates since ~7 Ma is recorded in the Patagonian Andes, 

pinpointing the onset of Andean glaciations40,49,56–58. An erosion hotspot at 42-46 °S is 

observed in thermochronologic data 2±2 Ma (Fig. 1c, Ref. 58). In addition, an overall 

decrease in mean elevation from about 3 km to 1 km and an ~70 km eastward migration of 

the topographic water divide further testify the long-term regional orographic effects on the 

Andean topography56,59. Quaternary stratovolcanoes overlie slab isodepths ≤100 km south of 

40 °S and are systematically west of the topographic water divide (Fig. 1c) whereas, north of 

40 °S, they overlie slab isodepths >100 km and are found along the main topographic divide. 
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Fig. 1. Data compilation from the Cascade Range and the Southern Andes. (a, c) Maps of the Cascade 
Range and Southern Andes with mean annual precipitation36 and approximated direction of westerlies winds 
(blue arrows), Quaternary volcanoes60 (red triangles: arc volcanoes; black triangles: within-plate volcanoes21,47), 
convergence velocity (gray arrows)21,41, isodepths of the top of the slab43 (white lines), Quaternary exhumation 
rates40,58 (red lines), topographic water divide (blue line), subduction trench (black line) and the age range of 
oceanic plates25,45. The insets show where the thermochronological data plotted in (b, d) were compiled 
(Supplementary Table 1a-d) and the dashed lines show the location of the east-west profiles through the Mt. 
Baker (MB) in CVA, and Osorno (OS) and Tronador (TD) volcanoes in SVZ. Abbreviations: AT: Antarctic 
Plate; NZ: Nazca Plate; SAM: South American Plate; NAM: North American Plate; JDF: Juan de Fuca Plate; 
GD: Gorda Plate; PC: Pacific Plate; CTJ: Chile Triple Junction; MTJ: Mendocino Triple Junction; LOFZ: 
Liquiñe-Ofqui Fault Zone; SCF: Straight Creek Fault, RLF: Ross Lake Fault. (b, d). Top panels show the mean 
and maximum elevations (water divide location shown by the black downward triangle, blue arrows show the 
direction of migration of the topographic water divide). Central panels show the mean annual precipitation rates 
and apatite (U-Th)/He (AHe) and fission tracks (AFT) ages (Supplementary Table 1a,c and references therein). 
Bottom panels show emplacement ages of intrusive and volcanic rocks based on K-Ar and 40Ar/39Ar in volcanic 
and intrusive rocks, and zircon fission tracks (ZFT) in intrusive rocks (Supplementary Table 1b,d and references 
therein), red arrows represent the main sense of volcanic arc migration/narrowing.  
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The observed topographic leeward and volcanic arc front windward migrations, shared 

by both the CVA and SVZ despite the different tectonic history, suggest a potential climatic 

control via erosion on the long-term evolution and location of these continental volcanic arcs. 

Hereafter, we assess the plausibility of a coupling between crustal magma transfer and 

climate-controlled erosion. 

 

Coupled geodynamic and erosion numerical modelling 

We use a thermo-mechanical (visco-elasto-plastic) geodynamic numerical model 

coupled to the stream power erosion model (see Methods) to test the hypothesis of an upwind 

(i.e., westward) migration of the magma ascent and volcanic arc front forced by orography-

driven topographic change. The model accounts for the continental crust, upper mantle, 

asthenosphere (rheological properties are shown in Supplementary Table 2) and a wedge-

shaped topography up to 2.5 km high. In a first set of numerical experiments, we impose the 

initial topography directly above or shifted to the right with respect to a central mantle 

melting zone (MMZ), analogue to the region where partial melting is generated at ~100 km 

depth feeding crustal magma reservoirs and surface volcanoes1–4 (Fig. 2 and Supplementary 

Figs. 1-4), and no erosion is imposed. This first set of numerical experiments allows us to 

assess changes in the magma ascent prior to and after the topographic landscape has adjusted 

to an orographic erosional gradient. In a second set of simulations we impose asymmetric 

surface erosion, with stream power erosion rates being one order of magnitude higher on left-

facing slopes than on right-facing slopes. In these experiments, we consider an initial 

topography directly above the MMZ (Fig. 3 and Supplementary Figs. 5-8), consistently with 

observed exhumation rate patterns from the CVA14,37–40 and SVZ40,49,56–58. The local drainage 

areas and topographic slopes, continuously adjusting to the progressive crustal deformation 

due to the emplacement of magma, modulate the erosion rates11,61 (see eq. 13 in Methods), 

allowing us to address the transient evolution of magma ascent as the topography adjusts to 

orographic erosion. In order to isolate the effects of climate-driven orography over the crustal 

trajectories of magma emplacement and ascent towards the surface, we did not impose any 

tectonic convergence, subduction of oceanic plate, crustal accretion nor sedimentation in 

these experiments, which simply evolve by upwelling of buoyant magma into the crust until 

depletion of the MMZ over about 0.3 Ma. This is obviously an oversimplification, but it 

reduces the degree of complexity of the model and removes any effect from poorly 

constrained parameters (e.g. spatial-temporal changes in convergence rate or 
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thermal/mechanical/rheological properties). Although this approach does not allow to 

reproduce the geologic history of the CVA and SVZ in our simulations, it enables us to 

explore plausible orographic effects on the joint evolution of the topographic landscapes, 

crustal structures and magma ascent observed in these settings, that is our ultimate goal. We 

obviously bear this limitation in mind when framing our results in the contexts of the CVA 

and SVZ. 

The model domain extends over 200 × 120 km (horizontal, x, and vertical, y, 

dimensions), resolved by 201 × 61 grid points respectively, and is distributed on an irregular 

Eulerian grid that accounts for a maximum resolution of 1 km along the x and y directions in 

the upper-central part of the model domain. 400 × 400 Lagrangian markers are randomly 

distributed along the x and y dimensions and used for advecting the material properties16,62,63 

(Supplementary Table 2). The material properties carried by Lagrangian markers are then 

interpolated onto the Eulerian grid via a 4th order Runge-Kutta interpolation scheme62,63. An 

internal free surface is simulated through a 10 -km thick layer of sticky air62. The velocity 

boundary conditions are free slip at all boundaries (x = 0 and x = 200 km; y = 0 and y = 120 

km). The initial temperature gradient is piece-wise linear resulting from an adiabatic 

temperature gradient of 0.5 °C/km in the asthenosphere64 and thermal boundary conditions 

fixed at 0 °C at the surface and 1327 °C at the lower boundary, with nil horizontal heat flux 

across the vertical boundaries63. Temperature is set to 1327 °C in the MMZ, that is initially 

circular with 20 km diameter and imposed in the center of the model domain at 100 km 

depth, consistent with estimates from the CVA21,65 and SZV1,66,67. The upward transfer and 

emplacement of magma into the crust occurs by buoyancy through a 3 -km wide magmatic 

channel, which allows for a simplified representation of magmatic percolation by 

hydrofractures, diffusion, porous flow, and reactive flow through the rheologically stronger 

mantle lithosphere63. The bulk composition of the MMZ is ultramafic, but enrichment by 

25% mafic melt is prescribed in the magmatic channel63. The viscosity, 𝜂!"#$%&' (Eq. 3 in 

Methods), of partially molten rocks (with ξ > 0.1, Eq. 10 in Methods) is assigned a low 

constant value of 1016 Pa s, and the 𝜂!"#$%&' upper limit is set to 1025 Pa s (Refs. 16,63,64). The 

topographic wedge measures 2.5 km in simulations with central topography, and 1.5 km in 

simulations with lateral topography, consistent with the observed orography-related change in 

mean altitude in the CVA and SVZ (Refs. 38,39,56,59). 

The parametric study focuses on three main parameters. First, the crustal thickness 

(Ch) varies between 45 and 35 km, consistently with literature values42,65. Second, the initial 
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depth of the magmatic channel upper tip (Dmc), which assumes values of 15, 20, and 25 km 

to account for efficient/inefficient magma transfer through the crust. Values are based on 

estimates of the depth of the regional brittle-ductile transition (~20 km, Refs. 42,51,65), 

assuming that the rheology of the upper plate crust exerts a primary control on the efficiency 

of magma transfer. Third, the thickness of the thermal lithosphere (Lh) varies between 90 and 

100 km allowing us to account for variations of the elastic lithosphere between ~55 and ~65 

km, as estimated from the regional geophysical data42,65. 

 

Results 

Results from the first set of numerical experiments show that the emplacement of 

magma into the crust is accommodated by structures that affect both the brittle upper crust 

and the ductile lower crust. Simulations that account for an initial central topography allow 

the formation of symmetric crustal magma reservoirs and structures with respect to the MMZ, 

feeding volcanoes on both sides of the topographic wedge (Fig. 2a,b and Supplementary Figs. 

1-4). Simulations that account for an initial lateral topography develop highly asymmetric 

crustal magma reservoirs and structures, feeding volcanoes on the opposite side of the initial 

topographic wedge (Fig. 2c,d and Supplementary Figs. 1-4). We define the degree of 

asymmetry of the resultant structures (shown by the cumulative bulk strain in Figs. 2b,d and 

3) as 𝛿𝑑 = 𝑑𝑟 − 𝑑𝑙, where 𝑑𝑟 and 𝑑𝑙 are the maximum horizontal distance between the 

center of the model domain and the surface fault tips to the right and left, respectively. 

Increasing positive and negative 𝛿𝑑 values indicate increasing asymmetry toward the right 

and left of the system, respectively (results in Table 1 and Fig. 4). For all tested 

configurations, a thin crust (Ch = 35 km) and a cold lithosphere (Lh = 100 km) facilitate the 

brittle strain (Fig. 2 and Supplementary Figs. 1,2). When the initial topography is lateral, the 

leftward asymmetry of the strain and magma ascent is enhanced (Figs. 2c-d, 3, and 

Supplementary Figs. 1,2). When the initial depth of the magmatic channel upper tip is deep 

(Dmc = 25 km), the viscous strain in the lower crust accommodates the emplacement of 

magma, inhibiting the formation of brittle upper crustal structures and the rise of magma to 

the near surface (Supplementary Figs. 1-4). When Dmc is shallow (15 km), the magma rises 

easily to the surface through brittle structures near the center of the model, resulting in 

relatively small values of 𝛿𝑑 (Fig. 4 and Supplementary Figs. 1-4). When Dmc is 

intermediate (20 km), brittle-ductile structures cross through the crust reaching the surface at 

further distance from the center of the model (Figs. 2-3, and Supplementary Figs. 1,3,4). In 
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the reference model (i.e., Ch = 35 km, Lh = 100 km, and Dmc = 20 km, Fig. 2), an initial 

lateral topography leads to 𝛿𝑑 ≈ −45 km (i.e., leftward asymmetry), comparable to the 

observed westward migration of the magmatic arcs in the natural case studies (Fig. 1). We 

further remark that, in simulations with initial central topography, a symmetric set of thrusts 

rooted in the region of magma emplacement form a pop-up structure similar to those 

observed in the northern sector of the SVZ 46,47. In the simulations with initial lateral 

topography, the asymmetric thrust verging towards the west is similar to the “Western 

Patagonian Thrust” proposed by Ref. 51. 

Results from the second set of simulations show that the progressive rightward 

migration of the topographic divide leads to negative 𝛿𝑑 values when Ch = 35 km (Figs. 3, 4, 

and Supplementary Figs. 5,6). The topography migrates toward the right ~20 km in ~0.3 Ma 

(Fig. 3c and Supplementary Figs. 5,6), roughly consistent with the eastward migration of the 

water divide by ~50-70 km observed in the study regions during the Plio-Quaternary. Uplift 

of additional topographic peaks on the left side of the model domain occurs due to left-

verging thrusts accommodating the magma ascent. We associate this topography to that of 

volcanic edifices west of the main topographic divide (Fig. 1). When the crust is thick (Ch = 

45 km) the viscous strain accommodates almost entirely the magma emplacement and limited 

bulk strain accumulates along shallow brittle faults that tend to be symmetric (Fig. 3 and 

Supplementary Figs. 7,8). Accordingly, no topographic relief is generated on the left side of 

the model domain and the topography migrates to the right by ~10 km in ~0.3 Ma 

(Supplementary Figs. 7,8). 
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Fig. 2. Numerical outcomes of the first set of simulations (Ch = 35 km, Lh = 100 km, Dmc = 20 km). (a,c) 
Initial and final lithologic and thermal distribution of the reference simulations with initial central and lateral 
topography. The color layering in the crust shows the deformation and the vertical exaggeration of the 
topographic profiles is 3x. (b,d) Initial and final cumulative bulk strain of the same numerical simulations 
shown in (a,c). Note the final symmetric system of brittle-ductile structures accommodating the rise of magma 
to near the surface with initial central topography (a,b). Note the final asymmetric system of brittle-ductile 
structures, leading to left-verging magma ascent with initial lateral (shifted rightward) topography (c,d). 
𝛿𝑑 = 𝑑𝑟 − 𝑑𝑙, where 𝑑𝑟 and 𝑑𝑙 are defined in the text. SA – sticky air; C – crust; LM – lithospheric mantle; A – 
asthenosphere; MA – molten asthenosphere; MMZ: mantle melting zone. 
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Fig. 3. Initial, intermediate and final steps of selected numerical simulation with asymmetric erosion from 
the second set of simulations (Ch = 35 km, Lh = 100 km, Dmc = 20 km). Topographic profile (8x vertical 
exaggeration) and erosion rates (top panels), lithologic and thermal distribution (middle panels), and cumulative 
bulk strain (lower panels) of the initial state with central topography (a), early transient state (b), and advanced 
transient state (c). Note the initial water divide (white downward triangle) migrating to the right throughout the 
simulation (black downward triangle) due to asymmetric erosion and the final asymmetric system of brittle-
ductile structures, leading to lateral magma ascent toward the opposite side of the initial topography. 
Abbreviations are the same as in Fig. 2.  
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Table 1 – Results of the parametric study. Ch: crustal thickness, Lh: lithospheric thickness; Dmc: initial 
depth of the magmatic channel upper tip; dl and dr: maximum horizontal distances between the center of the 
model domain and the surface fault tips in surface to the left and to the right, respectively; 𝛿𝑑 = 𝑑𝑟 − 𝑑𝑙 is the 
degree of the asymmetry of the accumulated bulk strain (negative values show asymmetry to the left). 

 

Ch (km) Lh (km) Dmc (km) Initial 
topography 

Orographic 
Erosion 

dl (km) dr (km) δd=dr-dl 
(km) 35 90 15 Central No 65 60 -5 

35 90 20 Central No 70 65 -5 
35 90 25 Central No 10 10 0 
35 90 15 Lateral No 50 10 -40 
35 90 20 Lateral No 50 5 -45 
35 90 25 Cateral No 64 64 0 
35 100 15 Central No 15 15 0 
35 100 20 Central No 65 65 0 
35 100 25 Central No 65 65 0 
35 100 15 Lateral No 15 5 -10 
35 100 20 Lateral No 45 0 -45 
35 100 25 Lateral No 50 10 -40 
45 90 15 Central No 90 100 10 
45 90 20 Central No 3 13 10 
45 90 25 Central No 0 0 0 
45 90 15 Lateral No 90 25 -65 
45 90 20 Lateral No 25 5 -20 
45 90 25 Lateral No 25 5 -20 
45 100 15 Central No 90 100 10 
45 100 20 Central No 90 100 10 
45 100 25 Central No 0 0 0 
45 100 15 Lateral No 90 10 -80 
45 100 20 Lateral No 90 0 -90 
45 100 25 Lateral No 30 5 -25 
35 90 15 Central Yes 93 3 -90 
35 90 20 Central Yes 95 10 -85 
35 90 25 Central Yes 25 0 -25 
35 100 15 Central Yes 70 10 -60 
35 100 20 Central Yes 70 0 -70 
35 100 25 Central Yes 70 10 -60 
45 90 15 Central Yes 10 10 0 
45 90 20 Central Yes 8 5 -3 
45 90 25 Central Yes 0 0 0 
45 100 15 Central Yes 13 5 -8 
45 100 20 Central Yes 5 5 0 
45 100 25 Central Yes 0 0 0 

 

 



Chapter 4   Muller et al., Scientific Reports (2022) 

155 

 

Fig. 4. Results of the parametric study. Initial depth of the magmatic channel upper tip (Dmc) vs. 𝛿𝑑 (see text), 
with initial central (a) and lateral (b) topography. Triangles in panel (a) are the results of simulations with 
asymmetric erosion (i.e., second set of simulations, see text). Negative values show asymmetry to the left of the 
mantle melting zone (MMZ) (i.e., central vertical axis of the model domain). Values of Ch and Lh are shown in the 
legend, cold and hot colors show simulations with thin and thick crust, respectively. See results of simulations in 
Figs. 2, 3, Supplementary Figs. 1-8, and Table 1. 

 
Discussion 

The break-up of the Farallon plate into the Juan de Fuca and Nazca plates in the early 

Miocene established a kinematic configuration similar to the present day in terms of slab 

partitioning and convergence rates along the American Cordillera20,44. Although the onset of 

the eastward migration of the topographic water divide in the CVA and the SVZ is uncertain, 

systematically younger exhumation ages on the western slopes of both the North Cascades 

and northern Patagonian Andes (Fig. 1) suggests that orographic effects were already 

established in the latest Miocene37–39,56,57, leading to the formation of the current landform 

throughout the Pleistocene14,39,58,59. Although low-temperature thermochronometric ages 

constrain the onset of enhanced erosion between ~10 and ~6 Ma in the North Cascades and 

the Southern Andes, respectively37,38,56, large uncertainties exist about the paleo position of 

topographic water divide and paleo-elevations in general. A similar issue pertains to the onset 

of arc front migration, which can be only roughly constrained from batholith ages31,52, but 

precise information about the exact position of the paleo volcanic arc front is lacking. Our 

modelling results show a fast response of the crustal strain and magmatic plumbing system to 

orographic erosion, which adjust to topographic changes in just a few hundreds of thousands 

of years (Figs. 2 and 3). 

In the CVA, the present-day clockwise rotation of the Oregon and Washington blocks 

and the counterclockwise displacement of the volcanic front since the Miocene have been 



Chapter 4   Muller et al., Scientific Reports (2022) 

156 

 

ascribed to differential along strike rollback of the Juan de Fuca slab20,31,34,35. However, since 

the magmatic source follows the rollbacking slab1,4–6, this model requires some unjustified 

degree of decoupling between rollback and arc front migration34. In the North Cascades, the 

increase in the rate of arc front migration towards the southwest since ~4 Ma (Refs. 31–33) 

requires faster slab rollback rates than during the late Miocene, difficult to reconcile with the 

transpressive regime and present northeastward displacements of the Washington block31,34. 

The presence of slab-derived magmas (i.e., adakites68) in southernmost and northernmost 

volcanoes of the CVZ may suggest shallower (i.e., closer to the trench) magma production 

near the breakup of the Juan de Fuca Plate into the Gorda and Explorer plates22,24,68. 

However, if the thermal gradient along the strike of the subduction system set alone the 

surface location of the volcanic arc, trench-ward migration of the volcanic front would be 

observed both in the northern and southern sectors of the CVA. Thus, the opposite sense of 

arc front migration in the North Cascades and in the High Cascades34 can hardly be explained 

by along-strike slab age and/or thermal changes alone. Since Quaternary volcanoes are 

emplaced over fault systems, orographic interactions with westerly Pacific winds (Fig. 1a,b) 

and the mechanistic link between asymmetric erosion and crustal structures accommodating 

the magma ascent (Figs. 2-5) appear as a suitable along-strike differential forcing to drive the 

observed latitudinal arc migration front trend reversal. Magnetotelluric data (Fig. 5) show 

westward dipping magmatic plumbing systems in the North Cascades69, consistent with our 

modelling results (Figs. 2c,d and 3) and an orographic control on the location of volcanic arc 

front. 

 In the Southern Andes, a Plio-Quaternary magmatic arc narrowing toward the 

west has been related to the steepening of a formerly shallow slab55 or a decrease in 

convergence velocity54. South of ~40 °S, Plio-Pleistocene strain localization along the 

transpressive system of the LOFZ has been ascribed to oblique convergence of the Nazca 

Plate and the CTJ approaching its current position48–50, driving the ascent of magmas and 

setting the observed trench-ward deflection of the SVZ8,48,49,54 (Fig. 1c). Geophysical imaging 

of the deep crust and mantle show that the crustal magma reservoirs of the Osorno volcano 

are located up to 10 km east of the volcanic edifice70, consistent with our modelling results 

and hypothesis of focused orographic erosion facilitating the strain and magma ascent across 

the windward side of orogens11–13 (Fig. 5). Field evidence regarding the presence of the west 

vergent “Western Patagonian Thrust”51 reinforces our proposal of asymmetric faults assisting 

magma ascent towards the west. Also in agreement with previous studies8, our models 
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indicate that orographic erosion of a thin crust facilitates the formation of major structures, 

suggesting that orographic erosion may have contributed to the activation, or re-activation, of 

the LOFZ. Heat advection from the younger slab and the CTJ in the south can likely enhance 

this effect. The Nazca Plate is younger toward its southern edge (CTJ) and thus the thermal 

regime of the subduction is likely higher in the northern Patagonian Andes53,67. However, no 

slab-derived magmas are found in the whole SVZ8,52,66,71 and the depth of the source of 

partial melting is unlikely to change significantly along the strike of the belt1,52,67. Differences 

in magma composition along the strike of the SVZ show a tendency toward more mafic 

magmas in the south. This trend can be simply explained by a reduced crust-magma 

interaction due to the thinner crust in this sector8,66,71, which also promotes the orographic 

forcing on the magma ascent proposed here (Fig. 4). 

We propose a common explanation to the westward migration of the volcanic arc 

fronts in the North Cascades and the northern Patagonian Andes, located several thousands of 

kilometers apart and in different tectonic/structural settings, by the shared orographic 

interactions between topography and westerly Pacific winds (Fig. 5). The climatic control on 

magmatism would occur not only through a forcing from ice building-melting and erosion on 

the magma production15,72, but also through orography and topographic change facilitating 

crustal strain and magma transfer verging toward the region of enhanced precipitation and 

erosion. Because volcanic arcs provide a substantial contribution to the evolution of climate 

across timescales, this recognition provides additional evidence of the tight coupling between 

climate, surface processes, magmatism, and plate tectonics73,74. 
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Fig. 5 - Schematic representation of the orographic forcing on the location of continental volcanic arcs. 
Cross-sections illustrate the magma ascent from a sub-lithospheric mantle melting zone (MMZ) to surface 
volcanoes (red triangles) trough newly-formed or reactivated structures. A) Analogy for orogens and volcanic 
arcs without orographic erosion, and B) with orographic erosion gradient. In the latter case, the deformation is 
enhanced on the windward side and so is the magma ascent through the brittle-ductile structures. C) Schematic 
representation of the crustal magma reservoirs interpreted from magnetotelluric data underneath the Osorno 
volcano showing the marked westward magma ascent in agreement with our modelling results and the proposed 
orographic effect on the location of the volcanic arc front (modified after Ref. 70). 
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Methods 

Thermomechanical model  

The numerical model is based on the finite differences with marker-in-cell technique 

and incorporates temperature-dependent rheologies for solid and partially-molten rocks63. 

The model accounts for (1) mechanical, (2) visco-elasto-plastic rheological, (3) thermal, and 

(4) partial rock melting components. A short description of the model components is 

provided hereafter. Additional details and full description of the numerical techniques are 

provided elsewhere16,62,63. 

 

Mechanical component 

The continuity equation, 

(1)  !"
!"

 + 𝛻(𝜌𝑣) =  0, 

where 𝜌 is the local density, 𝑡 𝑖𝑠 𝑡𝑖𝑚𝑒, 𝑣 is the velocity vector, and 𝛻 is the divergence 

operator, allows for the conservation of mass during the displacement of a geological 

continuum. 

The momentum equation, 

(2)  !!!"
!!!

 +  𝜌𝑔! =  𝜌 !!!
!"

 +  𝑣!
!!!
!!!

, 

where 𝜎!" is the stress tensor, 𝑥! and 𝑥! are spatial coordinates, and 𝑔! is the i-th 

component of the gravity vector, describes the changes in velocity of an object in the gravity 

field due to internal and external forces. 

 

Rheological component 

Ductile deformation is thermally activated and occurs by viscous flow. Diffusion and 

dislocation creep are computed based on material shear viscosity62,63, 𝜂!"#$%&', defined as: 

(3) !
!!"#$!"#

 =  !
!!"##

 +  !
!!"#$

 ,  

with 

 𝜂!"##  =  !!
!!!"!!!

𝑒𝑥𝑝 !! ! !!!
!"

, and 

 𝜂!"#$  =  !!
!
!

!
𝑒𝑥𝑝 !! ! !!!

!"#
𝜀!!
!
!!!, 
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where 𝜂!"## and 𝜂!"#$ are the shear viscosity for diffusion and dislocation creep, 

respectively, 𝜂! is the material static viscosity, 𝜎!" is the diffusion-dislocation transition 

critical stress, n is the stress exponent, 𝐸! is the activation energy, 𝑉! is the activation 

volume, P is pressure, R is the gas constant, T is temperature, and 𝜀!!  is the second invariant 

of the strain rate tensor. Then, the viscous deviatoric strain rate tensor, 𝜀′!" (!"#$%&#), is 

computed as: 

(4) 𝜀′!" (!"#$%&#) =  !
!!!"#$!"#

𝜎′!" +  𝛿!"𝜂!"#$𝜀!! =

!
!!!"##

𝜎′!" +
!

!!!"#$
𝜎′!" + 𝛿!"𝜂!"#$𝜀!!  , 

where 𝜎′!" is the deviatoric stress tensor, 𝛿!" is the Kronecker delta, 𝜀!! is the 

volumetric strain rate (e.g., related to phase transformations), 𝜂!"#$ is the bulk viscosity. 

Elastic deformation is reversible and assumes proportionality of stress and strain. The 

elastic deviatoric strain rate tensor, 𝜀′!" (!"#$%&'), is computed as: 

(5) 𝜀′!" (!"#$%&') = !
!!

 ! ̆!!!"
!"

 , 

where 𝜇 is the shear modulus and 
! ̆!!!"
!"

 is the objective co-rotational time derivative of 

the deviatoric stress tensor. 

Plastic (or brittle) localised deformation occurs at low temperature in the upper part of 

the lithosphere, after reaching the absolute shear stress limit, 𝜎!"#$%, is defined as: 

(6) 𝜎!"#$%  =  𝐶 + 𝑠𝑖𝑛 𝑠𝑖𝑛 (𝜑)𝑃 , 

where 𝐶 is cohesion and 𝜑 is the effective internal friction angle. The plastic strain 

rate tensor, 𝜀′!" (!"#$%&'), is then computed as: 

(7) 𝜀′!" (!"#$%&') = 0 𝑓𝑜𝑟 𝜎!! < 𝜎!"#$%, 𝜀′!" (!"#$%&') = 𝑋 !!!!"
!!!!

 𝑓𝑜𝑟 𝜎!! ≥ 𝜎!"#$%, 

where 𝑋 is the plastic multiplier which satisfies the plastic yielding condition 

𝜎!!  =  𝜎!"#$%. 

At the lithospheric scale, all deformation mechanisms occur jointly and the overall 

visco-elasto-plastic rock strain rate tensor, 𝜀′!"(!"#$), is defined as: 

(8) 𝜀′!"(!"#$) =  𝜀′!"(!"#$%&#)  +  𝜀′!"(!"#$%&')  +  𝜀′!"(!"#$%&') 
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Thermal Component 

Heat conservation during advective and conductive heat transfer in the continuum is 

computed by the energy equation: 

 

(9) 𝜌𝐶!
!"
!"
− 𝑑𝑖𝑣 𝑐𝛻𝑇  +  𝑣𝛻𝑇 =  𝐻!  +  𝐻!  +  𝐻!  +  𝐻!, 

 

where 𝐶! is specific heat capacity at a constant P, 𝑐 is the thermal conductivity, 

𝐻!  +  𝐻!  +  𝐻!  +  𝐻! are the volumetric heat productions by radiogenic, shear, adiabatic 

and latent heat, respectively. 𝐻! ∝  !"
!"

, 𝐻! =  𝜎′!"𝜀′!"(!"#$%&#), and 𝐻! and 𝐻! are the 

radiogenic and latent heat productions (defined in Supplementary Table 2). 

 

Partial melting component 

Partial melting occurs between the wet solidus, 𝑇!, and dry liquidus, 𝑇!, of the 

considered lithologies75–77 (Supplementary Table 2). 𝜉 is the volumetric fraction of melt that 

increases linearly with T at a constant P (Ref. 64), so that, 

 

(10){  𝜉 =  0 𝑎𝑡 𝑇 ≤  𝑇! 𝜉 =  
(𝑇 − 𝑇!)
(𝑇! − 𝑇!)

 𝑎𝑡 𝑇! < 𝑇 < 𝑇!  𝜉 =  1 𝑎𝑡 𝑇 ≥  𝑇!   

 

The effective density, 𝜌!"", of partially molten rocks is then computed by16,63:  

(11) 𝜌!""  =  𝜌! ( 1 –  𝜉 +  𝜉 !!
!

!!!
 ), 

where 𝜌!! and 𝜌!! are the standard densities of solid and molten rocks, respectively. 

The solid rock density, 𝜌!, is calculated as63: 

(12) 𝜌!  =  𝜌! [1 +  𝛽(𝑃 − 𝑃!)] × [1 –  𝛼(𝑇 − 𝑇!)], 

where 𝛽 is compressibility, 𝛼 is thermal expansion and 𝜌!, 𝑃!, and 𝑇! are density, 

pressure and temperature of rocks at surface conditions. 
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Erosion model 

During the fluvial incision of an uplifting topography the erosion rate, 𝑒, depends 

primarily on channel slope, river discharge and rock type61. An empirical relationship was 

derived11,61, such that: 

(13) 𝑒 = !"
!"
= 𝑘𝐴! !"

!"

!
 

where 𝑧 is the elevation, 𝐴 is the basin drainage area taken as a proxy for river 

discharge, !"
!"

 is the magnitude of the local topographic slope, and 𝑘, 𝑚, and 𝑛 are empirical 

parameters, usually determined by fitting models to river longitudinal profiles. While 𝑘 is 

used as a scaling constant, different values of m and n lead to differences in the shape of river 

profiles, but commonly used values (e.g., 0.3< 𝑚<0.5 and 𝑛≈1) predict realistic concave-up 

profiles such as those observed along bedrock rivers incising uplifting topographies11,61,78. 

Although simplistic, Eq. 13 captures the main physical processes and parameter dependencies 

and, most important for this study, it provides the feedback mechanisms between tectonic 

uplift and erosion. Tectonic uplift increases slope, and the rise of topography increases 

drainage area, both leading to an increase in erosion rates. 

Integration on a discrete topography of the top of the lithosphere allows for Eq. 13 to 

be solved numerically, thereby assessing surface elevation changes in response to the tectonic 

strain and fluvial incision11,16. At each time step, the surface load changes associated with 

modifications of the modelled landscape are computed. The orographic enhancement of 

precipitation, and hence fluvial erosion, is included in the surface processes model by 

assigning different 𝑘 values (Eq. 13) on negatively (left-facing) and positively (right-facing) 

sloping topography. 
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Supplementary Data  

Supplementary Table 1a – Summary of apatite (U-Th)/He ages (AHe) around the Mont Baker, Cascade Range (data inside the inset of Fig. 1a, plotted in the central panel of Fig. 
1b). W-E distance corresponds to the horizontal distance between each sample and the western boundary of the inset in Fig. 1a. In the field “Type”, I = intrusive, V = volcanic, M = 
metamorphic. Geographic Coordinate System WGS 1984. 

 

Method Name Longitude Latitude Elevation W-E distance (km) Age (Ma) Error (Ma) Type Place of sampling Reference 

AHe 01-1 -121.1975 48.7287 1953 112 12.4 2.7 I Skagit Gorge Profile Simon-Labric et al., 2014 

AHe 01-2 -121.1981 48.7234 1758 112 14.5 2.1 I Skagit Gorge Profile Simon-Labric et al., 2014  

AHe 01-4 -121.2005 48.7123 1347 111 9.1 1.3 I Skagit Gorge Profile Simon-Labric et al., 2014  

AHe 01-5 -121.2041 48.7112 1155 111 10.1 1.4 I Skagit Gorge Profile Simon-Labric et al., 2014  

AHe 01-6 -121.2072 48.7076 904 111 6.4 0.6 I Skagit Gorge Profile Simon-Labric et al., 2014 

AHe 01-7 -121.2083 48.70667 680 111 5.9 0.6 I Skagit Gorge Profile Simon-Labric et al., 2014 

AHe 02-1 -121.2092 48.6999 345 110 4.3 1.0 I Skagit Gorge Profile Simon-Labric et al., 2014 

AHe 02-2 -121.2116 48.6973 241 110 3.5 0.8 I Skagit Gorge Profile Simon-Labric et al., 2014 

AHe 03-1 -121.0988 48.8223 1967 123 18.1 1.8 I Ross Lake Profile Simon-Labric et al., 2014 

AHe 03-2 -121.0914 48.8182 1778 124 14.3 1.4 I Ross Lake Profile Simon-Labric et al., 2014 

AHe 03-3 -121.0828 48.8095 1617 124 15.1 1.5 I Ross Lake Profile Simon-Labric et al., 2014 

AHe 03-5 -121.0703 48.7943 1181 126 15.3 4.7 I Ross Lake Profile Simon-Labric et al., 2014 

AHe 04-1 -121.0595 48.7793 692 127 11.0 2.2 I Ross Lake Profile Simon-Labric et al., 2014 

AHe 04-2 -121.0612 48.7818 916 127 11.3 2.0 I Ross Lake Profile Simon-Labric et al., 2014 

AHe 013D25 -120.6298 48.5743 1173 175 38.8 7.8 I North Washington Cascades Simon-Labric et al., 2014 

AHe 013D27 -120.8371 48.6243 1033 152 43.7 6.9 I North Washington Cascades Simon-Labric et al., 2014 

AHe 013D28 -121.0771 48.7167 628 125 15.6 3.3 I North Washington Cascades Simon-Labric et al., 2014 

AHe 09CAS16 -121.9142 48.8797 350 32 3.4 0.7 I North Washington Cascades Simon-Labric et al., 2014 

AHe 09CAS18 -121.9264 48.8639 854 31 4.8 1.8 I North Washington Cascades Simon-Labric et al., 2014 

AHe 12Cas14 -121.32201 48.63378 142 98 2.4 0.6 I North Washington Cascades Simon-Labric et al., 2014  
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AHe 12Cas25 -121.39841 48.58596 116 89 2.7 0.2 I North Washington Cascades Simon-Labric et al., 2014  

AHe 12Cas26 -122.20283 48.81322 73 0 8.7 2.7 I North Washington Cascades Simon-Labric et al., 2014  

AHe 12Cas10 -121.17249 48.70697 280 115 5.9 0.8 I North Washington Cascades Simon-Labric et al., 2014  

AHe WC95-32 -121.5 48.67 300 78 8.6 0.5 I Yellow Aster Reiners et al., 2002 

AHe LA01A -121.641 48.835 1651 62 1.4 0.1 I Lake Ann pluton Reiners et al., 2002 

AHe LA01B -121.641 48.835 1651 62 1.4 0.1 I Lake Ann pluton Reiners et al., 2002  

AHe LA01C -121.641 48.835 1651 62 1.2 0.1 I Lake Ann pluton Reiners et al., 2002  

AHe LA02A -121.645 48.831 1471 62 2.2 0.1 I Lake Ann pluton Reiners et al., 2002  

AHe LA02B -121.645 48.831 1471 62 2.0 0.1 I Lake Ann pluton Reiners et al., 2002 
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Supplementary Table 1b – Summary of isotopic ages <4 Ma of rocks around the Mount Baker, Cascade Range (data inside the inset of Fig. 1a, plotted in the bottom panel of Fig. 
1b). In the field “Method”, Wr K-Ar: 40K/40Ar in whole rock, Pl Ar-Ar: 40Ar/39Ar in plagioclase, Bt K-Ar: 40K/40Ar in biotite, Hb K-Ar: 40K/40Ar in hornblende; Active volcano: 0.01 
Ma is an arbitrary recent age and the position is according to Venzke (2013). Other columns like in Table 1a. 

 

Method Name Longitude Latitude W-E distance (km) Age (Ma) Error 
(Ma) Rock Type Place of sampling Reference 

Wr K-
Ar MB-493 -121.736092 48.85944238 51.89168666 1.191 0.094 Dacite V Kulshan caldera suite Hildreth et al., 2003 

Wr K-
Ar MB-500 -121.840496 48.82545378 40.28829116 1.156 0.130 Andesite V Kulshan caldera suite Hildreth et al., 2003  

Wr K-
Ar MB-316 -121.694892 48.81849939 56.47058367 1.155 0.038 Rhyodacite V Kulshan caldera suite Hildreth et al., 2003  

Wr K-
Ar MB-145 -121.83771 48.82812465 40.59801732 1.060 0.010 Rhyodacite V Kulshan caldera suite Hildreth et al., 2003  

Wr K-
Ar MB-212 -121.70544 48.83211299 55.29837474 1.032 0.011 Rhyodacite V Kulshan caldera suite Hildreth et al., 2003 

Wr K-
Ar MB-276B -121.710335 48.8006803 54.7542751 1.005 0.017 Andesite V Kulshan caldera suite Hildreth et al., 2003  

Wr K-
Ar MB-93 -121.871016 48.86174231 36.89636533 0.878 0.018 Andesite V Early extracaldera lava 

flows from Mt Baker Hildreth et al., 2003  

Wr K-
Ar MB-91 -121.944213 48.81745383 28.76138252 0.859 0.014 Andesite V Early extracaldera lava 

flows from Mt Baker Hildreth et al., 2003  

Wr K-
Ar MB-81 -121.722576 48.8547952 53.39378926 0.743 0.034 Andesite V Early extracaldera lava 

flows from Mt Baker Hildreth et al., 2003 

Wr K-
Ar MB-640 -121.751692 48.7804437 50.15788814 0.743 0.072 Andesite V Early extracaldera lava 

flows from Mt Baker Hildreth et al., 2003  

Wr K-
Ar MB-52 -121.851179 48.71580346 39.10098866 0.716 0.045 Basalt V Early extracaldera lava 

flows from Mt Baker Hildreth et al., 2003  

Wr K-
Ar MB-225 -121.810782 48.87193235 43.59068974 0.613 0.008 Dacite V Early extracaldera lava 

flows from Mt Baker Hildreth et al., 2003  

Wr K-
Ar MB-99 -121.748943 48.83619194 50.46346304 0.515 0.008 Andesite V Oldest intracaldera 

andesitic lava flow Hildreth et al., 2003  
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Wr K-
Ar MB-135 -121.756022 48.82547284 49.67663871 0.457 0.040 Andesite V Oldest intracaldera 

andesitic lava flow Hildreth et al., 2003  

Wr K-
Ar MB-67 -121.895581 48.73692941 34.16627492 0.495 0.018 Andesite V Black Buttes 

stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-63 -121.892822 48.73870224 34.47292075 0.296 0.020 Andesite V Black Buttes 

stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-116 -121.884404 48.75031652 35.40848586 0.374 0.010 Andesite V Black Buttes 

stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-246 -121.882644 48.76829254 35.60408894 0.346 0.009 Andesite V Black Buttes 

stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-603 -121.881443 48.76108368 35.73750709 0.343 0.005 Andesite V Black Buttes 

stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-249 -121.908457 48.77033914 32.73523793 0.339 0.011 Andesite V Black Buttes 

stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-49 -121.807494 48.72345666 43.95615923 0.336 0.015 Andesite V Black Buttes 

stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-119 -121.92406 48.74079732 31.00112922 0.334 0.015 Andesite V Black Buttes 

stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-238 -121.872897 48.77809383 36.68729064 0.334 0.011 Andesite V Black Buttes 

stratovolcano Hildreth et al., 2003 

Wr K-
Ar MB-16 -121.882363 48.78088494 35.63522097 0.306 0.013 Andesite V Black Buttes 

stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-110 -121.874701 48.75831911 36.48678255 0.288 0.015 Andesite V Black Buttes 

stratovolcano Hildreth et al., 2003 

Wr K-
Ar MB-615 -121.733933 48.78294894 52.13166032 0.460 0.013 Andesite V 

Satellite centers 
contemporaneous with 
Black Buttes 

Hildreth et al., 2003  

Wr K-
Ar MB-61 -121.744933 48.77857099 50.90913676 0.296 0.015 Andesite V 

Satellite centers 
contemporaneous with 
Black Buttes 

Hildreth et al., 2003 

Wr K- MB-22 -121.722492 48.69735533 53.40315038 0.455 0.009 Andesite V Satellite centers Hildreth et al., 2003  
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Ar contemporaneous with 
Black Buttes 

Wr K-
Ar MB-222 -121.773225 48.73479255 47.76478584 0.366 0.010 Andesite V 

Satellite centers 
contemporaneous with 
Black Buttes 

Hildreth et al., 2003  

Wr K-
Ar MB-151 -121.847679 48.8093322 39.49001295 0.322 0.012 Andesite V 

Satellite centers 
contemporaneous with 
Black Buttes 

Hildreth et al., 2003  

Wr K-
Ar MB-589 -121.839592 48.8056525 40.38881016 0.322 0.009 Andesite V 

Satellite centers 
contemporaneous with 
Black Buttes 

Hildreth et al., 2003 

Wr K-
Ar MB-223 -121.786263 48.87077718 46.31572544 0.334 0.009 Andesite V 

Satellite centers 
contemporaneous with 
Black Buttes 

Hildreth et al., 2003 

Wr K-
Ar MB-59 -121.846814 48.72835501 39.58617675 0.333 0.012 Andesite V 

Satellite centers 
contemporaneous with 
Black Buttes 

Hildreth et al., 2003  

Wr K-
Ar MB-50 -121.846958 48.72205888 39.57017129 0.331 0.018 Basalt V 

Satellite centers 
contemporaneous with 
Black Buttes 

Hildreth et al., 2003 

Wr K-
Ar MB-89 -121.741175 48.81991379 51.32680857 0.305 0.006 Andesite V Ptarmigan Ridge and 

Table Mountain lavas Hildreth et al., 2003 

Wr K-
Ar MB-89 -121.738428 48.8207834 51.63205273 0.306 0.013 Andesite V Ptarmigan Ridge and 

Table Mountain lavas Hildreth et al., 2003 

Wr K-
Ar MB-391 -121.682982 48.85704853 57.79423382 0.301 0.005 Andesite V Ptarmigan Ridge and 

Table Mountain lavas Hildreth et al., 2003  

Wr K-
Ar MB-10 -121.698185 48.84912447 56.10465285 0.309 0.013 Andesite V Ptarmigan Ridge and 

Table Mountain lavas Hildreth et al., 2003  

Wr K-
Ar MB-488 -121.717401 48.84394205 53.96898404 0.189 0.011 Andesite V Ptarmigan Ridge and 

Table Mountain lavas Hildreth et al., 2003 

Wr K-
Ar MB-262 -121.816703 48.85220125 42.93263205 0.192 0.008 Andesite V Younger lavas inset 

along Cougar Divide Hildreth et al., 2003  

Wr K- MB-260 -121.818448 48.83602562 42.73874985 0.119 0.023 Andesite V Younger lavas inset Hildreth et al., 2003 



Chapter 4      Muller et al., Scientific Reports (2022) 

169 

 

Ar along Cougar Divide 

Wr K-
Ar MB-335 -121.810038 48.84583517 43.67335604 0.105 0.008 Andesite V Younger lavas inset 

along Cougar Divide Hildreth et al., 2003  

Wr K-
Ar MB-53 -121.848482 48.71487688 39.40082802 0.203 0.025 Andesite V Younger mafic outliers Hildreth et al., 2003  

Wr K-
Ar MB-175B -121.729466 48.63625504 52.62810201 0.094 0.021 Basalt V Younger mafic outliers Hildreth et al., 2003  

Wr K-
Ar MB-193 -121.695911 48.72674642 56.35735248 0.199 0.005 Rhyodacite V Boulder Ridge lavas Hildreth et al., 2003 

Wr K-
Ar MB-645 -121.762823 48.77066753 48.92082738 0.140 0.055 Andesite V Boulder Ridge lavas Hildreth et al., 2003 

Wr K-
Ar MB-39 -121.764405 48.76168797 48.74504171 0.090 0.052 Andesite V Boulder Ridge lavas Hildreth et al., 2003  

Wr K-
Ar MB-402 -121.761529 48.76795468 49.0646607 0.080 0.014 Andesite V Boulder Ridge lavas Hildreth et al., 2003  

Wr K-
Ar MB-12 -121.793685 48.90234227 45.49086856 0.202 0.009 Andesite V Intracanyon lava flows Hildreth et al., 2003 

Wr K-
Ar MB-332A -121.792169 48.90862381 45.65937696 0.149 0.005 Dacite V Intracanyon lava flows Hildreth et al., 2003  

Wr K-
Ar MB-92 -121.810141 48.89891476 43.66194695 0.114 0.009 Andesite V Intracanyon lava flows Hildreth et al., 2003  

Wr K-
Ar MB-168 -121.784605 48.82667737 46.49996979 0.076 0.007 Andesite V Intracanyon lava flows Hildreth et al., 2003  

Wr K-
Ar MB-232 -121.755107 48.80747006 49.77843325 0.070 0.007 Andesite V Intracanyon lava flows Hildreth et al., 2003  

Wr K-
Ar MB-572 -121.677945 48.78951755 58.35403441 0.048 0.018 Andesite V Intracanyon lava flows Hildreth et al., 2003  

Wr K-
Ar MB-507 -121.86605 48.71954932 37.44830161 0.043 0.005 Andesite V Mount Baker 

Stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-520 -121.815861 48.71454637 43.02619053 0.036 0.014 Andesite V Mount Baker 

Stratovolcano Hildreth et al., 2003  
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Wr K-
Ar MB-524 -121.841644 48.71660768 40.16070948 0.032 0.014 Andesite V Mount Baker 

Stratovolcano Hildreth et al., 2003 

Wr K-
Ar MB-458 -121.869629 48.80235234 37.05053313 0.024 0.016 Andesite V Mount Baker 

Stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-632 -121.888571 48.80793439 34.94531285 0.014 0.009 Andesite V Mount Baker 

Stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-46 -121.815227 48.74152949 43.09665621 0.011 0.009 Andesite V Mount Baker 

Stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-43 -121.849204 48.74277333 39.3204983 0.009 0.011 Andesite V Mount Baker 

Stratovolcano Hildreth et al., 2003  

Wr K-
Ar MB-294 -121.853373 48.79859321 38.85724294 0.009 0.007 

Andesite of 
Roosevelt 
Glacier 

V Mount Baker 
Stratovolcano Hildreth et al., 2003  

Hb K-Ar RWT 
469A-67 -121.524993 48.86413266 75.35299663 3.6 1.0 Andesite V Hannegan Pass Engels et al., 1976  

Hb K-Ar RWT 
469B-67 -121.524964 48.86512286 75.35623356 3.3 1.0 Andesite V Hannegan Pass Engels et al., 1976  

Pl Ar-Ar MB-618 -121.742559 48.81902926 51.1729383 0.992 0.014 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003  

Pl Ar-Ar MB-628 -121.813914 48.8548715 43.24266407 1.015 0.018 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003 

Pl Ar-Ar MB-212 -121.705416 48.83301237 55.30095361 1.012 0.008 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003  

Pl Ar-Ar MB-212 -121.705416 48.83301237 55.30095361 0.994 0.015 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003 

Pl Ar-Ar MB-212 
mean -121.705416 48.83301237 55.30095361 1.008 0.007 Rhyodacite V Mount Baker Volcanic 

Field Hildreth et al., 2003  

Pl Ar-Ar MB-145 -121.836368 48.82721147 40.74709451 1.018 0.008 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003 

Pl Ar-Ar MB-82-2 -121.71858 48.85115228 53.83797894 1.063 0.012 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003  
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Pl Ar-Ar MB-630 -121.727076 48.83865146 52.8937021 1.041 0.011 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003 

Pl Ar-Ar MB-630 -121.727076 48.83865146 52.8937021 1.073 0.016 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003  

Pl Ar-Ar MB-630 
mean -121.705416 48.83301237 55.30095361 1.008 0.007 Rhyodacite V Mount Baker Volcanic 

Field Hildreth et al., 2003  

Pl Ar-Ar MB-287 -121.723401 48.82241724 53.30218327 1.109 0.019 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003 

Pl Ar-Ar MB-287 -121.723401 48.82241724 53.30218327 1.111 0.015 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003  

Pl Ar-Ar MB-287 
mean -121.727076 48.83865146 52.8937021 1.052 0.016 Rhyodacite V Mount Baker Volcanic 

Field Hildreth et al., 2003  

Pl Ar-Ar MB-227 -121.730484 48.81169973 52.51498173 1.114 0.011 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003  

Pl Ar-Ar MB-227 -121.730484 48.81169973 52.51498173 1.138 0.010 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003  

Pl Ar-Ar MB-227 
mean -121.723401 48.82241724 53.30218327 1.110 0.012 Rhyodacite V Mount Baker Volcanic 

Field Hildreth et al., 2003 

Pl Ar-Ar MB-188 -121.696986 48.84281344 56.23792518 1.149 0.010 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003  

Pl Ar-Ar MB-583 -121.813637 48.86656395 43.27343013 1.151 0.016 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003  

Pl Ar-Ar MB-275C -121.71435 48.80342409 54.30803001 1.180 0.017 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003  

Pl Ar-Ar MB-626 -121.827901 48.83972068 41.68815988 1.293 0.016 Rhyodacite V Mount Baker Volcanic 
Field Hildreth et al., 2003  

Pl Ar-Ar MB-380 -121.536133 48.89036302 74.11497719 3.722 0.020 Ignimbrite V Mount Baker Volcanic 
Field Hildreth et al., 2003 

Pl Ar-Ar MB-201 -121.789859 48.83482942 45.91611361 0.969 0.029 Felsite 
breccia V Mount Baker Volcanic 

Field Hildreth et al., 2003  

Active - -121.81 48.77 43.677627 0.010 - - - Mount Baker Volcano - 
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volcano 

Pl Ar-Ar MB-636A -121.79293 48.82046733 45.57479774 0.674 0.023 Granodiorite I Mount Baker Volcanic 
Field Hildreth et al., 2003  

Bt Ar-
Ar MB-333 -121.642704 48.83409025 62.27077326 2.750 0.130 Lake Ann 

stock I Mount Baker Volcanic 
Field Hildreth et al., 2003 

Bt K-Ar RWT 
480-67 -121.631287 48.82913807 63.53957821 2.7 0.3 Lake Ann 

stock I Chilliwack Composite 
Batholith Engels et al., 1976  

Bt K-Ar DFC 1-69 -121.633725 48.83610637 63.26863455 2.5 0.1 Hornfels I Chilliwack Composite 
Batholith Engels et al., 1976  

Wr K-
Ar MB-356 -121.794313 48.81958217 45.42102482 0.764 0.163 Granodiorite I Kulshan caldera suite Hildreth et al., 2003  
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Supplementary Table 1c – Summary of apatite fission tracks (AFT) ages around the Osorno and Tronador volcanoes, Southern Andes (data inside the inset of Fig. 1c, plotted in the 
central panel of Fig. 1d). W-E distance corresponds to the horizontal distance between each sample and the western boundary of the inset in Fig. 1c. Other columns like in Table 1a. 

 

Method Name Longitude Latitude Elevation W-E distance 
(km) 

Age 
(Ma) 

Error 
(Ma) Rock Type Place of sampling Reference 

AFT AA1 -72.6812 -41.2194 80 19.5 24.9 4.7 Granodiorite I Lago Llanquihue Adriasola et al., 2006  

AFT AA102 -72.4267 -41.154 50 47.8 6.3 2.2 Tonalite I Petrohué Adriasola et al., 2006  

AFT AA106 -72.4710 -42.039 5 42.9 4.3 1.5 Tonalite I Isla Pelada Adriasola et al., 2006  

AFT AA11 -72.3328 -41.461 150 58.3 3.3 1.2 Granodiorite I Estancia Reloncaví Adriasola et al., 2006  

AFT AA111 -72.4903 -42.022 5 40.8 4.4 1.2 Aplite I Isla Pelada Adriasola et al., 2006  

AFT AA112 -72.0054 -41.0885 850 94.6 10.6 1.3 Tonalite I Volcan Casablanca Adriasola et al., 2006  

AFT AA119 -72.4939 -42.1683 5 40.4 4.9 1.7 Mica-schist M Isla Llancahué Adriasola et al., 2006 

AFT AA12 -72.3493 -41.488 180 56.4 4 1.3 Tonalite I Canutillar Adriasola et al., 2006  

AFT AA125 -72.3946 -41.9462 100 51.4 6.5 1.2 Granite I Rio Blanco Adriasola et al., 2006  

AFT AA129 -72.2897 -41.11 5 63.0 4.4 0.6 Granite I Lago Todos Los Santos Adriasola et al., 2006  

AFT AA13 -72.4092 -41.501 300 49.8 4.8 0.8 Tonalite I Lago Chapo Adriasola et al., 2006 

AFT AA130 -72.1242 -41.0738 5 81.4 6.1 0.8 Granite I Lago Todos Los Santos Adriasola et al., 2006 

AFT AA131 -72.0718 -41.148 20 87.3 6.9 1.3 Tonalite I Lago Todos Los Santos Adriasola et al., 2006  

AFT AA132 -72.1755 -41.0975 10 75.7 7.2 1.8 Tonalite I Lago Todos Los Santos Adriasola et al., 2006 

AFT AA2 -72.3042 -41.3782 30 61.4 4.4 0.5 Tonalite I Ralún Adriasola et al., 2006 

AFT AA20 -72.6417 -41.4456 200 23.9 11.1 1.8 Granodiorite I Correntoso Adriasola et al., 2006  

AFT AA21 -72.6331 -41.4102 250 24.9 11.4 1.5 Granodiorite I Lago Chapo Adriasola et al., 2006  

AFT AA22 -72.5813 -41.4383 300 30.6 10.9 1.1 Granodiorite I Lago Chapo Adriasola et al., 2006  

AFT AA23 -72.6090 -41.514 450 27.6 8 1 Gneiss M Lago Chaiquenes Adriasola et al., 2006 

AFT AA24 -72.6998 -41.5955 10 17.5 9.4 2 Granodiorite I Punta Metri Adriasola et al., 2006  

AFT AA25 -72.7230 -41.566 20 14.9 12.5 1.6 Tonalite I Punta Metri Adriasola et al., 2006  

AFT AA26 -72.668 -41.637 10 21.0 7.8 0.9 Tonalite I Caleta Larenas Adriasola et al., 2006  
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AFT AA27 -72.626 -41.692 200 25.7 9.3 0.8 Tonalite I Caleta Larenas Adriasola et al., 2006 

AFT AA29 -72.2369 -41.4594 150 68.9 5.5 0.9 Granite I Rio Cochamo Adriasola et al., 2006 

AFT AA3 -72.349 -41.5049 60 56.5 5.6 2 Tonalite I Estancia Reloncaví Adriasola et al., 2006  

AFT AA30 -72.311 -41.6492 100 60.7 4 0.9 Tonalite I Balseo Adriasola et al., 2006  

AFT AA31 -72.3008 -41.6667 250 61.8 4 0.9 Granite I Puelo Chico Adriasola et al., 2006 

AFT AA33 -72.4672 -41.728 20 43.3 5.8 0.5 Granodiorite I Volcán Yates Adriasola et al., 2006  

AFT AA34 -72.4010 -41.705 30 50.7 4.2 0.5 Tonalite I Volcán Yates Adriasola et al., 2006 

AFT AA35 -72.363 -41.354 150 54.9 6.2 0.8 Tonalite I Termas de Ralún Adriasola et al., 2006  

AFT AA36 -72.5890 -41.589 200 2.8 8.2 1.3 Gneiss M Parque Alerce Andino Adriasola et al., 2006  

AFT AA37 -72.5726 -41.747 30 31.6 6.8 1 Tonalite I Chaparrano Adriasola et al., 2006  

AFT AA39 -72.4346 -42.02 150 46.9 5.7 1.9 Tonalite I Rio Mariquita Adriasola et al., 2006  

AFT AA4 -72.4022 -41.647 20 50.6 3.8 0.9 Tonalite I Estancia Reloncaví Adriasola et al., 2006 

AFT AA40 -72.4484 -42.076 40 45.4 4.3 0.7 Granodiorite I Pichanco Adriasola et al., 2006  

AFT AA42 -72.4027 -41.907 200 50.5 4.2 2.7 Tonalite I Rio Negro Adriasola et al., 2006 

AFT AA43 -72.601 -41.9908 100 28.5 15.5 2.7 Dacite I Pichicolo Adriasola et al., 2006  

AFT AA44 -72.3689 -42.18 10 54.2 3.3 0.5 Tonalite I F. Quintupeu Adriasola et al., 2006  

AFT AA45 -72.4821 -42.091 5 41.7 4.3 1.2 Mica-schist M Isla Llancahué Adriasola et al., 2006  

AFT AA6 -72.3424 -41.5378 20 57.2 3.8 0.9 Tonalite I Estancia Reloncaví Adriasola et al., 2006  

AFT AA8 -72.3201 -41.6024 80 59.7 3.3 0.6 Granodiorite I Estancia Reloncaví Adriasola et al., 2006  

AFT AA9 -72.3003 -41.5672 110 61.9 3.5 0.7 Granite I Estancia Reloncaví Adriasola et al., 2006 

AFT AL122 -72.0588 -41.3606 1600 88.7 6.7 1.6 Tonalite I Rio Cochamo Adriasola et al., 2006  

AFT AL137 -72.46 -41.5885 1200 44.1 9.8 1.9 Granodiorite I Puelo Adriasola et al., 2006  

AFT AL152 -72.0588 -41.3606 1550 88.7 6.7 1.7 Tonalite I Llanada Grande Adriasola et al., 2006  

AFT SP06b -72.415 -41.4933 400 49.1 5.9 0.6 - - - Thomson et al., 2010 

AFT SP11 -72.6 -41.73 25 28.6 5.1 1 - - - Thomson et al., 2010  
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AFT SP040 -71.898 -41.8 1675 106.5 13 2.2 - - - Thomson et al., 2010  

AFT SP041 -71.888 -41.862 1525 107.7 14.2 3.3 - - - Thomson et al., 2010 

AFT SP046 -72.13 -42.062 1450 80.8 3.4 0.5 - - - Thomson et al., 2010  

AFT SP048 -71.928 -41.903 275 103.2 14.1 2.7 - - - Thomson et al., 2010 

AFT SP057 -72.03 -41.395 1325 91.9 3.5 1.1 - - - Thomson et al., 2010 

AFT SP061 -72.337 -41.995 1650 57.8 3.9 0.7 - - - Thomson et al., 2010  

AFT SP062 -72.33 -42.072 1325 58.6 5.1 0.6 - - - Thomson et al., 2010  

AFT SP066 -72.373 -41.947 125 53.8 2 0.8 - - - Thomson et al., 2010 

AFT SP067 -72.647 -41.408 250 23.4 10.2 1.5 - - - Thomson et al., 2010  

AFT SP128 -71.568 -42.03 300 143.2 21 2 - - - Thomson et al., 2010  

AFT SP133 -71.43 -41.098 250 158.6 14 1.7 - - - Thomson et al., 2010  

AFT SP137 -71.777 -41.578 450 120.1 12.5 3.9 - - - Thomson et al., 2010  

AFT SP139 -71.612 -41.593 300 138.4 28.1 5.2 - - - Thomson et al., 2010  
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Supplementary Table 1d – Summary of isotopic ages < 4 Ma of rocks around the Osorno and Tronador volcanoes, Southern Andes (data inside the inset of Fig. 1c, plotted in the 
bottom panel of Fig. 1d).  In the field “Method”, ZFT: zircon fission tracks, Wr K-Ar: 40K/40Ar in whole rock, Wr Ar-Ar: 40Ar/39Ar in whole rock, Active volcano: 0.1 Ma is an 
arbitrary recent age and the position is according to Venzke (2013). Other columns like in Table 1a.  

 

Method Name Longitude Latitude Elevation 
W-E 
Horizontal 
distance (km) 

Age 
(Ma) 

Error 
(Ma) Rock Type Place of sampling Reference 

ZFT AA106 -72.4710 -42.0391 5 42.895 3.4 0.3 Tonalite I Isla Pelada Adriasola et al., 2006  

ZFT AA111 -72.4903 -42.02187 5 40.754 3.9 0.3 Aplite I Isla Pelada Adriasola et al., 2006 

ZFT AA129 -72.2897 -41.11029 5 63.049 3.8 0.2 Granite I Lago Todos los Santos Adriasola et al., 2006 

ZFT AA40 -72.4484 -42.07639 40 45.412 3.8 0.3 Granodiorite I Pichanco Adriasola et al., 2006  

ZFT AA45 -72.4821 -42.09051 5 41.670 3.2 0.5 Mica-schist M Isla Llancahué Adriasola et al., 2006  

ZFT BR409 -72.2795 -41.41409 200 64.183 3.4 0.8 Granite I Puente Las Trancas, Ralún Adriasola et al., 2006  

Wr K-
Ar XC-288 -72.3970 -40.91695  51.122 0.4 0.1 Basalt V Estratos de Chapuco Lara et al., 2001  

Wr K-
Ar XC-289 -72.3954 -40.95834  51.302 0.6 0.5 Basalt V Estratos de Chapuco Lara et al., 2001  

Wr K-
Ar HO-46 -72.4952 -40.95695  40.205 1 0.3 Basalt V Estratos de Chapuco SNGM-BRGM,1995 

Wr K-
Ar HO-46 -72.4952 -40.95695  40.205 0.9 0.3 Basalt V Estratos de Chapuco Lara et al., 2001 

Wr K-
Ar 60385 -72.5391 -41.30917  35.326 1.4 0.2 Basalt V Estratos de Hueñu Hueñu Moreno et al.,1985 

Wr K-
Ar 

090185-
3 -72.2970 -41.44603  62.241 0.27 0.14 Basalt V Estratos de Reloncavi Moreno et al., 1985 

Wr K-
Ar P273b -72.0661 -41.3359  87.897 0.7 0.4 basalt V Volcán Cuernos del Diablo SNGM-BRGM, 1995 

Wr Ar-
Ar XB-29 -72.0033 -41.22027  94.880 0.53 0.127 basalt V Tronador Volcanic Group Mella et al., 2005 

Wr Ar-
Ar XB-32 -71.9675 -41.18701  98.860 0.47 0.036 basalt V Tronador Volcanic Group Mella et al., 2005 
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Wr Ar-
Ar XM-7 -71.8432 -41.14895  112.674 0.36 0.05 basalt V Tronador Volcanic Group Mella et al., 2005 

Wr Ar-
Ar XM-22 -71.8877 -41.20374  107.730 0.34 0.041 basalt V Tronador Volcanic Group Mella et al., 2005 

Wr K-
Ar XM-23 -71.8327 -41.18705  113.838 1.3 0.3 dacite V Tronador Volcanic Group Mella et al., 2005 

Active 
volcano - -72,2667 -40.98333 2493 65.609 0.1 - - - Puntiagudo Cordon Cenizos - 

Active 
volcano - -72,4333 -41.05 1715 47.086 0.1 - - - Osorno - 

Active 
volcano - -72,5 -41.1 2652 39.677 0.1 - - - Osorno - 

Active 
volcano - -72,5333 -41.13333 1082 35.972 0.1 - - - Osorno - 

Active 
volcano - -72,2667 -41.18333 260 65.609 0.1 - - - Cayutue La Vigueria - 

Active 
volcano - -72,2833 -41.28333 500 63.757 0.1 - - - Cayutue La Vigueria - 

Active 
volcano - -72,6167 -41.33333 2015 26.710 0.1 - - - Cabulco - 

Active 
volcano - -72,3833 -41.78333 2111 52.643 0.1 - - - Yate - 

Active 
volcano - -72,45 -41.86667 1572 45.234 0.1 - - - Hornopirén - 

Active 
volcano - -72,6167 -41.88333 1670 26.710 0.1 - - - Apagado - 
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Supplementary Table 2 – Material properties used in the numerical experiments. 

  Ρ0
s, ρ0

l Ea Va n C Visc.  Sin  c µ Cp Hr Hl α β Tsolidus Tliquidus 

  (km/m3) (kJ/mol) (m3/mol)   (Mpa) flow 
law  (ϕeff) (W/m/K) (Gpa) (J/kg/K) (µW/m3) (kJ/kg) (1/k) (1/Pa) (K) (K) 

Crust 2800 (solidus) 
2400 (liquidus) 154 0 2.3 10 Wet 

Qz. 0.2 0.64+807/(T+77) 10 1000 1 300 3x10-

5 
1x10-

11 

889 + 17900 /(P+54)+ 
20200/(P+54)2 

at P <1200 Mpa; 

831 + 0.06 P at P > 1200 
Mpa 

1262 + 
0.09 P 

Lithospheric 
mantle 

3250 (solidus) 

2200 (liquidus) 
532 10 3.5 10 

Dry 

Ol.  
0.6 0.73+1293/(T+77) 67 1000 0.022 400  3x10-

5 
1x10-

11 

1394 + 0.132899 P-
0.000005104P2 

at P < 1000 Mpa, 

2212 + 0.030819 (P-
10000) at P >1000 Mpa 

2073 + 
0.114 
P 

Asthenospheric 
mantle 

3250 (solidus) 
2200 (liquidus)  532 10 3.5 10 

Dry 

Ol.  
0.6 0.73+1293/(T+77) 67 1000 0.022 400 3x10-

5 
1x10-

11 

1394 + 0.132899 P-
0.000005104 P2 

at P < 1000 Mpa, 

2212 + 0.030819 (P-1000) 
at P>10000 Mpa 

2073 + 
0.114 
P 

MMZ and 75% of 
the magma 

channel 

3250 (solidus) 

1800 (liquidus) 
471 0 4.0 10 Wet 

Ol. 0 0.73+1293/(T+77) 67 1000 0.022 400 3x10-

5 
1x10-

11 

1240 + 49800/(P+323)  

at P<2400 Mpa, 

1266 + 0.114 P + 
0.000005 P2 at P>2400 
Mpa 

 2073 
+ 
0.114 
P 

Basalt 25% of the 
magma channel 

3100 (solidus), 
1800 (liquidus) 

 
154 0 2.3 10 Wet 

Qz. 0 1.18+474/(T+77) 25 1000 0.25 380 3x10-

5 
1x10-

11 

973-
70400/(P+354)+77800000 

at P<1600 

935+0.0035 P + 
0.0000062 P2 at P>1600 

 1423 
+ 
0.105 
P 

𝜌!! and 𝜌!! are the standard densities of solid and molten rocks, respectively; 𝐸! is the activation energy; 𝑉! is the activation volume; n is the stress exponent; C is cohesion; 𝜑 is the 
effective internal friction angle; Cp is the specific heat capacity; c is thermal conductivity; 𝜇 is the shear modulus; Hr and Hl are the radiogenic and latent heat productions, 
respectively; 𝛼 is thermal expansion; 𝛽 is compressibility; 𝑇! and 𝑇! are the solidus and liquidus temperatures, respectively. Qz and Ol are quartzite and olivine, respectively. All 
rheological and partial melting laws/parameters are based on experimental rock mechanics and petrology (Ranalli, 1995; Hirschmann, 2000; Johannes, 1985; Turcotte, 2002).
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Supplementary Figures 

 
Supplementary Fig. 1. Final steps of simulations accounting for Ch = 35 km and Lh = 90 km. Symbols and 
definitions are the same of Fig. 2. a-c) The initial central topography is centered above the MMZ. d-f) The 
initial topography is laterally shifted (rightward) respect to the MMZ. 
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Supplementary Fig. 2. Final steps of simulations accounting for Ch = 35 km and Lh = 100 km. Symbols 
and definitions are the same of Fig. 2. a, b) The initial topography is centered above the MMZ. c, d) The initial 
topography is laterally shifted (rightward) respect to the MMZ. 
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Supplementary Fig. 3. Final steps of simulations accounting for Ch = 45 km and Lh = 90 km. Symbols and 
definitions are the same of Fig. 2. a-c) The initial topography is centered above the MMZ. d-f) The initial 
topography is laterally shifted (rightward) respect to the MMZ. 
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Supplementary Fig. 4. Final steps of simulations accounting for Ch = 45 km and Lh = 100 km. Symbols 
and definitions are the same of Fig. 2. a-c) The initial topography is centered above the MMZ. d-f) The initial 
topography is laterally shifted (rightward) respect to the MMZ. 
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Supplementary Fig. 5. Final steps of simulations accounting for Ch = 35 km and Lh = 90 km with 
asymmetric erosion. Symbols and definitions are the same of Fig. 3. a-c) The initial topography is centered 
above the MMZ.  
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Supplementary Fig. 6. Final steps of simulations accounting for Ch = 35 km and Lh = 100 km with 
asymmetric erosion. Symbols and definitions are the same of Fig. 3. a-b) The initial topography is centered 
above the MMZ.  

 



Chapter 4  Muller et al., Scientific Reports (2022) 

185 

 

 
Supplementary Fig. 7. Final steps of simulations accounting for Ch = 45 km and Lh = 90 km with 
asymmetric erosion. Symbols and definitions are the same of Fig. 3. a-c) The initial topography is centered 
above the MMZ. 
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Supplementary Fig. 8. Final steps of simulations accounting for Ch = 45 km and Lh = 100 km with 
asymmetric erosion. Symbols and definitions are the same of Fig. 3. a-c) The initial topography is centered 
above the MMZ. 
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Abstract 

The Patagonian Icefields are remnants of glaciers building and melting in the southern 
Patagonian Andes since the latest Miocene. Their Last Glacial Maximum was reached ~21 
kyrs ago, and there are records of an acceleration of deglaciation rates since the Little Ice Age 
(LIA) ~400 yrs ago. The southern Patagonian Andes overlie an asthenospheric window where 
mantle upwelling increases the heat flow across much of the South American lithosphere. 
GPS measured vertical uplift rates between 10-40 mm/yr are currently ascribed to post-LIA 
glacial rebound. However, these vertical uplift rates are one order of magnitude higher than 
the measured uplift rates due to deglaciation in collisional orogens (e.g., the European Alps), 
which rises questions about the role of the asthenospheric window in driving the surface 
displacements. Here, we perform geodynamic thermo-mechanical numerical modelling to 
estimate the surface uplift rates induced by post-LIA and post-LGM deglaciation of an ice 
sheet accounting for temperature dependent rheologies and different thermal regimes in the 
asthenosphere. For plausible lithosphere and mantle rheologies, the maximum uplift rate is <2 
mm/yr if the mantle potential temperature is bellow 1265 °C. Modeled uplift rates approach 
observed values when the mantle potential temperature is increased by 150-200 °C. We 
conclude that the asthenospheric window plays a key role in controlling the magnitude of 
regional present-day uplift rates. Furthermore, higher mantle potential temperatures implies 
mantle viscosities between 1016-1018 Pa s which, in turn, imply that post-LGM deglaciation 
contributes by approximately 20% to the observed fast uplift rates in the southern Patagonian 
Andes, the rest pertaining to post-LIA rebound.  
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1. Introduction 

Vertical displacements of the Earth’s surface with respect to the geoid occur in 

response to the motion of crustal and mantle rock masses driven by plate tectonics and the 

redistribution of the surface rock, water and ice masses by surface processes (e.g., Watts, 

2001; Turcotte and Schubert, 2002). For instance, excess of topography in orogenic regions 

due to convergence deflects the lithosphere downward, whereas unloading by erosion and ice 

melting causes upward deflection of the lithosphere, known as ‘isostatic’ adjustment. The 

magnitude of surface uplift rates is set primarily by the lithosphere and asthenosphere 

viscosities, which depend, amongst other factors, on the thermal field at depth (Ranalli, 1997; 

Kauffman et al., 1997; England and Molnar, 1990; Watts, 2001; Turcotte and Schubert, 2002; 

Klemann et al., 2007). Although the theory that relates surface load changes and isostatic 

adjustments is well developed, recognizing and quantifying expressions of such dynamics in 

natural settings is difficult. Here, we use thermo-mechanical numerical modelling to 

quantitatively characterize the isostatic adjustment of the southern Patagonian Andes due to 

the deglaciation with particular focus on the relative role of the viscosity structure at depth. 

The southern Patagonian Andes in the South American Continent are located above a 

transition zone between the subducting Antarctic Plate and a wide asthenospheric window 

opening between the Antarctic and Nazca oceanic plates at depth (Fig. 1a; Cande and Leslie, 

1986). The Chile Triple Junction (CTJ) at ~46 °S delimits the surface tip of the 

asthenospheric window, which opened during the last ~16 Ma from south to north. First order 

effects of the asthenospheric flow on the surface continental geology are the inhibition of arc 

volcanism in favour of retroarc magmatism, forward propagation of the fold-and-thrust belt, 

and rock uplift (Ramos and Kay, 1992; Ramos, 2005; Breitsprecher and Thorkelson, 2009; 

Guillaume et al., 2009; Lagabrielle et al., 2010; Georgieva et al., 2016). Rock uplift due to 

asthenospheric upwelling, in particular, was estimated as < 0.15 mm/yr in the last 3 Ma over 

an area of about 100000 km2 around the CTJ latitude (Guillaume et al., 2009). The heat flow 

was calculated as >100 mW/m2 near the CTJ, ~70-90 mW/m2 in the center of the 

asthenospheric window (~50 °S), and 50-60 mW/m2 near its northern boundary (~46 °S) 

(Ávila and Dávila, 2018). 

The southern Patagonian Andes were covered by the Patagonian Ice Sheet in the Last 

Glacial Maximum (LGM) ~21-14 kyrs ago, which covered an estimated area of 400000 km2 

and volume of 525000 km3 (Fig. 1 a; McCulloch, 2000; Hulton et al., 2002; Rabassa, 2008; 

Glasser and Jansson, 2008; Glasser et al., 2005; Hein et al., 2010; Boex et al, 2013; Moreno et 
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al., 2015; Bendle et al., 2017; Thorndycraft et al., 2019). Ice thickness in the LGM varied by 

sector, being thicker (i.e., ~1500-2500 m) in mountainous regions between 44 and 52 °S, and 

thinner (i.e., ~500 m) towards the periphery of the ice sheet (Hulton et al., 2002). The 

Patagonian Ice Sheet experienced cycles of glacial advance and retreat to form the present day 

Northern Patagonian Icefield that covers an area of ~3976 km2, and the Southern Patagonian 

Icefield (SPI) that covers an area of ~13219 km2 (Millan et al., 2019). The present-day ice 

thickness varies between 100 and 1800 m depending on the analysed sector, with a mode of 

250 m in the SPI (Millan et al., 2019). 

GPS and remote sensing data allow us to measure the ongoing rock vertical uplift 

rates, which are extremely high (~40 mm/yr) in the vicinity of the SPI (Fig. 1b), and gradually 

decrease toward its peripheral parts (Ivins and James, 2004; Dietrich et al., 2010; Lange et al., 

2014). These uplift rates are currently ascribed to lithospheric viscoelastic isostatic adjustment 

to the deglaciation following the Little Ice Age (LIA, with apex around 1630 AD), 

responsible for ~503 km3 of iceloss (Ivins and James, 1999; Rignot et al., 2003; Klemann et 

al., 2007; Dietrich et al., 2010; Glasser et al., 2011; Davies and Glasser, 2012; Lange et al., 

2014). The ice loss since the LGM is estimated as about 500000 km3 (McCulloch et al., 2000; 

Hulton et al., 2002; Bendle et al., 2017; Thorndycraft et al., 2019) but, due to its long 

timespan, its effects on the present-day uplift were considered negligible compared to those 

related to post-LIA deglaciation (Aniya, 1997; Ivins and James, 1999). The estimates of ice 

volume and ice loss throughout the last glacial and interglacial, however, are only crudely 

estimated based on the preserved glacial morphologies, geochronological data, and remote 

sensing (Mercer and Sutter, 1982; Aniya, et al., 1996, 1997; Ivins and James, 1999, 

McCulloth, 2000; Hulton, 2002; Rabassa, 2008; Davies and Glasser, 2012; Torndycraft et al., 

2019)  

Previous investigations of the regional viscoelastic glacial isostatic adjustment infer a 

very low viscosity asthenosphere (~ 1.6 x 1018 Pa s) and a thin elastic lithosphere (~36.5±5.3 

km) to reproduce the uplift rates of ~40 mm/yr forced by ~400 yrs of post-LIA unloading 

(Ivins and James, 1999, 2004; Klemann et al., 2007; Langue et al., 2014). The presence of low 

viscosities at depth is consistent with abnormally high temperatures due to the asthenospheric 

window underneath the SPI, but temperature and viscosity were treated independently in 

previous investigations (Ivins and James, 1999, 2004; Klemann et al., 2007; Lange et al, 

2013). Besides, the mantle viscoelastic relaxation time to surface unloading varies between 

102 to 105 yrs depending on the asthenosphere viscosity (Ranalli, 1997; Turcotte and Schubert, 
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2002), implying that a contribution from post-LGM deglaciation to the present-day uplift rate 

cannot be ruled out. 

Here, we perform fully coupled thermo-mechanical numerical geodynamic 

experiments forced by surface unloading equivalent to post-LIA and post-LGM ice melting. 

Numerical experiments account for positive thermal anomalies in the asthenosphere to asses 

the role of the asthenospheric window in setting the mantle viscosity and associated 

postglacial rebound. We focus on magnitude, rather than the pattern, of the inferred surface 

uplift rates, which we compare to that of the GPS-measured rock uplift rates to constrain 

plausible thermal and viscosity structures at depth as well as the timing of rebound. 

 
Fig. 1: A) Map of southern Patagonia with the Southern Patagonian Icefield (SPI), Northern Patagonian Icefield 
(NPI), and the Cordillera Darwin Icefield (CDI) highlighted in light blue, the approximated extension of the 
icefields in the Last Glacial Maximum ~21 kyrs ago (LGM limit), and the approximated extension of the 
present-day asthenospheric window (dashed region) beneath the South American Continent (SAM). In the 
Pacific Ocean there are the spreading ridges (s.r., thick black lines) and the transform faults (t.f., thin black lines) 
that separate the Nazca (NZ) and the Antarctic (AT) plates, the subduction trench is highlighted by the black line 
around the continent. The arrows show the approximated direction of the subduction of the oceanic plates with 
the velocity marked above. B) The region of the SPI and the location of the GPS stations (circles) used to 
calculate the viscoelastic uplift rates in Lange et al. (2014), the size of the circles represents the range of uplift 
values obtained from each individual GPS station. 
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2. Methodology 

2.1. Reference model setup 

The model domain, scaled on the study region, is 700 km wide and 120 km thick (see 

Supplementary Table 1 for layer’s rheological properties). From top to bottom, the model 

accounts for 10 km of ‘sticky’ air, 30 km of continental crust (with rheology of quartzite, 

Ranalli, 1995), 30 km of lithospheric mantle, and 50 km of asthenospheric mantle (with 

rheology of dry olivine, Ranalli, 1995), in agreement with literature data (e.g., Klemann et al., 

2007). On the top of the crust and in the middle of the model domain we impose a 2 km thick 

and 70 km wide ice layer (Fig. 2 a). The ice load distribution does not change throughout the 

simulations, but we simulate post-LIA and post-LGM deglaciation by reducing the ice density 

through time (see also section 2.3). 

The initial geotherm is piece-wise linear resulting from an adiabatic temperature 

gradient of 0.5 °C/km in the asthenosphere (Turcotte and Schubert, 2002) and thermal 

boundary conditions fixed at 0 °C at the surface, 1300 °C at the bottom of the lithosphere, and 

1325 °C at the bottom of the model, with nil horizontal heat flux across the vertical 

boundaries. In the reference setup, the lithosphere-asthenosphere boundary is imposed at 70 

km depth. The rheologic and thermal structures of the reference model give a lithospheric 

elastic thickness, Te (sensu Burov and Diament, 1995), of ~30 km, a value comparable to 

previous estimates underneath the SPI based on visco-elastic modelling from GPS data (36.5 

± 5.3 km, Dietrich et al., 2010; Lange et al., 2014), and based on heat flow data (between 25 

and 40 km, Ávila and Dávila, 2018). 
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Fig. 2. Reference numerical model setup. A) Thermo-mechanical numerical model domain with rheological 
layers (Supplementary Table 1), isotherms (white lines), and yield strength (𝛥𝜎) profile (yellow line). Diagrams 
for the function of ice thickness vs. time used in the numerical experiments to simulate post-LIA (b) and post-
LGM (c) deglaciation. 

 

2.2. Numerical model 

We use a fully coupled thermo-mechanical, visco-elasto-plastic, numerical 

geodynamic model to quantify the effect of thermal anomalies in the mantle on the magnitude 

of surface uplift rates due to deglaciation. The numerical model uses the finite differences 

with marker-in-cell technique, resolved by 51 × 61 nodes in x and y directions, respectively, 

distributed on a Eulerian grid that accounts for a maximum resolution of 1 km along the y 

direction in the upper part of the model domain, and ~13 km in the x direction. 400 × 400 

Lagrangian markers are randomly distributed along the x and y dimensions and used for 

advecting the material properties (Gerya and Yuen, 2007; Gerya et al., 2019). The material 

properties carried by Lagrangian markers are then interpolated onto the Eulerian grid via a 4th 

order Runge-Kutta interpolation scheme. An internal free surface is simulated through the 10 
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-km thick layer of sticky air. The velocity boundary conditions are free slip at all boundaries 

(x = 0 and x = 700 km; y = 0 and y = 120 km). 

We provide a short overview of the governing equations hereafter, while a detailed 

description of numerical technique can be found, for instance, in Gerya and Yuen (2007), 

Gerya et al. (2019), Sternai et al. (2020), and Muller et al. (2022). The continuity equation 

allows for the conservation of mass during the displacement of a geological continuum: 

(1) !"
!"

 + ∇(𝜌𝑣) =  0 

where 𝜌 is the local density, 𝑡 is time, 𝑣 is the velocity vector, and ∇ is the divergence 

operator. The momentum equation describes the changes in velocity of an object in the 

gravity field due to internal and external forces: 

(2) 
!!!"
!!!

 +  𝜌𝑔! =  𝜌 !!!
!"

 +  𝑣!
!!!
!!!

 

where 𝜎!" is the stress tensor, 𝑥! and 𝑥! are spatial coordinates, and 𝑔! is the i-th 

component of the gravity vector. The energy equation allows for the conservation of energy 

during advective and conductive heat transfer in the continuum: 

(3) 𝜌𝐶!
!"
!"
− 𝑑𝑖𝑣 𝑐∇𝑇  +  𝑣∇𝑇 =  𝐻!  +  𝐻!  +  𝐻!  +  𝐻! 

where P is pressure, 𝑇 is temperature, 𝐶! is specific heat capacity at a constant P, 𝑐 is 

the thermal conductivity, 𝐻!  +  𝐻!  +  𝐻!  +  𝐻! are the volumetric heat productions by 

radiogenic, shear, adiabatic and latent heat, respectively. 𝐻! ∝  !"
!"

, 𝐻! =  𝜎′!"𝜀′!"(!"#$%&#), and 

𝐻! and 𝐻! are the radiogenic and latent heat productions. Ductile deformation is thermally 

activated generating viscous flow, which involves diffusion and dislocation creep, calculated 

according to the material shear viscosity: 

(4) !
!!"#$%&'

 =  !
!!"##

 +  !
!!"#$

 

with 

 𝜂!"##  =  !!
!!!"!!!

𝑒𝑥𝑝 !! ! !!!
!"

, and 

 𝜂!"#$  =  !!
!
!

!
𝑒𝑥𝑝 !! ! !!!

!"#
𝜀!!
!
!!! 

where 𝜂!"## and 𝜂!"#$ are the shear viscosity for diffusion and dislocation creep, 

respectively, 𝜂! is the material static viscosity, 𝜎!" is the diffusion-dislocation transition 

critical stress, n is the stress exponent, 𝐸! is the activation energy, 𝑉! is the activation volume, 

P is pressure, R is the gas constant, T is temperature, and 𝜀!!  is the second invariant of the 

strain rate tensor. The viscous deviatoric strain rate tensor, 𝜀′!" (!"#$%&#), is defined by: 
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(5) 𝜀′!" (!"#$%&#) =  !
!!!"#$%&'

𝜎′!" +  𝛿!"𝜂!"#$𝜀!! =
!

!!!"##
𝜎′!" +

!
!!!"#$

𝜎′!" + 𝛿!"𝜂!"#$𝜀!! 

where 𝜎′!" is the deviatoric stress tensor, 𝛿!" is the Kronecker delta, 𝜀!! is the 

volumetric strain rate (e.g., related to phase transformations), and 𝜂!"#$ is the bulk viscosity. 

The reversible elastic deformation is defined by the elastic deviatoric strain rate tensor, 

𝜀′!" (!"#$%&'), as: 

(6) 𝜀′!" (!"#$%&') = !
!!

 !!!!"
!"

 

where 𝜇 is the shear modulus and 
!!!!"
!"

 is the objective co-rotational time derivative of 

the deviatoric stress tensor. The plastic deformation, brittle and localised, occurs at low 

temperature at the upper part of the lithosphere after that the absolute shear stress limit, 𝜎!"#$%, 

is reached: 

(7) 𝜎!"#$%  =  𝐶 +  sin(𝜑)𝑃. 

where 𝐶 is cohesion and 𝜑 is the effective internal friction angle. The plastic strain rate 

tensor, 𝜀′!" (!"#$%&'), is defined by:  

(8) 𝜀′!" (!"#$%&') = 0 𝑓𝑜𝑟 𝜎!! < 𝜎!"#$%, 𝜀′!" (!"#$%&') = 𝒳 !!!!"
!!!!

 𝑓𝑜𝑟 𝜎!! ≥ 𝜎!"#$% 

where 𝒳 is the plastic multiplier which satisfies the plastic yielding condition 

𝜎!!  =  𝜎!"#$%. The bulk strain rate tensor, 𝜀′!"(!"#$), integrates the viscous, elastic and plastic 

deformation: 

(9) 𝜀′!"(!"#$) =  𝜀′!"(!"#$%&#)  +  𝜀′!"(!"#$%&')  +  𝜀′!"(!"#$%&') 

 

2.3. Modelling approach 

Computing the surface load, L, as  

(10) 𝐿 = 𝜌!"#𝑔ℎ!"# , 

where 𝜌!"# is the density of the ice, g is the gravity acceleration, and hice is the ice 

thickness, the model is forced by the progressive unloading due to linear melting of the 

synthetic ice cap (Fig. 2). We run two sets of experiments based on the estimated volume of 

ice loss since the LGM (~75% in ~21 kyrs) and the LIA (~5% in ~400 yrs) (McCulloth et al., 

2000; Hulton et al., 2002; Glasser et al., 2011; Boex et al., 2013; Bendle et al., 2017; Millan et 

al., 2019). Assuming a 70 km wide ice cap (i.e., 1/10 of the model width, approximately 

equivalent to the average width of the SPI today), the percentages above result in the melting 

of 100 m and 1500 m of ice in 400 yrs and in 21 kyrs, respectively (Fig. 2 b,c). We stress that, 
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since we focus on the magnitude and not the pattern of postglacial rebound, results are largely 

independent of the assumed width of the ice cap. The surface uplift rate is calculated through 

time as the surface elevation change resulting from the modelled strain field divided by the 

viscoelastic timestep. The parametric study focuses on the mantle potential temperature 

(sensu McKenzie and Bickle, 1988) which accounts for positive thermal anomalies, TA, of up 

to 200 °C in steps of 50 ° C (added to the reference mantle potential temperature of 1265 °C), 

to mimic the presence of a slab window at depth. 

3. Results 

Results are shown in Table 1 and Figs. 3-5. Overall, increasing the asthenospheric 

temperature decreases the viscosity of the asthenosphere, with significant effects on the 

magnitude and pattern of the velocity field. The asthenosphere viscosity ranges between 1022 

and 1019 Pa s in simulations with TA equal to 0, 50 and 100 °C, whereas it ranges between 

1018 and 1016 Pa s in simulations with TA equal to 150 and 200 °C (Fig. 3 a-d). Lithospheric 

warming due to increasing TA also leads to a moderate reduction of the overall lithospheric 

viscosity, thereby decreasing the integrated lithospheric strength (Te). 

In agreement with the theory of lithosphere flexure (e.g., Turcotte and Schubert, 

2002), the post-LIA deglaciation triggers uplift in the region covered by the shrinking ice cap 

and subsidence in the neighbouring regions (Figs. 3-5). For TA equal to 0, 50, and 100 °C the 

initial maximum uplift rates are less than 2 mm/yr in the center of the model. For TA of 150 

and 200 °C, the initial maximum uplift rates reach up to ~14 and 26 mm/yr, respectively, in 

the center of the model (Fig. 4 b). During the 400 years of deglaciation, the maximum uplift 

rate increases in the center of the model, reaching up to ~20 and 28 mm/yr with a TA equal to 

150 and 200 °C, respectively, and up to ~2 mm/yr with a TA equal to 0, 50 and 100 °C (Figs. 

4 c, d). Observing the maximum uplift rates versus time for the post-LIA deglaciation (Fig. 6 

a), one can recognize that TA equal to 0, 50 and 100 °C generates a slower increase of the 

maximum uplift rate compared to that of simulations where TA equal to 150 and 200 °C. 

When deglaciation ends the maximum uplift rate drops to ~0 mm/yr in ~ 100 years if TA 

equals to 0, 50 and 100 °C, whereas it takes >1000 years is TA equals to 150 °C or 200 °C 

(Fig. 6 a).  
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Table 1 – Maximum uplift rates derived from the numerical simulations for the parametric study that 
considers: a thermal anomaly (TA) of 0, 50, 100, 150 and 200 °C, during 500 years and 25000 years to simulate 
the post-LIA and the post-LGM deglaciation, respectively. In the simulations the post-LIA deglaciation stops at 
400 years, and the post-LGM deglaciation stops at 21000 years, the last timestep shown in the table for both 
experiments are thus after the cessation of deglaciation. Fig. 6 is a plot of the calculated maximum uplift rates vs. 
time for each tested TA, for both experiments. 

Thermal Anomaly (°C) max. uplift rate (mm/yr) 

0 1,487616 1,404141 1,311538 1,231416 1,212055 1,201007 

50 0,764477 0,315201 1,03729 1,581134 2,027777 0,270842 

100 0,486062 0,83436 1,52349 1,982825 0,409559 0,229386 

150 7,719348 13,321857 17,988805 20,933763 14,962459 10,492216 

200 21,171616 25,857969 27,306896 28,201894 6,813495 2,699061 

Time since LIA 
deglaciation onset (years) 0 100 200 300 400 500 

       Thermal Anomaly (°C) max. uplift rate (mm/yr) 

0 0,240966 0,358934 0,883904 1,365068 1,972565 1,200874 

50 0,236484 0,441587 1,15048 1,993024 2,901279 1,478978 

100 0,205707 0,707683 1,15048 3,714884 4,90923 2,403842 

150 0,251128 5,163112 6,149255 6,743781 7,469746 1,924015 

200 2,750999 5,762251 6,855096 7,271318 7,872445 1,364 

Time since LGM 
deglaciation onset (years) 0 5000 10000 15000 20000 25000 
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Fig. 3. Distribution of viscosity and velocity vectors in the simulations. A) With an asthenospheric thermal 
anomaly (TA) of 0 °C, and B) with a TA = 200 °C ~ 400 years after the onset of post-LIA deglaciation. C) With 
an asthenospheric thermal anomaly (TA) of 0 °C, and D) with a TA = 200 °C ~ 21000 years after the onset of 
post-LGM deglaciation.Velocity vectors have not the same scale in the two simulations and serve for 
visualization of the velocity flow.  
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In the post-LGM experiments with TA equal to 0, 50, and 150 °C, the initial maximum 

uplift rate is less than 0.7 mm/yr in the center of the model. When TA equals to 150 or 200 

°C, the maximum uplift rate reach up to 6 mm/yr in the center of the model (Fig. 5 b). During 

the second half of deglaciation the maximum uplift rate increases to 5 mm/yr if TA equal to 0, 

50 and 100 °C (Fig. c,d). For any tested TA, the maximum uplift rate increases with time 

during the deglaciation. The drop of the maximum uplift rate to ~0 mm/yr after the end of the 

deglaciation takes more than 10000 years to occur regardless of TA (Fig. 6 b). 

 

 

Fig. 4. Surface uplift rates 
vs. distance in the model 
domain for the post-LIA 
400 years of deglaciation. 
A) Before the beginning of 
deglaciation; B) t =  ~100 
years of deglaciation; C) t = 
~200 years of deglaciation; 
D) t = ~400 years of 
deglaciation. Different line 
colors correspond to the 
thermal anomaly (TA) 
imposed at the asthenosphere. 

 



Chapter 5   Muller et al., in prep.b 

204 

 

 

Fig. 5. Surface uplift rates vs. 
distance in the model domain 
for the post-LGM 21000 years 
of deglaciation. A) Before the 
beginning of deglaciation; B) t 
= ~1000 years of deglaciation; 
C) t = ~10000 years of 
deglaciation; D) t = ~210000 of 
deglaciation. Different line 
colors correspond to the 
imposed asthenospheric thermal 
anomaly (TA). 
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Fig. 6. Maximum uplift rates vs. time for each simulation with different asthenospheric thermal anomalies 
(TA). A) Simulations for the post-LIA deglaciation accounting for a drop of the glacier thickness of 100 m in 
400 years, highlighted in blue; B) Simulations for the post-LGM deglaciation accounting for a drop of the glacier 
thickness of 1500 m in 21000 years, highlighted in blue. 

 

4. Discussion 

Our modelling is simplistic in that we impose a linear and uniform ice loss instead of a 

more realistic ice-sheet melting pattern in space and time. This choice is due to the fact that 

actual data reporting on the SPI melting velocities and associated redistribution of the surface 

masses cover time spans much shorter than the post-LIA and post-LGM time windows 

investigated here (Anyia et al., 1996, 1997; Rignot et al., 2003; Ivins and James, 2004; Willis 

et al., 2012). As previously highlighted (Hulton et al., 2002; Rabassa et al., 2008, 2011; 

Glasser et al., 2011; Davis and Glasser, 2012; Bendle et al., 2017), constraints regarding the 

ice-sheet mass balance and melting velocities throughout the time windows of interest are 

difficult to obtain from the preserved geomorphological, stratigraphic and geochronological 

records. We also assume a homogeneous lithosphere and neglect lateral viscosity variations in 

the mantle (Klemann et al., 2007), which is obviously an oversimplification given the long-

term southern Andean orogenic history and present-day configuration (Cande and Leslie, 

1986; Ramos, 2005). However, our fully coupled numerical thermo-mechanical geodynamic 

models provide realistic uplift rates that one can compare to observations bearing these 

limitations in mind. Following the example of previous studies (Ivins and James, 1999, 2004; 

Klemann et al., 2007; Dietrich et al., 2010; Lange et al., 2014), we discuss our results 

assuming that GPS-measured rock uplift rates are mostly related to the deglaciation history 

and only marginally controlled by longer term geodynamics. 
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It is noteworthy that surface uplift rates inferred from experiments without 

asthenospheric thermal anomaly are comparable to uplift rates measured in collisional 

orogens such as the European Alps (Sue et al., 2007; Serpelloni et al., 2013; Walpersdorf et 

al., 2015) and the Himalayas (Larson et al., 1999). As these collisional orogens are 

characterized by a thicker lithosphere (Geissler et al., 2010; Ravikumar et al., 2020), they are 

likely less sensitivity to mantle dynamics than the southern Patagonian Andes (Ivins and 

James, 1999, Klemann et al., 2007). In the European Alps post-LGM deglaciation is 

responsible for some 50% of the present day uplift rates (Sternai et al. 2019), but other 

sources of uplift exist such as slab break-off and asthenospheric upwelling (Handy et al, 2015; 

Fox et al., 2016; Sternai et al., 2019). High uplift rates (>25 mm/yr) inferred from our 

experiments with an asthenospheric thermal anomaly between 150-200 °C are comparable to 

uplift rates measured in non-collisional regions such as in Alaska (Larsen et al., 2005) and 

Greenland (Khan et al., 2007). In both these regions, high uplift rates are ascribed to post-LIA 

deglaciation, but a low viscosity asthenosphere (<1020 Pa s) is required to reach up to such 

values (Larsen et al., 2005). We remark, however, that assuming that high uplift rates are 

associated only to short lived and recent deglaciation episodes may be erroneous considering 

that the mantle relaxation time after load/unload episodes may reach up to 105 years (Turcotte 

and Schubert, 2002). The maximum uplift rate reached with high TA (150-200 °C) during 

post-LIA deglaciation is between 25 and 30 mm/yr, still lower than the maximum uplift rate 

measured by GPS in the SPI region (Dietrich et al., 2010, Langue et al., 2014). Under the 

same thermal conditions, the maximum uplift rate reached for the post-LGM deglaciation is 

of ~8 mm/yr. Therefore, our results suggest both long- and short-term deglaciation contribute 

to the present-day uplift rate, the magnitude of which is primarly controlled by the low-

viscosity asthenospheric window due to high mantle potential temperatures. 

Further support to this conclusion is provided by estimates of the mantle relaxation 

time, 𝜏!, as (Turcotte and Schubert, 2002): 

(11) 𝜏! =
!!"
!"

 

where 𝑣 is the asthenosphere viscosity, 𝜆 is the width of the ice sheet, and 𝑔 is the 

gravity acceleration. Substituting mantle viscosities between 1016 and 1018 Pa s and a glacier 

width of 70 km in Eq. 11 leads to between ~ 6000 and 600000 years of mantle relaxation 

time. This time range is considerably longer than the post-LIA deglaciation and includes full 

Pleistocene glacial-interglacial cycles (Ruddiman and Raymo, 1986). Additionally, our 

numerical simulations show that a short time of deglaciation such as during the 400 years of 
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post-LIA is not enough to stabilize the asthenospheric flow when the asthenosphere has a high 

viscosity (Fig. 3 a). The time for the mantle to respond to unload generated by deglaciation is 

of ~10000 years as shown in the post-LGM simulation for a TA = 0 °C (Fig. 3 c). This lead us 

to interpret a glacial rebound caused not only since the LIA but also since the LGM and 

possibly since longer deglaciation cycles recorded in Patagonia (e.g., Rabassa et al., 2008). 

The thermal control on mantle viscosity accounts an increase of 2 to 14 times of the 

maximum uplift rate if comparing TA ≤100 °C with TA ≥ 150 °C. A thermal increase higher 

than 200 °C, however, seems unrealistic, given that it would decrease the mantle viscosities to 

less than 1016 Pa s, which is already an extreme value if we compare with standard 

asthenospheric viscosities (Turcotte and Schubert, 2002) and regions over an asthenospheric 

widow such as the southern Patagonian Andes (Ivins and James, 1999; Robertson Maurice 

and Wiens, 2003; Klemann et al., 2007; Lange et al., 2014; Ávila and Dávila, 2018). We thus 

limit our results to the thermal asthenospheric anomaly of 200 °C, and conclude that the 

asthenospheric window role for the fast surface uplift rates is not only that of producing 

‘dynamic’ uplift as previously defined and estimated (Conrad and Husson, 2009; Guillaume et 

al., 2009), but also by decreasing mantle viscosity and generating additional heat in the 

lithosphere.  

 

5. Conclusions 

Thermo-mechanical numerical modelling suggests that fast postglacial rebound in the 

Patagonian Ice Sheets are to a large extent controlled by abnormally high sub-lithospheric 

temperatures by 150-200 °C due to the asthenospheric window underneath the Patagonian 

Andes. Such thermal anomaly decreases the asthenospheric viscosity to 1016-1018 Pa s, 

allowing surface uplift rates by post-LIA isostatic rebound to reach values around 25 mm/yrs 

and surface uplift rates by post-LGM isostatic rebound to reach values around 25 mm/yrs, 

thereby filling the outstandingly high observational budget (~40 mm/yr).  
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Supplementary Material 

Supplementary Table 1 – Material properties used in the numerical experiments. 

  Ρ0
s Ea Va n C Visc.  Sin  c µ Cp Hr Hl α β 

  (km/
m3) 

(kJ/mo
l) 

(m3/
mol)   (M

pa) 
flow 
law  (ϕeff) (W/m/K) (Gp

a) 
(J/kg/
K) 

(µW/
m3) 

(kJ/k
g) 

(1/k
) 

(1/P
a) 

Crust 2800 154 0 2.3 10 Wet 
Qz. 0.2 0.64+807/(T+

77) 10 1000 1 300 3x1
0-5 

1x1
0-11 

Lithos-
pheric 
mantle 

3250  

 
532 10 3.5 10 

Dry 

Ol.  
0.6 0.73+1293/(T

+77) 67 1000 0.022 400  3x1
0-5 

1x1
0-11 

Asthenos-
pheric 
mantle 

3250  532 10 3.5 10 
Dry 

Ol.  
0.6 0.73+1293/(T

+77) 67 1000 0.022 400 3x1
0-5 

1x1
0-11 

Ice 920  154 0 2.3 10  0 0.73+1293/(T
+77) 67 1000 0.022 400 3x1

0-5 
1x1
0-11 

𝜌!! is the standard densities of solid rocks; 𝐸! is the activation energy; 𝑉! is the activation volume; n is 

the stress exponent; C is cohesion; 𝜑 is the effective internal friction angle; Cp is the specific heat capacity; c is 

thermal conductivity; 𝜇 is the shear modulus; Hr and Hl are the radiogenic and latent heat productions, 

respectively; 𝛼 is thermal expansion; 𝛽 is compressibility. Qz and Ol are quartzite and olivine, respectively. All 

rheological and partial melting laws/parameters are based on experimental rock mechanics and petrology 

(Ranalli, 1995; Hirschmann, 2000; Johannes, 1985; Turcotte, 2002). 
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Chapter 6. Conclusions and Future Perspectives 

 

This thesis includes several aspects of the geologic history of the Southern and the 

Patagonian Andes from the onset of Andean orogeny to present-day, focusing on the coupling 

between tectonic and climate processes. In the first two studies, I used the geo-

thermochronologic methods U-Pb, 40Ar/39Ar, and (U-Th-Sm)/He to constrain the time, 

depths, and rates of rock burial and exhumation, disentangling the tectonic/mantle from the 

climatic contribution to mountain building. In the last two studies, I used geodynamic 

numerical modelling to explore the thermo-mechanical coupling between erosion, strain, 

volcanism, deglaciation, mantle flow, and rock uplift. These studies were based on the 

Quaternary to present-day distribution of volcanoes and ice caps in the Southern and 

Patagonian Andes constrained by vertical GPS, seismic tomography, and low-temperature 

thermochronology data. Results show new mechanisms of tectonic and climate coupling, 

such as orography and volcanic arc location, and mantle potential temperatures and rock 

uplift, which can apply to other mountain and volcanic belts. 

 It is established that the one of main geological links between tectonics and 

climate is erosion which, by generating differential spatio-temporal unload at surface, exerts 

an important control of the distribution of lithospheric strain, uplift, and exhumation (Willet 

et al., 1999, Whipple and Tucker, 1999, Beaumont et al., 2001; Whipple and Meade, 2004). 

Through a comparative analysis of the Southern Andes and Cascade Range, we further 

recognize that asymmetric erosion caused by enhanced precipitation on the orographic side of 

mountain belts can force a windward migration not only of the strain, but also of the magma 

ascent, consequently localising volcanic activity on the more eroded side of the belt (Muller 

et al., 2022). This result is important because it shows for the first time that a climate forcing 

on volcanic activity occurs not only by deglaciation and sea-level changes (Jull and 

McKenzie, 1996; Geier and Bindeman, 2011; Sternai et al., 2016, 2020), but also due to 

orography (Muller et al., 2022). 

The Patagonian-Magallanes fold-and-thrust belt is an example of continent-ward 

verging belt formed between ca. 83 to 70 Ma after a period of extension in the backarc Rocas 

Verdes Basin between ca. 160 and 125 Ma (Muller et al., 2021). Our geochronologic and 

thermodynamic modelling results show that the internal zones of the Patagonian fold-and-

thrust belt were buried down to 23 km depth beneath the pre-Late Cretaceous magmatic arc, 

and then exhumed to about 10 km between ca. 73 – 70 Ma (Muller et al., 2021). The heritage 

of the Late Cretaceous compression controls the deformation style in the Andean subduction 
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margin, characterised by intense deformation in the retro-wedge rather than in the pro-wedge 

(Fig. 1 b, c; Echaurren et al., 2022). These results are difficult to reconcile with analytical and 

numerical models of e.g., Willett, 1999, predicting the effects of orography on the wedge 

deformation and exhumation patterns (see Chapter 1, Fig. 2). Since this was the initial 

orogenic phase of the deformation in the southern Patagonia Andes, as well as in most of the 

other orogenic sector of the Andes (Fig. 1 a, Horton et al., 2018), we suggest that the effects 

of orography were negligible at that time, and tectonics was the major control on the 

distribution of strain and exhumation within the orogenic wedge (Horton et al., 2018; Val and 

Willenbring, 2022).  

We recognize a Late Cenozoic partitioning between tectonic and climatic processes in 

controlling the exhumation pattern based on zircon and apatite (U-Th-Sm)/He 

thermochronometers (Muller et al., in prep. a). For the first time, we are able to distinguish 

and quantify the contribution of ridge subduction and the onset of Patagonian glaciation to 

the exhumation of the Patagonian Andes, as ~ 1 km/Ma between 10.5 and 8.5 Ma and ~ 0.6 – 

3 km/Ma between 6.5 and 4.5 Ma, respectively. We further recognize that the effects of 

glaciation on rock exhumation are not uniform and seem to depend on the glacier’s thickness 

and temperature. The episode of quiescence of rock exhumation between 6-4.5 to 3-0.5 Ma 

(Muller et al., in prep. a; Fosdick et al., 2013; Guillaume et al., 2013; Georgieva et al., 2016, 

2019; Willett, 2020) from 46 to 51 °S suggest glacier’s shielding of the Patagonian Ice Sheet, 

in accordance with the hypothesis of glaciation as a constructive control on mountain 

building (Thomson et al., 2010). Increased glacial erosion in the Quaternary involved a 

transition from thick protective glaciers to narrow effectively erosional glacial valleys. 

Enhanced Quaternary rock exhumation rates in different sectors of the southern Patagonian 

Andes are similar to other glaciated orogens such as the European Alps and the New Zealand 

Alps, suggesting a global change in the glacial-interglacial cyclicity in the Quaternary (Valla 

et al., 2011; Shuster et al., 2011).  
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Fig. 1. a) Digital elevation map with plot of the retroarc crustal shortening along the strike of the Central 
and Southern Andes (Horton et al., 2018 and references therein). b) Schematic orogenic wedges in 
subduction (c) and collisional (b) orogens (Echaurren et al., 2022), showing the systematic difference in the 
localisation of deformation between the two orogenic types. The subduction orogens tend to concentrate the 
deformation in the retro-wedge, whereas collisional orogens tend to develop doubly-vergent orogenic wedges. 
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Our results from numerical geodynamic modelling show that mantle potential 

temperatures from the asthenospheric window control the magnitude of present-day high 

uplift rates due to post-glacial rebound in the southern Patagonian Andes (~ 40 mm/yr) 

(Muller et al., in prep. b). A minimal thermal anomaly of 150 °C of the mantle potential 

temperature is necessary to reduce the asthenosphere viscosity to less than 1018 Pa s and 

generate rock uplift rates of the order of tens of mm/yr, highlighting the relevance of deep-

Earth conditions in setting surface displacements. Also, we test the effects of the post- Last 

Glacial Maximum deglaciation and conclude that long-term post-glacial rebound contributes 

to increase the uplift rates, and not only short-term deglaciation such as the post- Little Ice 

Age deglaciation. This kind of mechanism has operated also in the glacial-interglacial cycles 

during the Late Cenozoic thus having a role also in the long-term history of rock uplift and 

exhumation of the Torres del Paine and Fitz Roy massifs. 

Mountain ranges like the Andes, the North American Cordillera, the Himalayas and 

the European Alps control global atmospheric and oceanic circulation affecting climate and 

ecology over millions of years (Ruddiman and Kutzbach, 1989). As shown throughout this 

thesis, orography, partitioning between glacial and fluvial erosion, subduction, and mantle 

dynamics play a role in mountain building. I focused on the long-lived tectonic and climatic 

history of a subdcution orogen, but the tectonic and climatic interactions addressed here take 

place also in collisional orogens. As in the Fitz Roy and Torres del Paine massifs of the 

southern Patagonian Andes, the external and the internal crystalline massifs of the Western 

Alps form high topographic relief in a glacial environment. They were exhumed betweeen 

~35 to 20 Ma by crustal scale shortening structures due to collision between the European 

and the Adria plates, after oceanic subduction (Handy et al., 2010; Stüwe and Schuster, 2010; 

Rubatto et al., 2011; Schmid and Kissling, 2000; Lipptisch et al., 2003; Schimd et al., 2004; 

Rosenberg et al., 2018; Manzotti et al., 2018). The Western Alps were also subject to rapid 

exhumation since ~5 Ma, which is associated to glaciation, slab break-off, mantle upwelling 

and crustal tectonics (e.g., Delacou et al., 2004; Sue et al., 2007; Valla et al., 2011; Glotzbach 

et al., 2011; Fox et al., 2015, 2016; Sternai et al., 2019). However, there are several 

uncertainties regarding the rates and timing of deep-seated and surface processes that exhume 

these complexes. In my future projects, I envisage comparative analyses using available and 

newly produced data from subduction and collisional orogens to further elucidate the 

partitioning between climate-controlled erosion and lithospheric structures in exhuming 

crystalline complexes, and affecting the architecture of orogenic wedges. 
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To do this, I want to produce new geo-thermochronological data togheter with a 

stratigraphically controlled field work, to quantitatively constrain rates and depths of burial 

and exhumation periods in other orogenic settings. I then want to apply new geodynamic 

thermo-mechanical (e.g., Gerya, 2019; Sternai, 2020, Muller et al., 2022) and landscape 

evolution (e.g., Braun and Willett, 2013; Croissant and Braun, 2014) numerical models 

accounting for subduction and continental collision, to test how the geometry and coupling 

between the plates, mantle dynamics, and fluvial and glacial erosion, affect the topographic 

expressions of orogenic processes (Fig. 2). The objective is to isolate the effects of tectonic 

and surface processes, and track, for example, the pressure and temperature of specific 

markers during tectonic and surface processes, and the evolution of erosion-exhumation rates 

at surface (Fig. 2). Proposed studies are to decouple the mantle, the tectonic and the climate 

contributions to the exhumation of the crystalline massifs of the European Alps, Southern 

Patagonia, Himalaya, and Cascade Range. Like this, I want to contribute to advance the state-

of-the art of geo-thermochronoligcal methods and their application to understand and the 

mechanisms of mountain building and basin generation, eventually linking this knowledge to 

new urgent research areas such as energy and water resources and natural hazards. 

 
Fig. 2: Example of preliminary test of 2D coupled geodynamic and surface thermo-mechanical numerical 
model, where the stream-power erosion is coupled to a subduction setting, the circles in the lower panel 
are markers which are used to track P-T-t paths during the model evolution. The bottom panel show Earth 
layer’s distribution and markers (a), the upper panels show the topography (b), erosion rate (c), and exhumation 
(d) calculated from the movement of markers.  
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Abstract 

Asthenosphere-lithosphere interactions modulated by surface processes generate outstanding 
topographies and sedimentary basins, but the nature of these interactions and the mechanisms 
through which they control the evolution of extensional tectonic settings are elusive. Basal 
lithospheric shearing due to plume-related mantle flow leads to extensional lithospheric 
rupturing and associated magmatism, rock exhumation, and topographic uplift away from the 
plume axis by a distance inversely proportional to the lithospheric elastic thickness. When 
moisturized air encounters a topographic barrier, it rises, decompresses, and saturates, leading 
to enhanced erosion on the windward side of the uplifted terrain. Orographic precipitation 
and asymmetric erosional unloading facilitate strain localization and lithospheric rupturing on 
the wetter and more eroded side of an extensional system. This simple analytical model is 
validated against petro-thermo-mechanical numerical experiments where a rheologically 
stratified lithosphere above an asthenospheric plume is subject to fluvial erosion proportional 
to stream power during extension. Our modelling results are consistent with Paleogene 
mantle upwelling and flood basalts in Ethiopia synchronous to distal initiation of lithospheric 
stretching/rupturing in the Gulf of Aden, which progressively propagates into the Red Sea. 
The present-day asymmetric topography and extensional structures in the Main Ethiopian 
Rift may also be an effect of a Neogene-to-present orographic erosional gradient. Although 
inherently related to the lithosphere rheology, the evolution of continental rifts appears even 
more conditioned by the mantle and surface dynamics than previously thought. 

 

Keywords: asthenosphere-lithosphere interactions; orography; continental rifting; East 
African Rift system 
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1. Introduction 

 The topography of extensional tectonic settings raised fundamental questions 

regarding asthenospheric upwelling (e.g., Hager, et al., 1985; Lithgow-Bertelloni & Silver, 

1998; Moucha & Forte, 2011), the mechanisms of continental stretching/breakup (e.g., Fitton, 

1983; Buck, 1991), the lithosphere-asthenosphere boundary (e.g., Buck, 2004; Koptev, et al., 

2015) and the lithosphere rheology (e.g., Ziegler & Cloetingh, 2004; Burov, 2011). On the 

one hand, heterogeneous inherited lithospheric structures affect the asthenospheric flow and 

produce complex, asymmetric topographies across these settings (e.g., Burov & Gerya, 2014; 

Koptev, et al., 2016). On the other hand, primary plumes rising from the core-mantle 

boundary through the lower mantle spread out variably at the 670 and 410 km discontinuities 

(e.g., Wilson, 1963; Condie, 2001; Courtillot, et al., 2003). The dynamic traction and thermal 

anomaly involved by the upwelling of primary plumes can trigger upwelling of secondary 

asthenospheric plumes in the upper mantle (e.g., Bijwaard & Spakman, 1999; Brunet & 

Yuen, 2000; Nikishin, et al., 2002), which generate topographies of up to several hundreds of 

meters (dynamic topography), thereby providing a substantial contribution to the continental 

lithospheric stretching, warming, and rupturing (e.g., Houseman and England, 1986; 

Lithgow-Bertelloni & Silver, 1998; Kendall & Lithgow-Bertelloni, 2016). Continental rifting 

and associated surface evolution are thus commonly debated in terms of a dominant 

partitioning between asthenospheric plumes and lithospheric far-field forces (e.g., Ziegler & 

Cloetingh, 2004; Foulger & Hamilton, 2014). 

The topography generated by extensional strain is subject to erosion and sediment 

deposition which, acting at similar rates to those of tectonic extension, affect the stratigraphic 

(e.g., Van Balen, et al., 1995), geomorphologic (e.g., Petit, et al., 2007; Sembroni & Molin, 

2018), structural (e.g., Burov & Cloetingh, 1997; Burov & Poliakov, 2001), metamorphic 

(e.g., England & Richardson, 1977) and magmatic (e.g., Maccaferri et al., 2014; Sternai, 

2020) records of continental rifts. Prominent erosion and sediment deposition above an 

extensional setting drive a ductile flow in the lower crust directed outward from the zone of 

lithospheric necking/rupturing, thereby fostering the extensional strain, mantle upwelling, 

rift-shoulder uplift, and tectonic exhumation of deeper rocks (e.g., Burov & Cloetingh, 1997). 

The pressure and thermal anomalies at depth due to surface processes modulate the mantle 

decompression and crustal anatectic partial melting during lithospheric extension (e.g., Jull & 

McKenzie, 1996; Sternai, et al., 2017; Armitage, et al., 2019; Sternai, 2020). Surface load 

changes above an extensional magmatic province affect the stress pattern within the elastic 
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upper crust, modulating the propagation of dykes, the pressure/overpressure field at depth, 

exsolution of gasses, and, thus, the probability of volcanic eruptions (e.g., Jellinek & De 

Paolo, 2003, Jellinek, et al., 2004; Hooper, et al., 2011; Maccaferri, et al., 2011). Because 

magmatism assists extensional lithospheric rupturing (e.g., Buck, 2004; Kendall, et al., 2005), 

the control of surface processes on both magmatism and the slip along extensional structures 

may influence the location, migration, segmentation or failure of continental rifts (e.g., 

Sternai, 2020).  

Representations of surface processes where hillslope-controlled erosion is a function 

of the local slope reveal only first-order effects of surface processes on continental rifting. 

Bedrock fluvial incision, proportional to local slope, river discharge, precipitations, and rock 

type, plays a primary role in creating local relief in form of valleys in fast-evolving areas 

(e.g., Hovius, et al., 1997; Willett, 1999; Whipple, 2009). Hillslope processes then move 

materials from the valley flanks onto the valley floor, where rivers can transport it out of the 

system. As local relief increases, the rate of hillslope erosion accelerates, so that the rate of 

fluvial incision sets the downcutting rate of the entire landscape and the overall erosional 

flux. Orographic perturbation of the regional climate produces systems where a dominant 

storm track draws moisture and precipitation on the upwind side of the topographic barrier 

(e.g., Barry, 1981; Singh & Kumar, 1997), resulting in a strongly asymmetric fluvial erosion 

pattern on the two sides of the range. Although the relationships between orography and 

orogeny in convergent settings have been the subject of previous investigations (e.g., Willett, 

1999), they are poorly known in extensional contexts. 

In this paper, we investigate how asthenospheric flow and orographic precipitation 

influence the slip along lithospheric shear zones accommodating far-field extension, 

associated topographic growth, and lithospheric rupturing. A relationship between the 

location of lithospheric rupturing with respect to the asthenospheric plume axis and the 

lithosphere effective elastic thickness, 𝑇! (Burov & Diament, 1995), is derived analytically 

and adapted to extensional systems subject to orographic precipitation (section 2). We then 

test the analytical solution against numerical models of realistic extensional visco-elasto-

plastic strain of a rheologically stratified lithosphere undergoing partial rock melting and 

fluvial bedrock incision proportional to stream power (section 3). In doing so, we 

systematically document the joint effects of mantle flow and orographic precipitation on the 

evolution of continental rifts to a degree not attempted before (section 4). We finally discuss 

results in terms of the spatial pattern of lithospheric rupturing, rock exhumation, magmatic 

activity and topographic asymmetry in relation to the mantle flow and orography, using the 
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East African Rift system across the Afar triple junction from Ethiopia to Somalia as a natural 

example (section 5). 

 

2. Analytical model 

2.1 Rheology  

 Empirical constitutive relations express the yield stress of rocks as a function of 

strain rate, temperature, pressure and activation energy (e.g., Goetze, 1978; Ranalli & 

Murphy, 1987; Burov & Diament, 1995). In a generalized form, the effective strain rate, 𝜀, 

and stress, 𝜎, (second invariants) are related by, 

𝜀 = Γ𝜎!          (1) 

where the stress exponent 𝑛 and the constitutive parameter Γ describe the rocks 

properties. Eq. (1) describes the ductile behaviour of rocks with Γ = (Γ∗)e(!!/!") and 

2 ≤ 𝑛 ≤ 5, where Γ∗ is a material constant that depends on the mineral grain size, 𝐻 is the 

activation energy, 𝑅 is the gas constant, and 𝑇 is temperature. The following Arrhenius 

relationship holds for ductile creep, 

𝜀 = (Γ∗)e(!!/!")(𝜎! − 𝜎!)!        (2) 

where (𝜎! − 𝜎!) = 𝜎! is the deviatoric yielding stress, defined as the difference 

between the maximum and minimum principal stresses, 𝜎! and 𝜎!, respectively. The ratio of 

the stress to strain rate gives the effective non-Newtonian viscosity, 𝜇 = 𝜎!/2𝜀. For strain 

rates between 10-17-10-14 s-1, exceeding a critical temperature of around 250-300 °C and 600-

700 °C implies ductile flow of quartz and olivine, respectively (e.g., Brace & Kohlstedt, 

1980; Burov & Diament, 1995).  

Following the theory reported in Burov and Diament, 1995, conditions of brittle 

failure in a bi-dimensional case may be approximated as, 

𝜎! = 𝜎!/3.9 MPa if 𝜎! < 120 MPa 

𝜎! =
!!
!.!
− 100 MPa if 𝜎! ≥ 120 MPa      (3) 

implying that the brittle strength of rocks is insensitive to temperature and mainly 

dependent on pressure via 𝜎! (Byerlee, 1978). Colder, upper parts of the crust and mantle 

deform by predominant brittle (plastic) failure, whereas warmer parts of the lithosphere 

deform by temperature activated creep (e.g., Mareschal & Gangi, 1977; Burov & Diament, 

1995). If the yielding limit is overtaken, then rocks fail either by brittle rupturing or by 
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ductile creep flow. If the imposed stress is lower than the ductile or brittle strength, then no 

deformation occurs and the materials behave (quasi-)elastically. 

Combining Eqs. (2) and (3) one can form yield-stress envelopes (Goetze & Evans, 

1979), which allow us to identify resistant (elastic) zones within the lithosphere and zones of 

ductile or brittle failure for given strain rates and local deviatoric stress gradients. The 

mechanical coupling or decoupling between the crust and the underlying mantle is controlled 

by variations in the composition and thickness of the crust as well as by the thermal regime 

and the strain rate. In the case of mechanical coupling, the elastic thickness, 𝑇!, 

approximately corresponds to the depth of the 700 °C isotherm, where ductile strain in the 

mantle becomes dominant. However, for common crustal geotherms and thicknesses, the 

critical ~300 °C isotherm is at mid crustal levels (e.g., Ranalli, 1995), leading to a 

mechanically decoupled lithosphere. Crust-mantle decoupling is accompanied by a drastic 

reduction of 𝑇!, which can be estimated as (Burov & Diament, 1995) 

𝑇! = 𝐶!! +𝑀!
!!
         (4) 

where 𝐶! and 𝑀! are the thickness of the elastic crust and mantle, respectively. 

Estimates of continental 𝑇! vary widely between ~10 and 110 km, assuming globally a 

bimodal distribution with prominent peaks between ~25-35 km and ~65-85 km (e.g., Watts, 

1992; Burov & Diament, 1995). 

The kinematics of lithosphere extension may involve a range of geometries including 

pure shear (e.g., McKenzie, 1978), simple shear (e.g., Wernicke, 1985) and combinations of 

these geometries (e.g., Lister, et al., 1986; Manatschal & Bernoulli, 1999). Systems of 

conjugate lithospheric-scale brittle-ductile normal shear zones underlie these geometries. 

According to classical mechanics, a system of conjugate normal faults in the upper brittle 

parts of the crust and mantle forms at ~60-65° from horizontal in regions subject to 

extensional stress (vertical 𝜎!) (e.g., Anderson, 1951; Reston, 2020). As slip on high-angle 

faults produces topography that opposes further motion (e.g., Forsyth, 1992), the faults must 

rotate to lower angles to accommodate significant extension (e.g., Jackson, 1987). These 

faults remain active because they are sufficiently weak to allow slip at non-optimum angles 

and at stresses below those required to form new faults (e.g., Collettini & Sibson, 2001). 

Lower angle brittle-ductile failure zones transition into low-angle ductile shear zones at 

depth, where temperature-sensitive mechanisms such as shear heating (e.g., Fleitout & 

Froidevaux, 1980; Ord & Hobbs, 1989) and crystal size reduction (e.g., Rutter & Brodie, 
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1988) enable the lower, warmer crust and lithospheric mantle to strain following the power 

law relationship described by Eq. (2) (Ramsay, 1980). Field evidence, laboratory 

measurements and modelling studies suggest that these shear zones correspond to regions of 

intense permeability driving the migration of fluids (e.g., Patriat & Jolivet, 1998; Brown & 

Solar, 1998; Manatschal, 1999; Gottardi, et al., 2015; Roche, et al., 2018). In turn, the 

presence of fluids within extensional shear zones fosters the deformation and facilitates the 

rupturing of the continental lithosphere (e.g., Kendall, et al., 2005; Lavier & Manatschal, 

2006; Gillard, et al., 2016). 

 

2.2 Topography and surface processes 

The relationships between the lithosphere rheology, 𝑇!, and the geometry of structures 

accommodating the tectonic strain determine the evolution of the topography, 𝑡!"#. At any 

time, 𝑡!"# is the sum of isostatic and dynamic components (e.g., Watts, 2009; Faccenna, et 

al., 2014; Sternai, et al., 2019). The isostatic elevation of the surface topography, 𝑡!"#, with 

respect to a reference elevation, 𝐻, does not account for the flow of geological materials and 

depends on the density structure of the lithosphere and underlying mantle, 

  𝑡!"# =
(!!!!!)

!!
𝐶 + (!!!!!)

!!
𝑀 − 𝐻      (5) 

where 𝐶 and 𝑀 are the thickness of the crust and mantle lithosphere and 𝜌!, 𝜌!, and 

𝜌! are the mean densities of the crust, mantle lithosphere and asthenosphere, respectively. 

The dynamic component of the topography, 𝑡!"#, is related to the vertical traction and 

thermal anomaly that mantle convection applies at the base of the lithosphere. In case of 

steady convection within a homogeneous half-space subject to harmonic variations in surface 

temperature (𝑇 = 𝑇!𝑐𝑜𝑠(
!!
!
𝑥), where 𝑇! is the ambient temperature and 𝜆 is the wavelength 

of the thermal perturbation), the flow due to lateral density variations results in,  

 𝑡!"# =
!!!!!
!!

cos (!!
!
𝑥)        (6) 

where 𝜖 is the coefficient of thermal expansion (Molnar, et al., 2015).  

The process of fluvial incision of an uplifting topography is not well understood. 

However, geomorphologists have long proposed that the erosion rate, 𝑒, depends primarily on 

channel slope, river discharge and rock type (Gilbert, 1877). An empirical relationship was 

derived (e.g., Howard & Kerby, 1983; Willett, 1999; Whipple & Tucker, 1999), such that 
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𝑒 = !!!"#
!"

= 𝑘𝐴! !!!"#
!"

!
        (7) 

where 𝐴 is the basin drainage area taken as a proxy for river discharge, !!!"#
!"

 is the 

magnitude of the local topographic slope and 𝑘, 𝑚, and 𝑛 are empirical parameters, usually 

determined by fitting models to river longitudinal profiles. While 𝑘 is used as a scaling 

constant, different values of 𝑚 and 𝑛 lead to differences in the shape of river profiles, but 

commonly used values (e.g., 0.3 < 𝑚 < 0.5 and 𝑛 ≈ 1) predict realistic concave-up profiles 

such as those observed along bedrock rivers incising uplifting topographies (e.g., Stock & 

Montgomery, 1999; Whipple & Tucker, 1999; Willett, 1999; Sternai, et al., 2012). Although 

simplistic, Eq. (7) captures the main physical processes and parameter dependencies and, 

most important for this study, it provides the feedback mechanisms between tectonic uplift 

and erosion. Tectonic uplift increases slope, and the rise of topography increases drainage 

area, both leading to an increase in erosion rates. It must be noted, however, that Eq. (7) does 

not account for sediment deposition and, thus, its use to investigate feedbacks between 

surface and lithospheric processes is representative of systems where the sediment routing 

brings the eroded material far away from the sediment source area. 

 

2.3 Analytical model setup and mechanics 

Given the theory above, consider a layered lithosphere-asthenosphere system subject 

to horizontal far-field extension at a rate 𝑉!"#, in presence of asthenospheric upwelling. We 

frame this system into a right-handed reference where x is parallel to 𝑉!"#, and y is vertical 

(Fig. 1). Once the asthenospheric upwelling reaches the lithosphere-asthenosphere boundary 

(LAB), enhanced resistance by higher viscosity mantle lithosphere forces the vertical 

asthenospheric flow into a flow oriented parallel to the LAB with velocity 𝑉!. Assuming a 

sub-horizontal LAB, this flow assists far-field extensional forces in driving lithospheric 

stretching. The condition 𝑉! > 𝑉!"# is likely due to lower asthenosphere viscosity with 

respect to that of the lithosphere (e.g., Turcotte & Schubert, 2002). Opposite-sense basal 

lithospheric simple shearing, 𝜎!", develops on the left- and right-hand side of the 

asthenospheric plume, affecting the slip along the brittle-ductile shear zones that 

accommodate mantle lithospheric necking and crustal stretching (Fig. 1a-d and Fig. 2a). 
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Figure 1: Sketch showing the main processes at work and the analytical model setup. Panels show the 
structures and topography forming during extension of a rheologically weak (a, c, e) and strong (b, d, f) 
lithosphere, with crust in blue and mantle lithosphere in green (dark and light tones for brittle and viscous parts, 
respectively). Panels (a, b) only account for the contribution of lithospheric far-field forces, panels (c-f) account 
for the contribution of lithospheric far-field and mantle flow-related forces and panels (e-f) further account for 
orographic effects. Theoretical yield stress envelops are shown in blue. Extensional shear zones represented in 
red accommodate most of the deformation. The crust (C), lithosphere (L), mantle lithosphere (M), 
asthenosphere (A) and Moho are indicated in panel (a). Dark and light blue and green colors indicate the upper 
and lower crust and mantle lithosphere, respectively. Other variables are defined in the text.  
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The role of lithospheric structures 

Previous works emphasize the importance of the lithospheric thermal state and 𝑇! in 

determining the mode of extension and the width of the extensional lithospheric rupturing 

zone (e.g., Ziegler & Cloetingh, 2004). We define 𝛼(!!) as the mean angle between the 

orientation of the normal lithospheric shear zones and the horizontal, such that 𝛼(!!) =
!
!

𝛼!!
!!! , where 𝛼! is the ith sampled values of 𝛼 at depth and 𝑧 is the number of sampled 

values of 𝛼. Because 𝑇! evolves in time depending on the evolution of the strain, thermal 

state and topography during extension, a dependency between 𝛼(!!) and time also exists. At 

any given time, however, 𝛼(!!) is set by the partitioning between ductile and brittle shearing 

during extension, which also controls the width of the lithospheric rupturing zone in absence 

of an asthenospheric plume (e.g., Buck, 1991), besides pre-existing lithsopheric structures. 

Fossilized ductile extensional shear zones exposed in many plate margins show that 𝛼! at 

depth may reach values as low as ~5-10° (e.g., Anderson, 1971; Wernicke, 1981; Jolivet, et 

al., 2018). However, cross-lithospheric shear zones must include a brittle part, with higher 

values of 𝛼! that increase 𝛼(!!). Classical rock mechanics suggests that 𝛼!"# = ~20° ≤ 𝛼! <

𝛼!"# = ~65° (e.g., Anderson, 1951; Reston, 2020), which we use to set the condition 

𝛼!"# = 20° ≤ 𝛼(!!) ≤ 𝛼!"# = 65° in a logistic sigmoidal function linking the cross-

lithospheric 𝛼(!!) to 𝑇!, so that 

𝛼(!!) =
!

!!!∙!!!!/!
+ 𝑑         (8) 

where 𝑎 = (𝛼!"# − 𝛼!"#) = 45°, 𝑑 = 𝛼!"# = 20°, 𝑏 is a dimensionless scaling 

factor and 𝑐 is a characteristic length set by the minimum thickness of the brittle lithosphere. 

As described by the schematic 𝜎!" function in Fig. 2a, in presence of asthenospheric 

upwelling, simple shearing at the base of the lithosphere implies strain localisation and 

surface rupturing at a distance, 𝐷 , from the plume axis, such that 

𝐷 = !
!"# (!(!!))

         (9) 

where 𝐿 is the thickness of the thermal lithosphere as set by the depth of the 1300 °C 

isotherm (e.g., Turcotte & Schubert, 2002), although the theory can be adjusted to any other 

reference thickness as far as reasonable values of 𝛼(!!) are used. Fig. 2 shows solutions of 

Eqs. (8) and (9) for the intervals 0 < 𝑇! ≤ 100 km and 20 < 𝐿 ≤ 200 km, satisfying 

lim!!→! 𝛼(!!) = 20°, lim!!→!"" 𝛼(!!) = 65° and 𝑇! ≤ 𝐿 and with 𝑏 = 100 and 𝑐 = 10 km. 



 

Appendix A                                                                                                                    Sternai et al., Tectonophysics (2021) 

231 

 

According to this analytical solution, if 𝑇! > ~80 km, then 𝛼(!!) ≈ 𝛼!"# and 𝐷 ≈ !
!
. Only 

rheologically coupled lithosphere (i.e., with Moho shallower than 35 km) may account for 

𝑇! ≥ 80 km (Burov & Diament, 1995). Thus, 𝐷 ≈ !
!
 represents a minimum expected value. 

In relatively young and hot continental lithospheres, or where the crust is thicker than 35 km, 

𝑇!  is thinner than 80 km and 𝛼(!!) is smaller than 𝛼!"# leading to a higher variability of 𝐷 , 

plausibly ranging between ~50-500 km. However, for realistic rock rheologies and common 

crustal thicknesses, the thicker the lithosphere the higher 𝑇!. In the simplified case of a 

perfectly homogeneous and rheologically stratified lithosphere, this implies that values of 𝐷  

greater than ~350-400 km are unlikely. Although estimates of 𝐷  may vary depending on the 

parametrization of the sigmoid function defining 𝛼(!!) (i.e., parameters 𝑎, 𝑏, 𝑐, and 𝑑 of Eq. 

8), these general bounds appear plausible for common continental lithosphere geometries and 

rheologies (see also section 5). 
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Figure 2: Boundary conditions (a) and analytical solution (b) of Eqs. 8 and 9. The light background in panel 
(a) is taken from Fig. 1a. The lithospheric thickness (L) gives the vertical scale. Other variables are defined in 
the text. In panel (b), thin lines follow the axis on the left and the thick line follows the axis on the right. 
Numbers along thinner lines define the lithospheric thickness (depth of the 1300 °C isotherm) in km.  
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The role of orographic precipitation 

The isostatic elevation of the surface topography, 𝑡!"#, evolves in response to 

variations of the crust and mantle lithospheric thicknesses during extension (Eq. 5), resulting 

in classical horst-and-graben morphology (Fig. 1). Eq. 6 describes the initially harmonic 

upward deflection of the lithosphere and, thus, 𝑡!"# during the rise of the mantle, which then 

diffuses laterally as the head of the plume spreads at the base of the lithosphere. Previous 

models demonstrate the effect of the erosional feedback in the sense of enhanced erosion 

rates where 𝑡!"# = 𝑡!"# + 𝑡!"# reaches high elevations, leading to enhanced deformation and 

exhumation in regions of high erosion rates (e.g., Burov & Cloetingh, 1997; Willett, 1999; 

Sternai, 2020). However, the erosional forcing is not just a function of drainage area and 

slope, as may be accounted for by Eq. 7. Orographic precipitation includes an asymmetric 

distribution resulting from the disruption of a storm track by high topography. Much of the 

moisture in the air mass is lost during air uplift over the mountain range, resulting in a rain 

shadow on the leeward side and in an enhanced erosion rate on the windward side. 

General considerations regarding orographic effects in the case of a stretching 

lithosphere above an asthenospheric plume can be derived adapting previous analyses 

regarding compressive orogenic settings (Willett, 1999) to extensional settings. Assuming 

perfectly symmetric straining of a stretching lithosphere above an asthenospheric plume and 

defining the width of the overall rift topography 2𝑊, identical slope and drainage area 

characterize the basins on the two sides of the rift (Fig. 1a, b). Thus, the parameter 𝑘 in Eq. 7 

determines the rate of erosion on both sides of the rifting lithosphere. Using a reference 

depth, 𝜓, and length, 𝑊, to nondimensionalize the problem in the vertical and horizontal 

direction, respectively, two characteristic fluxes describe the system: the flux of topographic 

advection, 𝐹! ~ (𝑉!"# + 𝑉!)𝜓, due to tectonic extension, and the erosional flux out of the 

upper surface, 𝐹!  ~ 𝑘𝑊. The erosional efficiency, 𝑁!, is the ratio between the erosional flux 

out of the upper surface, 𝐹!, and the flux of topographic advection, 𝐹!, due to tectonic 

extension. 

𝑁! =
!!
!!

 ~ !!!
(!!"#!!!)!

         (10) 

is consistent with Willett’s definition of 𝑁!∗ =
!!!!

!"
 (symbols adjusted to definitions 

provided in this manuscript; see Willett, 1999, for further detail). However, the use of a 

different reference depth that includes the mantle plume (i.e., 𝜓 = 640 km based on the 
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numerical model setup described in section 3) and separating the horizontal velocity term, 𝑉, 

into a lithospheric extensional velocity component, 𝑉!"#, and a mantle plume horizontal 

velocity component, 𝑉!, is more appropriate in this context. A small 𝑁!  reflects a system in 

which erosion rates are low either due to incision-resistant rocks or low precipitation rate. A 

large 𝑁! reflects an erosional environment in which a high topography is unlikely to be 

produced. In the limit as 𝑁! → ∞ erosion is efficient to the point of erasing all increase in 

elevation and no topography exists. In the limit as 𝑁! → 0 the topography is uplifted until the 

mechanical limit set by rocks strength is reached. Because the rates of erosion usually vary 

within the same orders of magnitudes as the rates of tectonic uplift, 𝑁! lies in a relatively 

small range of values representative of the local feedback between tectonics and climate. 

The higher 𝑡!"# the higher the orographic effects on the precipitation pattern. 

Increased erosion rates, reflected in higher 𝑁! on the windward side of the rifting system, 

reduce 𝑡!"#. Because the load of the topography produced during extensional deformation 

works against the tectonic stresses at their origins (e.g., Forsyth, 1992), the erosional removal 

of uplifted terrains promotes the slip along normal shear zones on the wetter and more eroded 

side of the topographic barrier (Fig. 1e, f). Not only a lower topography, but also enhanced 

exhumation and strain localisation are thus expected on the windward side of a rift 

topography, where eventual lithospheric rupturing at a distance 𝐷  (Eqs. 8 and 9) from the 

asthenospheric plume axis would occur (Figs. 1 and 2). 

 

3. Numerical model 

We test the analytical solution in Eqs. 8 and 9 and Figs. 1 and 2 by means of a coupled 

thermo-mechanical and surface processes numerical model. The coupled model includes 

three main components: (1) a rheological model, (2) a model for rock melting, and (3) an 

erosion model as described in more detail hereafter as well as in previous works (e.g., Gerya 

& Yuen, 2003; Gerya & Yuen, 2007; Gerya, 2010). 

 

3.1 Rheological model 

This model component accounts for the visco-elasto-plastic rheology of the 

lithosphere and asthenosphere based on rock mechanics data for a quartz-dominated crust and 

an olivine-dominated mantle (e.g., Ranalli, 1995; Turcotte & Schubert, 2002). In the ductile 
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lithosphere, the rate of strain follows a power law relationship with the stress and an 

exponential relationship with the temperature (Eq. 2). In the brittle (effectively plastic) 

lithosphere, the rocks’ strength is linearly related to pressure. The elastic strain of rocks 

depends linearly on the stress scaled by typical Young’s modulus, µ, and Poisson’s ratio, ν, 

(Table 1). 

During continental lithospheric stretching and asthenospheric plume upwelling the 

mass, momentum, and energy conservation equations are solved, so that 

𝜕𝜌!"" 𝜕𝑡 + ∇(𝜌!""𝒗) = 0
∇(𝝈)+ 𝜌!""𝑔 = 0

𝜌!""𝐶! ∙ 𝐷𝑇 𝐷𝑡 − ∇(𝐶!∇𝑇) = 𝐻! + 𝐻! + 𝐻! +  𝐻!
   (11) 

The effective density, 𝜌!"", is the density of solid rocks at given P-T conditions. 

𝜌!"" = 𝜌! (1− 𝜉 + 𝜉 !!
!

!!!
), with 𝜌!! and 𝜌!! being the standard densities of solid and molten 

rocks, respectively, 𝜉 being the volumetric fraction of melt computed as described in section 

3.2, and 𝜌! = 𝜌![1+ 𝛽(𝑃 − 𝑃!)]×[1− 𝛼(𝑇 − 𝑇!)] where 𝛽 is the compressibility, P is 

lithostatic pressure, and 𝜌!, 𝑃! and 𝑇! are the density, pressure and temperature of rocks at 

surface conditions. 𝒗 is the velocity vector, 𝝈 is the stress tensor, 𝒈 is the acceleration due to 

gravity, 𝐶! is the specific heat capacity, 𝑇 is temperature, 𝐶! is the thermal conductivity, and 

𝐻!, 𝐻!, 𝐻!, and 𝐻! are the radiogenic, shear, adiabatic and latent heat production per unit 

volume, respectively (e.g., Turcotte & Schubert, 2002). The shear heat production is 

calculated as 𝐻! =  𝜎!"! 𝜀!"! , where 𝝈! is the deviatoric stress tensor, 𝜺! is the deviatoric strain 

rate tensor, i and j are coordinate indices (for x and y) and repeated ij indices denotes 

summation, results from dissipation of the mechanical energy during irreversible 

deformation. The adiabatic heat production is computed as 𝐻! = 𝑇𝜖 !"
!"

, where  

𝐶𝑝!"" = 𝐶𝑝 + 𝑄!
!"
!" !!!"#$%

 (12), 

𝜖!"" = 𝜖 + !!
!
𝜌!""

!"
!" !!!"#$%

 (13), 

where 𝑄! is the latent heating of the lithology of interest (Table 1). 
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3.2 Rock melting model 

The rock-specific solidus and liquidus controls partial melting and crystallisation of 

magmas in the pressure-temperature domain (Table 1) (Ranalli, 1995; Turcotte & Schubert, 

2002). At constant pressure, 𝜉 is assumed to increase linearly with temperature according to 

the relations (e.g., Gerya, 2010; Sternai, 2020) 

𝜉 = 0   𝑎𝑡   𝑇 ≤ 𝑇!
𝜉 = (!!!!)

(!!!!!)
   𝑎𝑡   𝑇! < 𝑇 < 𝑇!

𝜉 = 1   𝑎𝑡   𝑇 ≥ 𝑇!

  (14), 

where 𝑇! and 𝑇! are the solidus and liquidus of the considered rock, respectively. The 

effective viscosity, 𝜂, of partially molten rocks with 𝜉 > 0.1 is reduced to a constant value of 

1016 Pa s (e.g., Burg, et al., 2009; Gerya, 2010; Sternai, 2020) simulating a viscosity drop 

consistent with previous estimates (e.g., Kohlstedt, 2002; Rey et al., 2009). Imposing such a 

high melt-content threshold for the viscosity change compensates for the lack of melt 

extraction processes in the numerical model and implies a very conservative assessment of 

the role of partial rock melting on the dynamic interactions investigated here. 

 

3.3 Erosion model 

The geometry of the top of the lithosphere as obtained from the coupled solution of 

Eqs. 11-14 determines the modelled 𝑡!"#, but separating 𝑡!"# and 𝑡!"# requires specific 

settings (see Section 4). Integration on a discrete topography of the top of the lithosphere, 

however, allows for Eq. 7 to be solved numerically, thereby assessing surface elevation 

changes in response to the tectonic strain and fluvial incision (e.g., Willett, 1999; Sternai, 

2020). At each time step, the surface load changes associated with modifications of the 

modelled landscape are computed. The orographic enhancement of precipitation, and hence 

fluvial erosion, is included in the surface processes model by increasing the reference 

𝑘 = 3 ∙ 10!!! s-1 to 𝑘 = 5 ∙ 10!!! s-1 (Eq. 7) on positively sloping topographies. Following 

the approach of Willett, 1999, the resulting net erosional efficiency 𝑁! (Eq. 10) on the two 

sides of the modelled orogen reflects the assumed dominant wind direction and efficiency of 

orographic enhancement of erosion rates, regardless of the imposed tectonic extension and 

lithosphere geometry. 
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3.4 Integrated model components, reference setup, and boundary conditions  

Considering that the lithostatic pressure, P, depends on the elevation, equations 7, 11 

and 14 are coupled via stress, temperature and velocity continuity conditions, adopting the 

finite-differences approximation scheme and a fully staggered bi-dimensional grid (e.g., 

Gerya & Yuen, 2003; Gerya & Yuen, 2007; Gerya, 2010). The initial domain (Fig. 3) 

measures 1500×650 km in the x and y dimensions, resolved by 161×61 grid points 

respectively. The Eulerian grid points are distributed irregularly so that the highest grid 

resolution of 5 km in both directions is imposed in the central-upper part of the model 

domain. To advect the material properties, 400×300 Lagrangian markers are distributed 

randomly in the model domain. A 4th order Runge-Kutta interpolation scheme is used to 

interpolate the material properties carried by Lagrangian markers onto the Eulerian grid. The 

reference model assumes that both the upper and lower continental crust are 20 km thick, that 

is the Moho is located at 40 km depth consistently with commonly observed values (e.g., 

Reguzzoni, et al., 2013). The velocity boundary conditions are free slip at all boundaries (x=0 

km and x=1500 km; y=0 and y=650 km). The left and right moving boundaries (x=0 km and 

x=1500 km) also account for x-parallel velocities equally distributed on the two boundaries, 

which define an extension rate of the model of 1 cm/yr. The lower moving boundary (y=650 

km) also accounts for y-parallel velocity to compensate for horizontal extension and ensure 

mass conservation. The top surface of the lithosphere is calculated dynamically as an internal 

free surface through a 10 km thick layer of “sticky air” with viscosity of 1013 P s (e.g., Gerya, 

2010; Crameri, et al., 2012). Each time step is limited by the Courant criteria (Courant, 

1928). The thermal boundary conditions are 0 °C and 1600 °C for the upper and lower 

boundaries respectively, and nul horizontal heat flux across the vertical boundaries. The 

initial geothermal gradient is piece-wise linear with an adiabatic temperature gradient in the 

asthenosphere equal to 0.5 °C/km (e.g., Turcotte & Schubert, 2002). In the reference model, 

the 1300 °C isotherm at 100 km depth implies a temperature at the Moho of 530 °C. The 

parametric study focuses on the depth of the 1300°C isotherm as main control on the thermal 

lithospheric thickness and associated rheological changes. We account for younger and older 

continental lithospheres with the 1300 °C isotherm between 90 and 180 km depths, implying 

temperatures at the Moho between 580 °C and 290 °C. We initiate an asthenospheric plume 

by imposing a 200 km radius thermal anomaly at the base of the model domain, 200 °C 

warmer than the surroundings, without any imposed variation of the model’s lower boundary 

heat flux. 
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Figure 3: Numerical setup. The inset shows end-member weak (red) and strong (black) lithospheric geotherms 
and yield stress envelops (reference strain rate 𝜺 = 𝟏×𝟏𝟎!𝟏𝟓 s-1), implying 𝑻𝒆 between 30 and 75 km. Shaded 
regions within the yield stress envelop highlight brittle-plastic levels. 

 
Numerical simulations use a reference erosion number 𝑁! = 0.5 (Eq. 10). When 

orographic enhancement of precipitation and erosion is accounted for, 𝑁! is increased to 0.8 

on upwind slopes (left-sloping topography) with respect to downwind slopes (right-sloping 

topography), leading to an approximate five-folds amplification of erosion rates, consistent 

with orographic perturbations of precipitations and erosion observed in natural settings (e.g., 

the Main Ethiopian Rift – e.g., Chorowicz, et al., 1998; Pik, et al., 2003; Garzanti, et al., 

2006; Gani, et al., 2007; Sembroni, et al., 2016 - see also section 5.2). We remark that, 

provided the scaling between the parameter 𝑘 and (𝑉!"# + 𝑉!) in the nondimensional 

definition of 𝑁! (Eq. 10), results are representative of systems subject to any tectonic 

extension and erosion rates. 

 

4. Results 

Evolution of lithospheric structures and topography in absence of orography 

Lithospheric extension in absence of asthenospheric plume and erosion leads to 

distributed strain of a hot and weak lithosphere, i.e., low 𝑇!, and localized strain along 

discrete structures in a cold and strong lithosphere, i.e., high 𝑇! (Fig. 4), in agreement with 

previous studies (e.g., Buck, 1991; Huismans & Beaumont, 2003). The initially flat 

topography evolves into a horst and graben landscape, whose characteristic width and height 

depend on the imposed lithospheric thickness and 𝑇! (Fig. 5). Although the time required to 
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break the lithosphere is inversely proportional to its strength (e.g., Huismans & Beaumont, 

2011; Sternai, 2020), the location of lithospheric rupturing in the absence of plume-induced 

asthenospheric flow and surface processes is poorly sensitive to the imposed large variation 

of 𝑇!. 

 
Figure 4: Evolution of the topography for the numerical experiments shown in Fig. 4a, b. Triangles 
pinpoint the location of lithospheric rupturing. 

 
Figure 5: Numerical experiments of lithospheric extension in absence of asthenospheric plume (∆𝑻=0 °C) 
and erosion (𝑵𝒆=0) for a weak (𝑻𝒆=30 km, a) and strong (𝑻𝒆=75 km, b) lithosphere. Upper panels show the 
phase distribution and lower panels show the second invariant of the strain rate tensor, 𝜺. Depth variations of the 
horizontal component of the velocity vector (𝒗𝒙) are shown in red on the lower panels. Top-to-the-left and Top-
to-the-right basal lithospheric shearing develop on the left-hand and right-hand side of the model respectively to 
accommodate for extension. Distributed vs. localized lithospheric strain occurs when the lithosphere is 
respectively weak (a) and strong (b). SA: Sticky air; UC: Upper Crust; LC: Lower Crust; ML: Mantle 
Lithosphere; UM: Upper Mantle. Panel (c) and (d) show the shear stress at the base of the thermal lithosphere. 

 



 

Appendix A                                                                                                                    Sternai et al., Tectonophysics (2021) 

240 

 

Simulations that account for an asthenospheric plume in the absence of lithospheric 

extension and erosion (Fig. 6) allow us to assess 𝑡!"# for the specific setup (Fig. 7), reaching 

up to ~150 m above the centre of the thermal anomaly shortly after the onset of mantle 

upwelling (<2 Ma). The early harmonic topographic anomaly spreads out laterally once the 

upwelling asthenospheric plume reaches the LAB and its flow is deviated horizontally. The 

upwelling and lateral spreading of the asthenospheric mantle plume at the base of the rigid 

lithosphere is also responsible for an upward deflection of the basal lithospheric isotherms 

and the delamination of the viscous part of the denser lithospheric mantle (e.g., Fig. 6a), 

which inhibit the decay of 𝑡!"#. Subsidence by ~200 m occurs at the margins of the model 

domain. In agreement with previous studies (e.g., Burov & Cloetingh, 1997; Burov & Gerya, 

2014), we observe that the topography at the top of a warm and thin lithosphere is more 

sensitive and responds more quickly to the forcing induced by the asthenospheric plume. 

 
Figure 6: Numerical experiments of asthenospheric plume (∆𝑻=200 °C) in absence of lithospheric 
extension and erosion (𝑵𝒆=0) for a weak (𝑻𝒆=30 km, a) and strong (𝑻𝒆=75 km, b) lithosphere. Upper 
panels show the phase distribution and lower panels show the second invariant of the strain rate tensor, 𝜺. Depth 
variations of the horizontal component of the velocity vector (𝒗𝒙) are shown in red on the lower panels. Note the 
top-to-the-right and top-to-the-left basal lithospheric shearing on the left-hand and right-hand side of the model 
respectively (opposite to Fig. 4) due to the asthenospheric plume and associated flow. SA: Sticky air; UC: Upper 
Crust; LC: Lower Crust; ML: Mantle Lithosphere; UM: Upper Mantle. Panel (c) and (d) show the shear stress at 
the base of the thermal lithosphere. 
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Figure 7: Evolution of the topography for the numerical experiments shown in Fig. 6a, b. 

 
Consistently with the analytical model described in section 2 and by Figs. 1 and 2, 

top-to-the-right and top-to-the-left basal lithospheric shearing develop, respectively, on the 

left- and right-hand side of the numerical model when the lithospheric extension and 

asthenospheric plume act jointly (Fig. 8). Basal lithospheric shearing enhances the simple 

shear component of the deformation by promoting asymmetric slip along conjugate brittle-

ductile shear zones accommodating lithospheric extension. The simple shearing mode of 

deformation is particularly effective in a hot and weak lithosphere (i.e., low 𝑇!) subject to 

dominant distributed viscous strain, leading to lithospheric necking, nucleation of a partial 

melting zone, rock exhumation and final lithospheric rupturing at a high distance 𝐷  from 

the asthenospheric plume axis (Fig. 8a, b). The initial position of Lagrangian markers is 

determined by a pseudorandom number generator algorithm initialized by a random seed. 

Using the same random seed ensures the same initial pseudorandom position of Lagrangian 

markers for all numerical simulations presented. We remark that, although lithospheric 

rupturing may in principle occur on either sides of the mantle plume axis, the initial 

pseudorandom position of Lagrangian markers leads to rupturing on the right-hand side of the 

model in absence of further perturbations. 𝐷  is reduced with increasing lithospheric strength 

(i.e., high 𝑇!) subject to dominant localized brittle-plastic strain in a pure shearing mode (Fig. 

8c, d). Respectively wider and narrower horst and graben morphologies develop during 

extension above weak and strong lithospheres, reflecting distributed lithospheric necking 

away from the asthenospheric plume axis versus localized lithospheric rupturing nearby the 

asthenospheric plume axis, respectively (Fig. 9). High topography (i.e., high 𝑡!"# and 𝑡!"#) 
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above the zone of lithospheric rupturing is due to effective removal of high-density mantle 

lithospheric material replaced by hot upwelling asthenospheric material. 

 
Figure 8: Numerical experiments of lithospheric extension with asthenospheric plume (∆𝑻=200 °C). (a, b) 
Case of a weak lithosphere (𝑻𝒆=30 km). Partial rock melting as well as top-to-the-right and top-to-the-left 
basal lithospheric shearing occur on the left-hand and right-hand side of the model respectively due to the 
asthenospheric plume. Distributed lithospheric strain (a) and lithospheric rupturing far from the asthenospheric 
plume axis (b) occur. (c, d) Case of a strong lithosphere (𝑻𝒆=75 km). Localized lithospheric strain (c) and 
lithospheric rupturing close to the asthenospheric plume axis (d) occur. Partial rock melting only occurs during 
later stages of the experiment (d). Depth variations of the horizontal component of the velocity vector (𝒗𝒙) are 
shown in red on the lower panels in (a) and (c). Top-to-the-right and top-to-the-left basal lithospheric shearing 
occur on the left-hand and right-hand side of the model respectively due to the asthenospheric plume. The 
dashed, red rectangle in the lower panel of (b) shows the region expanded in Fig. 15c. SA: Sticky air; UC: 
Upper Crust; LC: Lower Crust; ML: Mantle Lithosphere; UM: Upper Mantle.  
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Figure 9: (a) Topography of experiments shown in Fig. 8a (black line) and Fig. 8c (red line). (b) 
Topography of experiments shown in Fig. 8b (black line) and Fig. 8d (red line). Triangles pinpoint the location 
of lithospheric rupturing. 

 

The role of orographic precipitations 

Orographically enhanced erosion rates produce asymmetric topography characterized 

by lower slopes and elevations on the upwind side of the range (Fig. 10-13), consistent with 

landscapes observed in natural settings (e.g., see section 5.2). Orographic erosion and 

associated asymmetric removal of the surface masses involve a modification of the strain rate 

by up to two orders of magnitudes on the wetter and more eroded side of the model domain. 

In a hot and weak lithosphere with low 𝑇!, this effect is relevant to depths down to ~200 km, 

where the plume-related mantle flow is particularly fast (Fig. 10a, lower panel). In turn, the 

removal of the surface masses by orographic erosion facilitates partial decompression mantle 

melting and rock weakening (Fig. 10c, lower panel). Strain localization, associated 

lithospheric necking, and focused rock exhumation away from the asthenospheric plume axis 

thus occur on the wetter and more eroded side of the orogen (Fig. 10b, d and 11). In a strong 



 

Appendix A                                                                                                                    Sternai et al., Tectonophysics (2021) 

244 

 

and cold lithosphere with high 𝑇!, the mantle lithosphere supports the stress changes induced 

by orographic erosion and the effects of asymmetric surface mass removal is limited to 

crustal depths (Fig. 12a, lower panel, and 13). The orography-triggered feedback between 

erosion, strain, and rock partial melting and weakening is dampened and mantle lithospheric 

rupturing occurs in proximity to the asthenospheric plume axis. The asymmetric surface mass 

removal due to the interaction between precipitation and orography provides a preferential 

strain localization and exhumation path toward the wetter and more eroded side of the range 

for the partially molten asthenosphere upwelling within the mantle lithospheric necking zone. 

 
Figure 10: Numerical experiments of lithospheric extension (𝑻𝒆=30 km) with asthenospheric plume 
(∆𝑻=200 °C) and erosion (𝑵𝒆=0.5, 0.8). (a, b) Case without orographic precipitation (𝑵𝒆=0.5 on both sides of 
the asthenospheric plume) at time=30 Ma and 50 Ma. (c, d) Case with orographic precipitation (𝑁𝒆=0.8 left of 
the plume and 𝑵𝒆=0.5 right of the plume) at time=30 Ma and 45 Ma. The lower panel in (a) shows the 
difference between the second invariant of the strain rate in the simulation with and without orography (upper 
panels in a and c). The lower panel in (c) shows the difference between partial rock melting in the simulation 
with and without orography (upper panels in a and c). SA: Sticky air; UC: Upper Crust; LC: Lower Crust; ML: 
Mantle Lithosphere; UM: Upper Mantle. 
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Figure 11: (a) Topography of experiments shown in Fig. 10a (gray line) and Fig. 10c (black line). (b) 
Topography of experiments shown in Fig. 10b (gray line) and Fig. 10d (black line). Triangles pinpoint the 
location of lithospheric rupturing. 
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Figure 12: Numerical experiments of lithospheric extension (𝑻𝒆=75 km) with asthenospheric plume 
(∆𝑻=200 °C) and erosion (𝑵𝒆=0.5, 0.8). (a) Comparison between experiments without orographic precipitation 
(𝑵𝒆=0.5 on both sides of the asthenospheric plume) and with orographic precipitation (𝑵𝒆=0.8 left of the 
asthenospheric plume and 𝑵𝒆=0.5 on the right of the plume) at time=5 Ma. The lower panel shows the 
difference between the second invariant of the strain rate in the experiments shown in the upper panels. (b) 
Comparison between experiments without orography (𝑵𝒆=0.5 on both sides of the asthenospheric plume) and 
with orography (𝑵𝒆=0.8 left of the asthenospheric plume and 𝑵𝒆=0.5 on the right of the plume) at time=15 Ma. 
SA: Sticky air; UC: Upper Crust; LC: Lower Crust; ML: Mantle Lithosphere; UM: Upper Mantle.  
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Figure 13: (a) Topography of experiments shown in Fig. 12a (upper left panel: gray line; upper right 
panel: black line). (b) Topography of experiments shown in Fig. 12b (left panels: gray line; right panels: 
black line). Triangles pinpoint the location of lithospheric rupturing. 

 

5. Discussion 

5.1 Mantle flow and orographic forcing on rifting 

A chicken or egg distinction exists between “active” and “passive” rifts (e.g., Sengör 

& Burke, 1978; Olsen & Morgan, 2006), respectively driven by asthenospheric upwelling 

(e.g., Dewey & Burke, 1975; Spohn & Schubert, 1982) or far-field lithospheric extensional 

forces (e.g., McKenzie, 1978; McKenzie & Bickle, 1988). This distinction may hold if 

associated to magmatism, but it becomes questionable when associated to the driving forces 

of continental rifting. On the one hand, horizontal plate-boundary forces alone seem barely 

sufficient to produce continental lithospheric rupturing (e.g., Buck, 2004; Ziegler & 
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Cloetingh, 2004). On the other hand, intracontinental asthenospheric plumes are not 

necessarily associated with major extensional faulting (e.g., Burke & Whiteman, 1973; Le 

Bas, 1987; Wilson & Guiraud, 1998), suggesting that mantle flow alone cannot lead to 

rifting. Extension and rupturing of the continental lithosphere likely result by a combination 

of divergent plate-boundary forces and viscous coupling between the lithosphere and the 

convecting mantle (e.g., Forsyth & Uyeda, 1975; Ziegler & Cloetingh, 2004; Buiter & 

Torsvik, 2014; Jolivet, et al., 2018; Jolivet, et al., 2018b). It should also be noted that 

asthenospheric plumes may be long- or short-lived, and impingement of plumes on zones of 

lithospheric extension can thus affect various stages of continental rifting (e.g., Ziegler, et al., 

2001; Nikishin, et al., 2002; Ziegler & Cloetingh, 2004). During these stages, mantle drag 

forces are strong enough to drive plate motion and the modes of continental lithospheric 

stretching across extensional settings (e.g., Houseman and England, 1986; White & 

McKenzie, 1989; Wilson & Guiraud, 1998; Doglioni, et al., 2003; Sternai, et al., 2014; 

Jolivet, et al., 2018; Jolivet, et al., 2018b).  

Here, we document the effects of mantle drag forces on extensional shear zones (e.g., 

Fig. 4c,d and 6c,d), driving the location of lithospheric necking, focused partial melting, rock 

exhumation and final lithospheric rupturing with respect to the asthenospheric plume axis, 

𝐷 . We assume an initial thermal anomaly that generates mantle upwelling from 650 km to 

the base of the lithosphere in about 1.5 Ma, that is a characteristic mantle flow rate in the 

orders of the tens of cm/a (e.g., Turcotte & Schubert, 2002). The resulting sub-horizontal 

mantle flow at the LAB is faster than the lithospheric extension rate (e.g., see vertical 

velocity profiles in Fig. 6 and 8), in the order of the cm/a as commonly observed (e.g., 

Kreemer, et al., 2014). An increasing misfit between estimates of 𝐷  from the analytical 

(section 2, Eqs. 8, 9) and numerical (section 3, Eqs. 10-15) solutions is found with increasing 

𝑇! (Fig. 14). This misfit is readily explained by the fact that the analytical solution accounts 

for simple shearing only, whereas both pure and simple shearing are accounted for in the 

numerical experiments. Stretching a strong continental lithosphere characterized by high 𝑇! 

leads to rifting by dominant pure shear, compromising the applicability of Eq. 9. Stretching a 

weak continental lithosphere with low 𝑇! leads to rifting by dominant simple shear, which is 

well accounted for by both the analytical and numerical solutions. The misfit between the 

analytical and numerical results (Fig. 14) is thus an indicator of the partitioning between 

simple and pure shear during continental rifting for lithospheres characterized by different 

strengths (e.g., McKenzie, 1978; Wernicke, 1985; Lister, et al., 1986; Buck, 1991; Allemand 
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and Brune, 1991; Manatschal & Bernoulli, 1999). The inverse proportionality between 𝑇! and 

𝐷  found in both the numerical and analytical solutions indicates that a weak lithosphere is 

more prone to be influenced by the sub-lithospheric mantle flow and associated basal 

lithospheric shearing. In a perfectly homogeneous lithosphere, lithospheric necking with 

nucleation of a partial melting zone and focused rock exhumation leading to further strain 

localization and final lithospheric rupturing occur at a distance from the asthenospheric 

plume axis that ranges from a few tens to a few hundreds of kilometres, depending on the 

lithospheric strength (e.g., Figs. 8, 10, and 12). 

 

 
Figure 14: Comparison between analytical (blue crosses) and numerical solutions (red dots). The 
background plot is the same as in Fig. 2b. Note the fine match between analytical and numerical results at 
relatively low 𝑻𝒆 (when dominant simple shear occurs) and increasing mismatch between analytical and 
numerical results at relatively high 𝑻𝒆 (when dominant pure shear occurs). See text for further detail. 

 

The development of prominently asymmetric extensional tectonic features is favoured 

by strain-dependent weakening (e.g., Zhong & Gurnis, 1996; Tackley, 1998; Huismans & 

Beaumont, 2003). On a local scale, deformation on faults and shear zones is inherently 

asymmetric. This is consistent with the inherent asymmetry of our analytical model, which 

only accounts for the simple shear deformation mode. In our numerical models, however, 

rheological weakening by partial melting only pertains to viscous strain (see section 3.2), 

whereas frictional-plastic strain weakening by cohesion loss or fluid pressure variations (e.g., 

Sibson, 1990; Buck, 1993; Huismans & Beaumont, 2003) is neglected. Yet, extensional strain 

localisation tens to hundreds of kilometres away from the asthenospheric plume axis does 
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involve an asymmetry in our numerical models. This result agrees with symmetric, 

asymmetric, or intermediate rift architectures arising from different combinations of pure and 

simple shearing (e.g., McKenzie, 1978; Wernicke, 1985; Lister, et al., 1986; Manatschal & 

Bernoulli, 1999), but further suggests that the mantle flow, when present, can exert a major 

control on the location of surface extensional strain localization, rock exhumation, and final 

continental lithospheric rupturing.  

Strain localisation away from the asthenospheric plume axis drives asthenospheric 

upwelling and topographic uplift above the incipient lithospheric rupturing zone. Erosion of 

the uplifted topography also enhances rock exhumation, and the resulting unloading fosters 

partial decompression mantle melting and viscous strain (e.g., Fig. 10 and 11) (Sternai, 

2020). On the one hand, the lack of a depositional term in our surface process model (i.e., Eq. 

7) may lead us to overestimate the role of asymmetric erosion in setting the location of 

lithospheric rupturing by an extent proportional to the relevance of intramountain sediment 

deposition. On the other hand, the lack of strain weakening during frictional/plastic 

deformation in our lithospheric model, which further enhances the asymmetry of rift systems 

and the sensitivity of surface structures to the erosional forcing (e.g., Tackley, 1998; 

Huismans & Beaumont, 2003), may lead us to underestimate the role of orography and lateral 

erosion gradients recognized here. Overall, we consider it likely that orography and 

associated asymmetric removal of surface rocks promotes lithospheric rupturing on the wetter 

and more eroded side of a rifting continent, thereby playing a role in setting the location of 

lithospheric rupturing. 

 

5.2 Comparison with the East African Rift System 

Simplified models cannot capture entirely the complexity of natural systems. Yet, the 

outcomes of our models are consistent with several observed features in the geological record 

from the Afar triple junction in the East African Rift System. The most robust outcomes of 

our models are the spatial patterns of lithospheric rupturing, rock exhumation and magmatic 

activity, as well as the topographic asymmetry in relation to the asthenospheric flow and 

orography. It is these features and their relationships with the natural tectonics and climatic 

forcing that we discuss hereafter. 
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Mantle upwelling and distal initiation of lithospheric stretching  

Asthenospheric upwelling and impinging at the base of the East African lithosphere 

around 45 Ma led to intense magmatism during three phases of basaltic eruptions associated 

with bimodal or silicic products (e.g., Rooney, 2017). The initial phase focuses on the Omo 

(southern Ethiopia) and Turkana Basin regions and covers a time span of about 10 Ma (~45-

35 Ma). The second phase (Trap eruption) started around 31 Ma (e.g., Hofmann, et al., 1997) 

and is centred in NW Ethiopia and Yemen. The last phase, synchronous (~23-24 Ma) from 

the Red Sea margin to the Turkana Basin and partly associated with continental crust 

extension (e.g., Stab, et al., 2016), is less voluminous and does not result in thick basalt piles 

but shield volcanoes and isolated flows. About 84% of the total basalts volume is found in the 

Ethiopian Plateau resulting in an asymmetric distribution with respect to the Main Ethiopian 

Rift (MER) (Sembroni, et al., 2016). Seismic velocity modelling from wide-angle 

reflection/refraction profiles across the MER suggests the presence of a ~15 km thick high-

velocity lower crust beneath NW Ethiopia interpreted as underplated material associated with 

the Trap eruption (e.g., Mackenzie, et al., 2005). As a result, the western crust of the MER is 

~10 km thicker than the eastern crust. The magmatic activity pre-dates initiation of 

significant extension in the MER, which only began in the middle-late Miocene (e.g., Purcell, 

2018; Macgregor, 2018), but is roughly synchronous to the onset of extension in the Gulf of 

Aden, propagating into the Red Sea since ~30-35 Ma (e.g., Wolfenden, et al., 2005; Bonini, 

et al., 2005; Ebinger & Sleep, 1998). Recent geophysical and field surveys across the Central 

Afar and Red Sea segments (e.g., Hammond, et al., 2011; Stab, et al., 2016) show that 

extension is distributed over a large domain with normal faults dipping mostly toward the 

Ethiopian side of the rift. In addition, the Yemen margin is short compared to the Afar region 

from the Ethiopian Plateau to the Red Sea, where a progressive thinning and a velocity 

gradient distributed over at least 300 km are observed (e.g., Kogan, et al., 2012). A 

combination of mechanical stretching and thermal weakening of the continental lithospheric 

mantle, similar to conditions explored in our numerical experiments, leads to a wide rift 

northward, in line with rare seismicity below 20 km (e.g., Yang & Chen, 2010) and early 

replacement of the lithospheric mantle by the channelling asthenospheric plume head 

underneath (e.g., Stab, et al., 2016). The asymmetry of the deformation is consistent with 

northward displacement of the asthenosphere relative to the lithosphere fostering the 

Cenozoic northward motion of Africa with respect to the Eurasian continent (e.g., Jolivet, et 

al., 2018; Faccenna, et al., 2013), an interpretation that is consistent with our numerical 
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experiments (e.g., Fig. 8a, b and Fig. 15). Eocene mantle upwelling impinging the East 

African lithosphere, leading to intense magmatism and onset of asymmetric extension in the 

Gulf of Aden propagating into the Red Sea, is also consistent with distal initiation of 

lithospheric stretching and magmatic activity with respect to the plume axial zone and 

suggests significant shear stresses at the base of and into the lithosphere. These features, also 

observed into our models, particularly those that assume a warm and weak lithosphere, 

suggest that basal simple shearing induced by the underlying asthenospheric mantle flow is a 

primary driver of the cross-lithospheric strain evolution of the entire East African rift system 

(Fig. 15). Assuming a steady mantle flux and recovering ~800 km of lithospheric stretching 

from the Ethiopian Plateau to the Aden-Red Sea region since the onset of extension (e.g., 

Stab, et al., 2016), one can estimate the horizontal distance 𝐷  between the region of initial 

localization of extension and the plume axial zone underneath Lake Turkana between ~200-

300 km. The analytical solution in Fig. 2 thus indicates a thickness of the Oligocene African 

lithosphere between 80-120 km, with 𝑇! between ~20-40 km. 
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Figure 15: a) Kinematic trajectories since 50 Ma (one step every 5 Ma, from red to blue) on top of the S-
wave velocity anomalies of the lower mantle (LLSVP at 2.800 km), modified after Jolivet et al., 2018 
(tomography from Becker & Boschi, 2002). b) Sketch of mantle convection underneath the East African Rift, 
Arabia and the Zagros Range (approximate location shown by the dashed line in a) representing the low-
velocity anomaly reaching further to the north in the less viscous upper mantle and the downwelling in the 
Tethyan subduction zone (Zagros). c) Comparison with the numerical simulation shown in Fig. 8b (zoom within 
the dashed, red rectangle) and the sketch of mantle convection (black dashed rectangle). 
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Mantle tomography models show a low velocity anomaly centred below the Afar 

region (e.g., Ebinger & Sleep, 1998; Lithgow-Bertelloni & Silver, 1998; Moucha & Forte, 

2011; Faccenna, et al., 2013). Petrological differences between Afar and Kenyan lavas 

suggest that two Cenozoic plumes may have existed (e.g., George, et al., 1998; Rogers, et al., 

2000), the first rising and dispersing beneath Kenya since the Eocene, and the second rising 

from underneath Afar, driving magmatism into the axial MER, the Afar depression and 

north-western Ethiopia (e.g., Bonini, et al., 1997; Kendall, et al., 2005; Ebinger, 2005; Corti, 

2009; Corti, 2008). Regions of thinned lithosphere established along inherited structures 

channelled buoyant magmas, in turn localizing the strain, rock exhumation and lithospheric 

rupturing in the African-Arabian rift system (e.g., Mohr & Zanettin, 1988; Corti, 2009; 

Kendall, et al., 2005; Bastow, et al., 2010; Keranen, et al., 2009; Gao, et al., 2010; Obrebski, 

et al., 2010). Co-location of extensional strain, magmatism, and rock exhumation in our 

numerical experiments (e.g., Fig. 8 and 10) supports this interpretation and further suggests 

that basal lithospheric shearing due to the asthenospheric flow, in addition to inherited 

lithospheric structures (e.g., Corti, 2008; Corti, 2009; Corti, et al., 2007; Brune, et al., 2017), 

focuses lithospheric thinning and eventually leads to rupturing. 

 

Evolution of topography and orographic contribution 

The Ethiopian and Somalian plateaus are part of the African Superswell, a wide region 

of anomalously high topography (e.g., Nyblade & Robinson, 1994) that generates an east-

west orographic effect involving a strong precipitation gradient across the strike of the rift. 

However, assessing the possible contribution of orography and lateral erosion gradients to the 

East African rifting dynamics is challenging because limited information regarding 

orographic patterns in the geological past exist and the evolution of the topography, 

progressively erased by erosion, is unclear. Early studies suggested uplift in Ethiopia in the 

late Eocene, preceding both the flood-basalt emplacement and the main rifting episodes (e.g., 

Dainelli, 1943; Beydoun, 1960; Mohr, 1976). Successive studies argued against major uplift 

before the flood-basalt event (e.g., Merla, et al., 1979; Menzies, et al., 1997), but significant 

erosion in Northern Ethiopia as early as 25-30 Ma ago suggests that an elevated plateau 

existed since at least the Oligocene (e.g., Pik, et al., 2003). A polyphase history of early 

Oligocene domal uplift by ~1 km followed by fast uplift of the plateau by ~2 km during the 

Plio-Pleistocene is plausible (e.g., Gani, et al., 2007; Baker & Mohr, 1972; Almond, 1986; 

Adamson & Williams, 1987; Sembroni, et al., 2016) and consistent with the thermal and 
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mechanical action of the recent asthenospheric plume activity at the base of the lithosphere 

(e.g., Pik, et al., 2003; Gani, et al., 2007; Dugda, et al., 2007; Burov & Gerya, 2014; Koptev, 

et al., 2016) (e.g., Fig. 7). If correct, then orographic effects and similar asymmetric erosion 

patterns to those observed today (Fig. 16b) may also have occurred prior to the onset of 

extension in the MER (e.g., Chorowicz, et al., 1998; Pik, et al., 2003; Garzanti, et al., 2006; 

Gani, et al., 2007; Sembroni, et al., 2016). In support to this claim, lower Miocene basaltic 

lava flows meandering parallel to the present rivers of the Ogaden basin (SE Ethiopia) 

suggest an Oligocene landscape whose configuration was similar to the present (Sembroni & 

Molin, 2018). 

 
Figure 16: a) The inset shows the large-scale present-day mean annual precipitation (Willmott & 
Matsuura, 2001) and the sea surface temperatures (red isolines), as well as the lower Miocene 
paleogeography (black lines) (Seton et al., 2012). b) Mean annual precipitation, active volcanoes (Venzke, 
2013), main extensional structures (black lines) and extent of Eocene flood basalts (brown line). c) 100 km wide 
topographic swath profile (location shown in a) and b), mean elevation in blue and min and max elevation in 
black). Note the overall asymmetry of the Ethiopian and Somalian plateaus due to orographic precipitation. c) 
Simplified profile (location shown in a-c)), modified after Corti et al., 2018 (see also references therein). Note 
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the tectonic asymmetry across the profile with mostly east-dipping normal boundary faults accommodating the 
majority of the deformation (red lines). The structural asymmetry is consistent with basal lithospheric top-to-
the-east shearing. See text for more detail. 

 

At present, the West African monsoon causes south-westerly winds to bring moist air 

from the equatorial Atlantic Ocean toward East Africa, where orographic air upwelling 

enhances rainfall on the Ethiopian side of the MER (e.g., Nicholson, 2017). Conversely, the 

Pacific Warm Pool and the Indonesian throughflow generate a strong east-west temperature 

gradient in the equatorial Indian Ocean, which leads to prevailing easterlies at low levels and 

westerlies aloft (i.e., air ascent and descent in the eastern and western Indian Ocean, 

respectively), responsible for the unusual dry conditions in easternmost equatorial Africa 

(e.g., Nicholson, 2017) (Fig. 16a). Because the air-sea-land thermal contrast that generates 

the current asymmetric precipitation in the region is related to the position of Africa with 

respect to the Indian and Atlantic oceans, it seems plausible that the present-day precipitation 

pattern was established during the early Neogene. Paleo-climate models also suggest that 

uplift of the Ethiopian-Somalian plateaus led the East African climate to conditions similar to 

present-day since at least 8 Ma (Sepulchre, et al., 2006), although such models depend on the 

assumed timing of topographic variations.  

Exposed minimum vertical displacements of major boundary faults along the MER 

indicate a structural top-to-the-east asymmetry characteristic of rift sectors proximal to the 

marked orographic gradient (e.g., Laó-Dávila, et al., 2015; Corti, et al., 2018) (Fig. 16c, d). 

According to our results, the observed topographic and structural asymmetry can be 

explained by preferential erosion of the footwall of major east dipping extensional faults on 

the western side of the range (e.g., Fig. 10 and 11). The asymmetric erosion patterns and their 

feedback with the regional strain and exhumation may further be reflected in lithospheric-

scale differences between the Ethiopian and Somalian plateaus. The lithosphere underneath 

the Somalian Plateau is relatively strong, homogeneous, and characterised by a thick crust. In 

contrast, the Ethiopian plateau stands above a more heterogeneous lithosphere, with a strong 

and thick crust in the northern, dryer sector (e.g., Mackenzie, et al., 2005), but a weaker and 

thinner crust to the south, where the modern orographic precipitation and erosion gradient is 

marked (e.g., Keranen & Klemperer, 2008; Keranen, et al., 2009). Our modelling results 

show that a higher amount of precipitation/erosion in the southwestern Ethiopian plateau may 

have effectively thinned the crust, possibly resulting in the marked across-MER asymmetry 

in bulk crustal Vp/Vs ratios, magnetotelluric data, body-wave tomography, and 𝑇! estimates 

(Corti, et al., 2018, and references therein). Although not conclusive, significant off-axis 
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recent deformation and magmatic activity in the southwestern Ethiopian plateau along the 

transversal Yerer Tullu-Wellel and Goba-Bonga volcano-tectonic lineaments (e.g., Adhana, 

2014; Corti, et al., 2018), in contrast to the absence of significant recent activity in the 

Somalian plateau, provides further support to these interpretations. The MER may thus be the 

first recognized example of orography-conditioned continental rift. If correct, where erosion 

and exhumation are unequal on the two sides of the Ethiopian-Somalian range, the exposed 

vertical displacement along major normal faults underestimates the structural top-to-the-east 

asymmetry, which reaches lithospheric scales. 

 

6. Conclusions 

We investigate the relationships between far field lithospheric extension, 

asthenospheric plume forces and orography in driving the mechanisms and location of 

extensional lithospheric strain through analytical and numerical models. Results indicate that 

plume-induced basal lithospheric shearing drives continental rupturing away from the 

asthenospheric plume axis at a horizontal distance that ranges from a few tens to several 

hundreds of kilometers and is inversely proportional to the lithospheric elastic thickness. 

Orographic precipitation and associated lateral erosion gradient drive changes in the strain 

rate and partial melting down to sub-lithospheric levels and promote lithospheric rupturing 

and/or asymmetric topography, strain and exhumation toward the wetter and more eroded 

side of an extensional range. 

These results are consistent with the first-order geological record from the East 

African rift system, suggesting that the mantle flow and climate-controlled erosion gradients 

affected its strain, exhumation, and topographic history. Apart from the economic interest in 

the architecture of continental margins, the fundamental role of the mantle flow and 

orography in co-determining the location of continental lithospheric rupturing has far-

reaching implications for our understanding of the interactions between plate tectonics and 

climatic changes throughout the Earth’s history. 
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Table 1: Material properties used in all numerical experiments: ρ0 (of solid and 
molten material) is the density, Ea is the activation energy, Va is the activation volume, n is 
the stress exponent, C is the cohesion, Qz. and Ol. correspond to the abbreviations of 
quartzite and olivine, φ is the effective internal friction angle, c is the thermal conductivity, 𝝁 
is the Young’s modulus, 𝝂 is the Poisson’s ratio, Cp is the specific heat capacity, Hr is the 
radiogenic heat production, 𝜶 and 𝜷 are the thermal expansion and compressibility, 
respectively, 𝑸𝒍 is the lithology-related latent heating, and 𝑻𝒔 and 𝑻𝒍 are the solidus and 
liquidus temperature, respectively. Values are taken from Ranalli, 1995, Turcotte & Schubert, 
2002, Gerya, 2010 (and references therein). 

 

 

 
𝝆𝟎𝒔 ,𝝆𝟎𝒍  
(kg/m3) 

Ea 
(kJ/mol) 

Va 
(m3/mol) n 

 C 
(MPa) 

Viscous 
flow law sin(φ) 

𝑪𝑻 
(W/m/K) 

µ  
(GPa) ν  

Upper 
cont. 
crust  

2800 solid 

2400 molten 154 8 2.3 1 Wet Qz. 0.2 
0.64+807/
(T+77) 10 0.2 

Lower 
cont. 
crust  

3000 solid 
2700 molten 238 8 3.2 1 Wet Qz. 0.2 

0.64+807/
(T+77) 25 0.2 

Mantle  
3300 solid 
2700 molten 532 8 3.5 1 Dry Ol. 0.6 

0.73+129
3/(T+77) 67 0.2 

 

 Cp 
(J/kg/K) 

Hr 
(mW/m3) 

 𝝐 
(1/K) β  (1/Pa) 

Ql 
(kJ/kg) Ts (K) Tl (K) 

Upper 
cont. 
crust 1000 1 3x10-5 1x10-11 300 

889+17900/(P+54)+20200/(P+
54)2 at P<1200 MPa, 
831+0.06P at P>1200 MPa 1262+0.09P 

Lower 
cont. 
crust 1000 0.5 3x10-5 1x10-11 380 

973+70400/(P+354)+77800000
/(P+354)2 at P<1600 MPa, 
935+0.0035P+0.0000062P2 at 
P>1600 MPa 1423+0.105P 

Mantle 

1000 0.02 3x10-5 1x10-11 400 

1394+0.132899P-
0.000005104P2 at P<1000 
MPa, 2212+0.030819(P-10000) 
at P>1200 MPa 2073+0.114P 
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Abstract 

 Better understanding of the interactions between surface and deep Earth processes is 
fundamental for allowing the Earth Sciences to take a leading position in the dialogue with all 
domains of frontiers research for climate, environment, energy, geo-resources and biosphere. 
The International Lithosphere Program (ILP) TOPO-EUROPE initiative serves as a pan-
European platform for integrated surface and deep Earth sciences, synergizing observational 
studies of the Earth structure and fluxes on all spatial and temporal scales with modelling of 
Earth processes. This review provides a survey of recent breakthroughs in quantitative 
understanding of coupled surface-deep Earth processes and their impact on our ability to 
respond to the societal challenges currently faced and secure a more sustainable ecosystem. 
In this context, we present key examples of domains of frontiers science with rich potential 
for further advances, multidisciplinary research and community building.  
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1. INTRODUCTION 

The advent and establishment of the theory of plate tectonics in the second half the 

20th century, providing an integrated explanation for the bathymetry of oceans, the relative 

motion of continents, the formation and evolution of orogenic belts and sedimentary basins, 

glaciations, greenhouse gases concentration changes over geological timescales and related 

evolution of oceanic and atmospheric circulation patterns embodies the last major revolution 

in the Earth Sciences. One of the most important recent developments of such theory and 

coeval improvement of mantle tomography models have been the recognition that processes 

occurring at the Earth surface and those taking place deep within its interiors are inherently 

linked. Since this recognition, the understanding of how the Earth’s topography evolves has 

been pursued through joint investigations of the Earth’s surface through sedimentology and 

geomorphology, and of the deep Earth through seismology and geodynamics. More and more 

commonly, modern geologists interpret basins’ stratigraphy, volcanic and hydrothermal 

activity, ore formation and distribution, the morphology of landscapes, changes in sea level 

and surface elevation also in terms of deep geodynamic and tectonic processes. Similarly, 

modern geophysicists explain topographic anomalies as well as erosional and sedimentary 

changes via data that reports on the deeper Earth structure and dynamics. Because the 

surface-deep Earth processes coupling is the means for the geological cycling and storage of 

fundamental elements such as carbon, hydrogen, oxygen and metals, it links the evolution of 

life and climate to that of plate tectonics, also involving favorable aspects such as the 

geological conditions that allow our present-day society to function and prosper into the 

future. This aspect requires, amongst other, knowledge on the distribution of rock formations 

suitable for extraction and storage of natural compounds such as hydrocarbons, carbon 

dioxide, hydrogen, heat, compressed air, nuclear waste, etc. in order to develop strategies for 

production of energy and/or mitigation of climate and environmental changes. It further 

involves natural hazards related to earthquakes and the redistribution of the surface masses of 

rocks, water and ice. The relevance of research pertaining to the deep and surface Earth are 

thus enhanced through a focus on their interaction, particularly considering the threats and 

challenges that the current climate warming imposes on our societies. 
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Figure 1.1: Schematic representation of the Earth System Triangle (EST), showing the main components of 
the Earth System and dynamic interactions. Tectonics, magmatism, and climate are intrinsically coupled with 
joint expressions on Earth topography. Forcings external to the EST include orbital changes as well as sun 
activity. 

 

The International Lithosphere Program (ILP) launched a European multidisciplinary 

program in Europe under the umbrella name of TOPO-EUROPE with a workshop in 2005 

and a white paper (Cloetingh et al., 2007) describing its scientific scope. The program 

represents a bottom-up, community effort to self-organize and cross-fertilize the disparate 

fields within the geological and geophysical communities. Throughout the last fifteen years 

the program has continued to grow. The core of the TOPO-EUROPE research activities was 

supported through funding of a European Collaborative Research (EUROCORES) program 

administered by the European Science Foundation (ESF), with 14.5 M€ allocated by 23 

different member states to better understand and quantify the evolution of topography in 

Europe, the accompanying changes in sea level and their surface and deep Earth driving 

mechanisms. The ESF EUROCORES provided funding for the training of more than 60 

European young researchers with widespread results published in several special volumes 

and papers of high-impact international journals and papers. TOPO-EUROPE has been 

extraordinarily successful in capacity building on a pan-European scale and inspiring large 
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scale collaborative research in Europe. A number of International Training Networks (ITN) 

funded by the European Commission for training and networking young researchers 

followed. The ITNs SUBITOP and TOPOMOD, for instance, have funded more than 20 

young researchers together. On a national level, programs such as the TOPO-IBERIA (Garate 

et al., 2015) program funded by the national research council of Spain (CSIC) with an 

amount of 8M€ to unravel the structure and evolution of the Iberian topography, with an 

average elevation higher than that of Switzerland. TOPO-EUROPE also demonstrated the 

need for integrated European Solid Earth Scientific infrastructures and accomplished the 

realization of a European Plate Observatory System (EPOS) coordinated by the Italian 

National Institute of Geophysics and Volcanology (INGV) as part of the European Scientific 

Research Infrastructure (ESFRI) program. Other examples of community building in the 

Solid Earth science inspired by TOPO-EUROPE are the AlpArray and AdriaArray programs 

for deployment of dense networks of seismic stations to address first order questions about 

intra-crustal heterogeneities and coeval regional seismicity, orogeny and lithosphere 

dynamics. Overall, TOPO-EUROPE served as a trigger to bring integrative Earth Science to 

a position where it could more easily branch out to synergies with other disciplines such as 

Environmental and Climate science. 

The interaction between surface and deep Earth processes is far more reaching than 

anticipated at the onset of the TOPO-EUROPE program and the global nature of the themes 

addressed by TOPO-EUROPE does not restrict its findings to Europe and its continental 

margins (Fig. 1.1). Despite the advances made so far, major challenges for frontier research 

in the domain of coupled surface-deep Earth processes have emerged, requiring to scale up 

present collaborative and individual research efforts as well as the integrated research 

approach and methodologies. In this contribution, we review several recent breakthroughs in 

the domain of the interaction between surface and deep Earth processes. To this aim, we 

follow a bottom-up sequence, starting with perspectives from the deep mantle, followed by 

findings from lithospheric and surface processes research. As evident from this overview, 

these topics cannot be treated in isolation but are intrinsically linked. Recent breakthroughs 

lay a solid foundation for the next TOPO-EUROPE agenda which, apart from pursuing 

further frontiers of research in integrated Earth Sciences, will also focus on interfacing with 

the biosphere, environment, and climate research. 

 



 

Appendix B                                                                                                  Cloetingh et al., Global and Planetary Change (2021) 

275 

 

2. EXAMPLES OF RECENT BREAKTHROUGHS IN LINKING DEEP AND 

SURFACE EARTH DYNAMICS 

 2.1 Mantle structures, dynamics and interactions with the lithosphere 

 Seismology has always been a fundamental source of information on the deep 

Earth, resulting in the widespread acceptance of an Earth structure composed of crust, mantle, 

and core. With further developments in seismology this first order subdivision has been 

refined by dividing the crust, mantle, and core into distinct layers. With the advent of plate 

tectonics, the concept of the lithosphere has emerged, juxtaposing the crust and the more 

viscous part of the upper mantle. Originally, it was assumed that heterogeneity of the Earth’s 

structure is limited to the crust, while the mantle and core were considered as a simpler, 

homogeneous radial structure. This picture has dramatically changed during the past decades. 

In particular, advanced seismic tomography is able to detect crustl/mantle seismic velocity 

differences of only a few percent (Rickers et al., 2013; Plomerová et al., 2016), 

corresponding to temperature anomalies in the order of the tens of °C and subtle 

compositional changes. This allowed imaging of downgoing lithospheric slabs and uprising 

mantle plumes throughout the entire mantle and has provided new constraints on plate 

reconstructions and has also shown that there is rich diversity in the mode of subduction and 

mantle ascent (Arnould et al., 2020) (Fig. 2.1.1). 
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Figure 2.1.1: 3D snapshots of five different numerical simulations of global mantle convection based on 
different plausible parameter settings to highlight the role of plate tectonics and mantle convection in 
driving mantle plumes’ shape and dynamics (modified after Arnould et al., 2020). Temperature is shown in 
the interior of the shells and topography at their surface. The white isotherm on (a) highlights small-scale 
convection. The red isosurface on (e) delineates basal thermochemical heterogeneities. (For interpretation of the 
colours in the figure(s), the reader is referred to the web version of this article.) 
 

Importantly, the sources of vertically continuous low-velocity anomalies (Ritsema et 

al., 1999) interpreted as classic Morgan-type plumes originating at the base of the lower 

mantle (Morgan, 1971), are not randomly distributed across the core-mantle boundary but are 

preferentially localized within or at the boundaries of two large low shear wave velocity 

provinces (LLSVPs) located beneath African continent and the Pacific Ocean (French & 

Romanowicz, 2015). Such “primary” superplumes can also stagnate below or within the 

mantle transition zone (MTZ, 410-660 km) and cause numerous thermal perturbations in the 

upper mantle, corresponding to so-called “secondary” plumes (Courtillot et al., 2003). The 

MTZ might also serve as a barrier to the descent of oceanic slabs, which tend to stagnate in 
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its lower part (Kuritani et al., 2019) due to the jump in mantle viscosity at about 660 km 

depth (Forte & Mitrovica, 1996). A chemical (hydrous) component attributed to water 

originated from stagnant slabs (Richard & Bercovici, 2009) enhances the buoyancy of 

“secondary” plumes rising from the MTZ (Zhao, 2009). Despite the relatively small size of 

these thermo-chemical anomalies (sometimes referred to as “baby” plumes; (Koptev et al., 

2021)), they have been shown to be capable of penetrating to shallow levels near the base of 

the crust (Cloetingh et al., 2022), forming “finger” and “mushroom”-like structures inside the 

overlying continental lithosphere, as detected in regional seismo-tomographic studies across 

the globe (Ritter et al., 2001; Lei et al., 2009). 

 

 
Figure 2.1.2 Comparison of modelled plume-emplacement modes (left panels) with natural examples of 
seismic velocity anomalies in the upper mantle (right panels). a) Modelled “arrow”-shaped plume vs. 
asymmetric “arrow” beneath the Tengchong volcano. b) Modelled “finger”-shaped plume vs. columnar structure 
in sublithospheric and lithospheric mantle below the Eifel volcanic fields. c) Advanced stage of the “finger” 
scenario with intra-lithospheric spreading of the plume head vs. intra-lithospheric “mushroom” underlying the 
Changbaishan volcanic area. Modified after Cloetingh et al., 2022. 
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Seismic tomography has yielded fundamentally new insights into the regional 

geodynamics, providing an unprecedent image in terms of resolution and coverage of the 

upper mantle beneath Europe and its margins, including areas such the northern Atlantic rift 

province (Lebedev et al., 2018; Steinberger et al., 2019), Anatolia (Medved et al., 2021; 

Kounoudis et al., 2020), central Europe (Zhu et al., 2012; Karousová et al., 2012). In this 

context, the Mediterranean area, with its rich spectrum of down going slabs and the creation 

of young and well-preserved back-arc systems provides an excellent natural laboratory for 

detailed imaging of upper mantle structures. (Rappisi et al., 2022) (Fig. 2.1.2) present the first 

three-dimensional (3D) anisotropic teleseismic P-wave tomography model of the upper 

mantle covering the entire Central Mediterranean. The tomography model is dominated by 

numerous fast anomalies associated with retreating, stagnant, and detached slab segments as 

well as relatively slower mantle structures related to slab windows and back-arc basins. P-

wave seismic anisotropy in the Central Mediterranean upper mantle is strongest at 200-300 

km depth and interpreted as the result of asthenospheric material flowing primarily 

horizontally around the rollbacking Cenozoic slabs, while sub-vertical anisotropy may reflect 

asthenospheric entrainment by downwelling slabs. 

Recent tomography underneath the Paris Basin has documented the occurrence of a 

remnant of the Hercynian slab still accounting for a deep density anomaly at the base of the 

lithosphere, resulting in the long living subsidence observed in this intraplate sedimentary 

basin over the entire Mesozoic and Cenozoic (Averbuch & Piromallo, 2012). Recent 

tomography beneath the SE Carpathians in Romania has demonstrated the occurrence of 

ongoing delamination of the Moesian lithosphere, its lithospheric mantle being subducted at 

great depth, accounting for extremely high subsidence rates and deep focal mechanisms 

below the Focsani Depression, whereas its upper crustal basement and sedimentary units are 

progressively uplifted underneath the outer Carpathians in the Vrancea area (Bocin et al., 

2013). Similar dynamics have also been proposed for the Apulian lithosphere beneath the 

Southern Apennines (Roure et al., 2010; Koulakov et al., 2015). In this context, the paleo-

bathymetry and geodynamic evolution of the Eastern Mediterranean as a whole should be 

revisited, as alternative models involving the progressive delamination of the continental 

lithosphere of North Africa could be more realistic than the proposed and currently 

established oceanic nature of the Eastern Mediterranean basin. 

 The lithosphere-asthenosphere boundary (LAB) is a first-order structural 

discontinuity accommodating differential motion between tectonic plates and the underlying 

asthenospheric mantle (Eaton et al., 2009). A fundamental question formulated at the dawn of 
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plate tectonic theory has been the nature and importance of drag at the base of the lithosphere 

arising from mantle convective flow (Forsyth & Uyeda, 1975) versus slab pull (Conrad & 

Lithgow-Bertelloni, 2002) and ridge push (Artyushkov, 1973) forces. Different definitions 

exist on the LAB varying from a thermal definition equating it to an isotherm between 

~1200-1350°C (Artemieva, 2006; Koptev & Ershov, 2011) and a seismological definition 

based on a decrease in seismic velocities (Rychert et al., 2005; Chen et al., 2006) and change 

in seismic anisotropy (Gung et al., 2003). In addition, a petrological definition has been 

formulated pursuing the hydrous nature of the mantle below the LAB (Kovacs et al., 2020). 

Previous attempts have been made to reconcile these different definitions (Artemieva, 2010). 

These attempts also led to the formulation of the ‘pargasosphere’ hypothesis (Kovács et al., 

2021), where pargasitic amphibole (a hydrous double chain silicate with ~1.5 – 2 wt.% ) is 

stable (i.e., at pressures and temperatures less than 3 GPa and 1100 °C) making the 

lithosphere mechanically stronger because anhydrous this hydrous mineral (along with 

phlogopite at higher potassium contents)s lowers the water activity by absorbing ‘water’ and 

from silicate, carbonated silicate and carbonate melts from percolating in this shallower part 

of the upper mantle by metasomatic reactions. This means that the lack of melts/fluids and 

the lower structural hydroxyl content in nominally anhydrous minerals (Girard et al., 2013; 

Tielke et al., 2017) both strengthens the rheology of the shallow upper mantle where hydrous 

minerals, pargasitic amphibole in particular, are stable. This contributes significantly to the 

contrast existing between the stronger and rigid outer shell: the lithosphere and the 

underlying mechanically weak and ductile asthenosphere. 

Besides the LAB, another important horizon in older and colder plates are the mid 

lithospheric discontinuities (MLD) of which discovery goes back only little more than two 

decades (Thybo & Perchuć, 1997). The origin of MLDs is still a controversial issue as it is 

linked to various factors including the presence of hydrous layers (‘water collector’; (Fu et 

al., 2022)), pargasite-rich horizons (Kovács et al., 2021)and channel flow (Yang et al., 2022). 

Regardless their origin, it became clear that MLDs may play a fundamental role in the 

initiation continental subduction (Cloetingh et al., 2021), delamination of the lower 

continental lithospheric mantle and removal of cratonic roots (Wang et al., 2017; Wang & 

Kusky, 2019; Liu et al., 2018; Wang et al., 2022). The LAB and MLD may also be 

genetically linked, since with the age and secular cooling of tectonic plates LAB can be 

transformed into MLD as ‘frozen’ in or ‘fossil’ LAB (Fischer et al., 2010; Kovács et al., 

2017; Rychert et al., 2020)(Fischer et al., 2010; Kovács et al.. 2017; Rychert et al., 2020). 
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Figure 2.1.3: Horizontal and vertical cross-sections of the ani-NEWTON21 tomography model for the 
central Mediterranean (Rappisi e t al., 2022). Areas of poor coverage are masked in grey.  

 

2.2 Structure of the lithosphere and rheology 

 A breakthrough in our understanding of the lithosphere mechanical properties 

was achieved by (Goetze & Evans, 1979), who first extrapolated inferences from 

experimental rock mechanics on olivine to geological timescales to assess the rheology of the 

oceanic lithosphere. Subsequent work on ocean lithospheric flexure under seamount loading 

and at subduction trenches validated this concept, showing that oceanic intraplate seismicity 

is restricted to depths shallower than the isotherm of 750°C whereas the effective elastic 

thickness corresponds to the depth of isotherms between 400-600 °C (Wiens & Stein, 1983; 

Bodine et al., 1981). The mechanically strong part of the lithosphere resides in the upper part 

of the lithosphere in oceanic domains. A similar approach was used to assess the rheology of 

the continental lithosphere. Experimental mechanic studies applied to rocks and minerals 

characteristic of the continental crust and upper mantle (Brace & Kohlstedt, 1980), analyses 

of intraplate seismicity, and quantifications of continental flexure (Cloetingh & Burov, 1996) 

led to a better understanding of spatial variations in the mechanical behavior of the 
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continental lithosphere, allowing for the definition of the effective elastic thickness (Te) as a 

proxy parameter for the rigidity and integrated strength of the lithosphere (Burov & Diament, 

1995; Burov, 2011). Europe, with its wide coverage of seismological studies shedding light 

on the Moho and crustal as well as upper mantle structures, served as the first area to 

construct continental scale maps of Te (Tesauro et al., 2013). These maps were obtained 

determining temperature distribution from inversion of new seismic tomography models 

improved by an a-priori correction of the crustal effect (Koulakov et al., 2009). The new 

temperature estimates were used together with the most updated European crustal model, 

EuCRUST-07 (Tesauro et al., 2008) to calculate the strength distribution within the European 

lithosphere (Tesauro et al., 2009a). Differently from previous estimates, the new strength 

model adopted lateral variations of lithology and density, which were also derived from 

EuCRUST-07. The strength distribution was the input for the calculation of the Te. Both 

strength and Te models show that in western and central Europe the lithosphere is more 

heterogeneous and characterized by mostly mechanically decoupled crustal and mantle 

lithospheric layers, relatively low strength, and Te < 30 km (Tesauro et al., 2009a; Tesauro et 

al., 2009)b, whereas eastern Europe is generally more uniform, stronger, and with higher Te 

values. 

These findings have led to recognition that the spatial distribution of intraplate 

seismicity in Europe is focused around the European Cenozoic rift system (ECRIS) and the 

Pannonian Carpathian system, both characterized by relatively weak lithosphere. These 

concepts have been subsequently expanded to other continents including North America and 

Australia (Tesauro et al., 2014; Tesauro et al., 2020). In North America, a high proportion of 

intraplate seismic events are concentrated at the edge of the cratons (Mazzotti & Stein, 2007), 

in areas characterized by sharp lateral variations in the lithospheric thickness (Mooney et al., 

2012) and integrated strength (Tesauro et al., 2015). A correlation between seismicity and 

cratonic edges is also reported for the Siberian and Congo craton (Craig et al., 2011; Sloan et 

al., 2011).  On the other hand, the intraplate earthquakes in the western part of Australia do 

not show a strong correlation with the edges of the cratons, but many of them occur in areas 

characterized by weak crust, such as the southwestern part of the Yilgarn craton. Other 

seismic events are located along the transition zones between the weak and strong crust, as 

those at the margins of the Officer basin and Musgrave Province (Tesauro et al., 2020). 

The most seismically active areas around the globe are in proximity of plate 

boundaries, where around 90% of earthquakes occur (Sbar & Sykes, 1973). This led to the 

assumption of limited deformation within plates in the early formulations of the plate tectonic 
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theory (Isacks et al., 1968). However, a number of seismic events in intraplate regions testify 

stress accumulation far from plate boundaries, in areas commonly considered tectonically 

stable (Haldar et al., 2022). Notable regions for intraplate earthquakes include the New 

Madrid seismic zone (Nuttli, 1973; Page & Hough, 2014), West Malaysia (Nazaruddin & 

Duerrast, 2021), Costa Rica region (Tary et al., 2021), India (Haldar et al., 2022), central 

Brazil (Rocha et al., 2016) and Bohemia (Mittag, 2003). Typically, these regions are affected 

by low to moderate seismic activity, although examples of earthquakes with magnitude 

higher than 6 still occur. In historical times, notable examples of large earthquakes are the 

well-studied 1811-1812 New Madrid events in the Mississippi valley of the Central U.S., the 

1988 Tennant Creek earthquakes in Australia, the 1819 and 2001 earthquakes in the Kachchh 

rift basin (Western India), and the 1690 Manaus and 1955 Parecis basin earthquakes in Brazil 

(Calais et al., 2016), and references therein). Regarding Europe, relevant examples of historic 

earthquakes that shook relatively stable regions are the Basel (1356), Verviers (1692), Lisbon 

(1755) and Nice (1887). 

Intraplate earthquakes occur preferentially in areas of rifted crust, with over half of all 

events associated with either interior rifts or rifted continental margins, where most M ≥ 7 

earthquakes occurred (Schulte & Mooney, 2005). Several models have been suggested to 

provide an explanation for seismicity in stable cratonic regions. The first models suggest the 

presence of factors causing stress concentration, such as weakened intrusions (Campbell, 

1978), intersections of faults (Talwani, 1988) and shear zones in the lower crust (Zoback, 

1983). Other factors include pre-existing weak zones below the fault (Kenner & Segall, 

2000), topography load change due to surface erosion (Calais et al., 2010), glacier removal 

(Grollimund & Zoback, 2001) and fluid flow along the fault plane (Audin et al., 2002). The 

important contribution of fluids at near-lithostatic pressures has also been suggested for 

seismic activity in southern Italy (Lavecchia et al., 2022), where recent studies highlight a 

strength drop and rheological switch for the Gargano promontory lower crust, causing a 

diffused micro-seismicity at depth greater than 20 km, in contrast to the almost totally 

aseismic upper basement and sedimentary cover in the region (Fig. 2.2.1). High crustal 

temperatures have also been suggested as a driver of seismic activity by raising the depth of 

the brittle ductile rock transition (Liu & Zoback, 1997). A fundamental contribution to 

intraplate seismicity is ascribed to far-field tectonic stresses and large-scale plate interactions, 

which may control the recurrence of intraplate earthquakes depending on the viscosity ratio 

between the two plates and the far field to local fault stress regime (So & Capitanio, 2017). 
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Earthquakes at crustal depth can also be triggered by mantle flow, as in the case of the 

1811-1812 seismic sequences, an unprecedented sequence involving at least three M ≥ 7 

main events (Hough et al., 2000). Several studies invoked the descent of the Farallon slab as 

the main source for high localized mantle flow below the New Madrid seismic zone (Forte et 

al., 2007; Becker et al., 2015), suggesting that variations in mantle flow related dynamic 

topography (see also section 2.3) can contribute to seismicity where convective vertical 

normal stress are modulated by lithospheric strength heterogeneities. It thus appears that 

mantle flow needs to be considered to properly quantify seismic hazard in intraplate regions. 

 

 
Fig. 2.2.1 – A) Map of the Gargano promontory. Inset shows its location (red square) with respect to the 
Adria and Apulian microplates. Colored circles indicate the depth of the earthquake hypocenters. The A-B 
black segment is the trace of the vertical crustal section in panel B. B) Vertical cross-section along the A-B 
section. Hypocenters(black circles) and focal mechanisms are projected over the vertical plane (red = normal; 
green = transcurrent; light blue = transpressive; dark blue = compressive; black = unknown). C) Geotherm, heat 
flow and rheological behavior for the Gargano promontory. Further details are given in Lavecchia et al., 2022. 
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Because seismic reflection profiles recorded by the petroleum industry are only rarely 

made available to seismologists, most seismo-tectonic maps show only the surface projection 

of earthquakes. Few studies using 2D or 3D seismic imagery provide accurate cross-sections 

where individual seismic event can be confidently plotted at depth on specific fault segments 

(i.e., in the Po Plain, (Turrini et al., 2014)). Intraplate deformations and diffuse seismicity in 

the forelands of the Alps, the Pyrenees and the Apennines imply the remobilization of fluids 

within the ductile lower crust; if strong coupling exists between the orogen and its foreland, 

far field reactivation of high angle upper to middle crustal faults at large distance from the 

suture may occur as long as high angle structures are still connected with the lower crust 

(Ziegler & Dèzes, 2006; Lavecchia et al., 2022). The construction of accurate 3D structural 

models at crustal scale, outlining the fault trajectories between the surface and the lower 

crust, still requires the acquisition of regional deep seismic reflection profiles, whereas denser 

seismic networks would be also required to plot individual events on the active fault 

segments (Roure & Howell, 2022). Ultimately, prediction of both horizontal and vertical 

intra-crustal fluid transfer and modelling of associated pore-fluid pressure cycles would 

provide a new approach to better understand and predict seismic hazard at distance from plate 

boundaries. 

 

2.3 Interactions between surface processes and lithospheric dynamics 

Shortening or stretching the continental lithosphere due to horizontal tectonics involve 

their thickening or thinning and thus vertical deformation of the Earth’s surface and, thus, 

surface uplift or subsidence. The dismantling of uplifted terrains via erosion and the filling of 

subsiding basins with sediments contribute facilitates the horizontal motion of plates and the 

associated strain (Sternai, 2023). Within this framework, convergent mountain belts have 

been considered as crustal scale accretionary wedges in which lithospheric deformation and 

erosion are linked in a feedback loop that plays a particularly important role for exhumation 

of deep crustal and metamorphic rocks normally exposed as metamorphic complexes in the 

internal zones of orogenic belts (Burkhard & Sommaruga, 1998; Willett, 1999; Malavieille & 

Konstantinovskaya, 2010) and, as more recently recognized, landscape evolution (Sembroni 

et al., 2016; Reitano et al., 2022), magmatism (Sternai, 2020; Sternai et al., 2021; Stuewe et 

al., 2022; Muller et al., 2023), climate and biodiversity (Favre et al., 2015; Sarr et al., 2022; 

Botsyun et al., 2019; Tian et al., 2022; Xing & Ree, 2017). Probably the best example of the 

role of surface processes in affecting the deeper dynamics is provided by exhumation of the 



 

Appendix B                                                                                                  Cloetingh et al., Global and Planetary Change (2021) 

285 

 

high-grade metamorphic Greater Himalayan Sequence, interpreted as the southward 

‘extrusion’ of the Tibetan middle to lower crust ductile flow in the middle to lower crust 

facilitated by focused erosion along the Himalayan front (Burchfiel & Royden, 1985; 

Royden, 1996; Grujic et al., 1996; Wu et al., 1998; Beaumont et al., 2001; Zeitler et al., 2001; 

Thiede & Ehlers, 2013)  (Fig. 2.3.1). Finally, parallel to the previous solid Earth studies are 

paleoclimate modelling studies designed to identify time periods when climate change can 

induce significant erosional change in tectonically active orogens (Mutz et al., 2018; Mutz & 

Ehlers, 2019) or to aid in the interpretation of paleoclimate versus surface uplift signals in 

paleoaltimetry studies (Ehlers & Poulsen, 2009; Botsyun & Ehlers, 2021) (see also section 

2.7). More of these types of scientific investigations are needed because often times the 

regional modern climate configurations are used as long-term proxy to infer past climate 

forcing on landscape and topography evolution. 

The previous theoretical considerations have stimulated a diverse array of 

observational studies aimed at identifying when and where climate and tectonics operate and 

may be linked (Whipple, 2009; Whipple, 2014). A fundamental challenge for these 

communities has been the diverse timescales over which climate and tectonic may be linked, 

and which methods are best suited for quantifying those interactions. Observational studies 

have targeted one or more of several approaches.  These include: bedrock (hinterland) studies 

quantifying temporal changes in erosional exhumation over millions of years (e.g., via 

multiple thermochronometric systems and numerical inverse modelling approaches; (Ehlers 

& Farley, 2003; Herman et al., 2013)); basin analysis studies investigating the sedimentary 

record of changes in sedimentation and climate reconstructions from proxy data (Whittaker, 

2012; Chen et al., 2018) and  (lastly) investigations of recent (millennial timescale) 

catchment scale sedimentation and erosion rates (e.g., from cosmogenic isotopes, DEM 

analysis, etc) (Schaller et al., 2016; Starke et al., 2017). Together, these types of approaches 

have been successfully applied to quantify temporal and spatial variations in erosion and 

sedimentation, along with inferences on the relative contributions of climate change and 

tectonic processes in controlling them (Champagnac et al., 2012; Champagnac et al., 2014). 

One of the best case-study within the TOPO-EUROPE program, would be the European Alps 

with more than 20 years of scientific research dedicated to the interplay between internal and 

external forcing mechanisms in Alpine topography evolution (Kuhlemann et al., 2002; 

Willett, 2006; Champagnac et al., 2007; Fox et al., 2016; Fox et al., 2013; Valla et al., 2021). 

However, it should be noted that most observational studies focus on identifying spatial or 

temporal correlations between observed erosion/sedimentation rates with changes in climate 
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and tectonics. Ultimately, these studies benefit significantly when linked with dynamic, 

process-based modelling studies where causal relationships can be rigorously tested with 

physics-based modelling approaches (Sternai et al., 2012; Winterberg & Willett, 2019) 

The European Alps have long served as a natural laboratory to highlight relationships 

between localized thrusting and the topographic/architectural evolution of accretionary 

mountain belts during convergence. These relationships are well expressed in the Internal 

Crystalline Complexes (IMC) of the western European Alps (e.g., Monte Rosa, Gran 

Paradiso and Monviso), where oceanic and continental plate fragments subducted down to 

~90 km depth are currently exposed at more than 4500 m above sea level (Schmid et al., 

1996; Rosenbaum & Lister, 2005; Handy et al., 2010; Manzotti et al., 2018). The main driver 

of the exhumation is the shift from subduction to collisional tectonics at ~35 Ma. The 

localization of brittle deformation along major structures such as the Insubric and Periadriatic 

lines exerts a major influence on topography and, thus, on erosion (Janots et al., 2009; 

Malavieille & Konstantinovskaya, 2010). In turn, erosion and sedimentation decrease the 

topographic slope favouring a change from overcritical to stable to undercritical mechanical 

state of the wedge (Willett, 1999; Reitano et al., 2022). Alpine models highlight particularly 

tight relationships between many of the main structures within classical geologic sections 

across the Swiss Alps and erosion and/or sedimentation during convergence (Malavieille & 

Konstantinovskaya, 2010) (Fig. 2.3.1a-c). In response to shortening without surface 

processes, an analogue basement is commonly subject to initial thrusting and imbrication 

upon inherited structural and sedimentary weaknesses. Then, the homogenous part of the 

basement underthrusts and a high friction wedge is originated. With erosion and 

sedimentation, convergence leads to initial thrusting and frontal accretion in the foreland 

basin, followed by formation of an antiformal stack of duplexes in the internal part (Willett, 

2006). Here, protracted strain localization, erosion and exhumation isolates a frontal 

synformal klippen of formerly imbricated thrust units and the antiformal structure eventually 

outcrops as a tectonic window, as observed in the natural case studies (Burkhard & 

Sommaruga, 1998). Climate changes, involving glaciation and precipitation gradients 

amongst other effects, play a similar role to that of strain regime changes in affecting the 

exhumation history of tectonics units across the Alps. The External Crystalline Massifs 

(ECM), for instance, are Paleozoic magmatic and metamorphic complexes of European 

affinity that were quickly exhumed during the Pliocene along the strike of the western 

Periadriatic Line and currently form the highest topography of Europe (e.g., the Mont Blanc). 

Fast exhumation occurs in the last ~1 Ma by erosion of ~1 km of rocks through glacial valley 
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carving (Valla et al., 2011; Sternai et al., 2012; Fox et al., 2015) across terrains subject to 

uplift due to mantle dynamics such as slab-break off and/or slab rollback (Fox et al., 2015; 

Lippitsch et al., 2003; Kästle et al., 2020). The influence of surface processes on orogenic 

dynamics in the European Alps is also expressed at short timescales. Catchment-wide 

quantification of millennial-scale erosion rates has suggested a potential "steady-state" 

between tectonic rock uplift and surface erosion for the Western and Central Alps (Wittmann 

et al., 2007; Champagnac et al., 2009), in contrast to the Eastern Alps (Norton et al., 2011). 

Ongoing efforts in further quantification of both modern rock uplift and millennial-scale 

erosion at the scale of the entire Alps have revealed higher modern uplift rates compared to 

catchment-wide erosion rates, potentially suggesting ongoing surface uplift for the Central 

Alps (Delunel et al., 2020). Overall, the influence of surface processes on orogenic dynamics 

in the European Alps is also expressed at short timescales since at least ~50% of the 

geodetically measured present-day vertical displacements are currently ascribed to the 

deglaciation of the Last Glacial Maximum ice-sheet and Plio-Quaternary erosion of the belt 

(Sternai et al., 2019). 

Another important aspect of the interaction between deep and surface processes in 

orogenic systems has been the documentation of important drainage pattern modifications 

associated with horizontal movements (Castelltort et al., 2012; Goren et al., 2015), as well as 

the possibility of large-scale landscape re-organization (Willett et al., 2014). These works 

have often been benchmarked with numerical and physical models (Guerit et al., 2016; Guerit 

et al., 2018), but they raise the need for further research on the implications of horizontal 

advection in mountain ranges, notably for the interpretation of exhumation 

thermochronometers.  



 

Appendix B                                                                                                  Cloetingh et al., Global and Planetary Change (2021) 

288 

 

 
Figure 2.3.1: (a) Analogue models of crustal convergence and orogenic wedge evolution without (a) and 
with (b) erosion and syn-tectonic sedimentation (Malavieille & Konstantinovskaya, 2010). Modelling 
results are compared to a classical cross section of the Swiss Alps (c) from Burkhard & Sommaruga, 1998. (d) 
Crustal tectonic framework of the Himalaya and Southern Tibet where erosion at the mountain front contributes 
to localized exhumation of weak lower crustal material (e.g., Wu, et al., 1998; Burchfiel, et al., 1992; Beaumont, 
et al., 2001). LHS, Lesser Himalayan sequence; MCT, Main Central Thrust; STD, South Tibetan Detachment; 
GHS, Greater Himalayan Sequence 

 
Recently, links between surface processes and volcanism-magmatism are being 

increasingly recognized and investigated, providing an example of a remarkable 

breakthrough toward a particularly promising research field. The straightforward concept 

behind these links is that changes in the crustal stress and strain fields due to variations of the 

surface load associated to erosion/sedimentation, ice building-melting and/or sea level 

changes can affect the magma production and upwelling towards the surface. As a result, 

subaerial volcanic activity can increase during interglacials due to the reduction of surface 

load by ice melting and erosion (Pagli & Sigmundsson , 2008; Singer et al., 1997; Rivera et 
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al., 2012; Swindles et al., 2018; Sternai et al., 2016a), whereas submarine volcanic activity 

can be inhibited by the downstream effect of sea level rise (Crowley et al., 2015; Schindlbeck 

et al., 2018; Kutterolf et al., 2019). These links pertain not only to individual volcanic 

edifices but also to entire volcanic arcs, where surface erosion/sedimentation can modulate 

the production of magmas (Sternai, 2020) and orographic erosion can force an upwind 

magma ascent toward regions of enhanced surface unloading (Sternai et al., 2021; Stuewe et 

al., 2022; Muller et al., 2023). 

An impressive amount of research performed in just a few decades establishes that 

deformation, surface uplift or subsidence, erosion or sediment deposition (these latter may act 

in addition to ice-building/melting or sea level changes), and the magmatic/volcanic activity 

comprise a dynamic and complex system with feedbacks that links plate tectonics and 

continental drifting to the evolution of the surface topography. 

 

2.4 Beyond dynamic topography, sea level change, glaciation 

The Earth’s topography is shaped by external and internal processes that continually 

shape interact at various time and spatial scales (Sternai, 2023). Mantle flow generates 

topography through the transport of temperature and density anomalies resulting in 

deformation of the surface, a mechanism first proposed by (Pekeris, 1935). Over the last few 

decades, the community of geodynamic models realized the potential implications of mass 

flow in the upper mantle for vertical motions at the surface of the overlying lithosphere. 

Major research efforts have been made to advance this field resulting in the concept of 

‘dynamic topography’ as the regional relief generated by the flow-related vertical stresses 

and/or thermal anomalies acting at the base of the lithosphere resulting from the mantle flow. 

Global models of mantle flow and density can be used to predict the Earth’s dynamic 

topography. Current mantle flow models often include density anomalies derived from 

seismic tomography models (Conrad & Husson, 2009; Hager et al., 1985; Steinberger, 2007), 

and these density anomalies can be advected backward to several Myr ago (Conrad & Gurnis, 

2003). Some mantle flow models use reconstructed surface plate velocities as upper boundary 

conditions and plate assimilation techniques in forward models (Bower et al., 2015; Liu et al., 

2008). Using a wealth of different techniques, previous studies attribute topographic 

anomalies at wavelengths greater than 104 km to convection across the entire mantle (Hager 

& Richards, 1989; Becker et al., 2014; Arnould et al., 2020). Such large-scale dynamic 

topography is expected to change at relatively slow rates between 1-80 m/Myr (Flament et 
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al., 2015). Regional observational constraints, however, suggest the existence of transient 

(<10 Myr) and local (<3000 km) dynamic topography related to pulses of mantle upwelling 

or strong local upper mantle convection (Al-Hajri et al., 2009; Hartley et al., 2011). 

Interpretation of river drainage patterns based on continental margin uplift or subsidence 

(Pritchard et al., 2009; Roberts et al., 2012) or carbonate platform analysis (Czarnota et al., 

2013) indicates rates of dynamic surface elevation change between 75-400 m/Myr. Regional 

models of dynamic topography and relative sea level change associated with small-scale 

convection (Petersen et al., 2010) predict surface topography at wavelengths as short as 250 

km and on timescales of approximately 2-20 million. (Petersen et al., 2010) showed that 

small-scale mantle convection can sweep across the surface with an amplitude of about ±300 

m and induce a high-frequency stratigraphic sequence with period between 2-20 Myr and 

lateral wavelength of about 200 km.  

A recent global model of present-day topographic anomalies based on global seismic 

data collected primarily at passive plate margins, confirms that the magnitude of the remnant 

topography is significant at wavelengths as short as 1000 km (Hoggard et al., 2016). 

However, most global mantle convection models predict negligible dynamic topography at 

wavelengths shorter than 5000 km (Hoggard et al., 2016) due to the limited resolution of 

seismic tomography. Furthermore, the spatial variability of the seismic velocity-density 

conversion factors to predict mantle flow is uncertain, and chemical effects in the uppermost 

mantle are often ignored. In addition, lithospheric density anomalies that are commonly not 

accounted for when dynamic topography is calculated from global or regional upper or whole 

mantle flow models (Flament et al., 2013; Lithgow-Bertelloni & Silver, 1998; Steinberger, 

2007). Recently, (Steinberger et al., 2017), showed that accounting for density 

heterogeneities in the uppermost mantle from a high-resolution near-surface tomography 

model in combination with a global S-wave model allows resolving dynamic topography at 

spatial scales as low as a few hundreds of km. 

Studies have also been carried out on European regional scales and a testbed has been 

the Alpine-Mediterranean area due to the complex plate configuration and associated mantle 

dynamics. As shown by e.g., (Boschi et al., 2010) for the pan-Mediterranean area, and by 

(Sternai et al., 2019), for the greater Alpine region, models’ predictions are very sensitive to 

the adopted lithospheric structure and mantle, showing major differences when global low-

resolution or regional high-resolution crustal and mantle tomographic data are used. Indeed, 

considerable debates exist on the magnitude of the mantle contribution to the surface vertical 

displacements as reviewed by (Molnar et al., 2015; Hoggard et al., 2016). These issues are 
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important also in the context of linking inherited topography to the record of sea level change 

(Cloetingh & Haq, 2015), and continuing efforts are made to obtain insights in the connection 

between long-term sea level changes from Solid Earth processes, including the contribution 

from dynamic topography (Young et al., 2022) (Fig. 2.4.1). Building upon the research done 

in the Alpine-Mediterranean domain (Faccenna & Becker, 2020; Sternai et al., 2019; 

Faccenna et al., 2014; Sternai et al., 2014), the AlpArray and AdriaArray research projects 

are providing the community with a great deal of new data including seismic anisotropy 

(Liptai et al., 2022; Rappisi et al., 2022; Lo Bue et al., 2022), Moho and LAB geometry, 

gravity maps, S- and P-wave structures (Bianchi et al., 2021; Sadeghi-Bagherabadi et al., 

2021; Link & Rümpker, 2021; Scarponi et al., 2020) and other geophysical measures. 

Improving quantifications of the patterns and magnitudes of mantle contributions to 

topography changes and vertical displacements is thus a major endeavor in the agenda of 

future surface-deep Earth research initiatives. 

 
Figure 2.4.1: Dynamic topography estimates since 560 Ma in 40 Myr increments, for sources of buoyancy 
deeper than 350 km, free-slip boundary conditions and preserving lateral viscosity variations at all depths 
(Young et al., 2022). Reconstructed subduction locations in black, reconstructed mid-oceanic ridges and 
transform faults in khaki, and continent-ocean boundary in brown. 
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2.5. Deciphering the interplay between internal and external forcing in 

sedimentary basins dynamics 

 

 Understanding the structure and evolution of sedimentary basins is important for 

many societal issues (see chapter 4), in the first place by their nature of a humankind 

repository for subsurface georesources, both conventional and sustainable, such as 

geothermal energy or storage as in carbon-capture or hydrogen (Haszeldine, 2009; Cloetingh 

et al., 2010; Limberger et al., 2018; Jolie et al., 2021). Understanding the feedback 

mechanisms between internal and external forcing acting in orogens and sedimentary basins 

systems is important to quantify causal processes, such as linked exhumation and uplift in 

mountain belts with subsidence in neighbouring basins generating societal-relevant natural 

hazards (Roure, 2008; Seranne et al., 2015; Matenco et al., 2016; Bernard et al., 2019; Sautter 

et al., 2019). The interaction between deposition in sedimentary basins with processes in the 

neighboring orogens driving erosion and transport is in particular challenging because it 

requires a multi-scale approach where the meters to tens of kilometers scale observations are 

integrated with numerical modelling across the entire orogen-basin system, including the 

underlying lithosphere (Fig. 2.5.1a) (Cloetingh & Haq, 2015; Gibson et al., 2015; Noda, 

2016; Matenco et al., 2022). 

 Recent breakthroughs have shown that multi-scale vertical movements associated 

with erosion control the deposition in sedimentary basins, modulated by sea-level variations 

and the local climate, or in the case of endorheic basins the balance between precipitation and 

evapo-transpiration (Nichols, 2011; Andric et al., 2018; Balázs et al., 2017; Ballato et al., 

2019; Matenco & Haq, 2020). No matter the specific setting, tectonic drivers of vertical 

motions controlling the creation or destruction of accommodation space are made up of a 

wide number of processes that vary in time and space from upper crustal faulting and its 

individual moments of activation during the seismogenic cycle, the creation of individual 

basins or their connection in larger sedimentation domains, to the long-term thermo-flexural 

effects that are usually grouped in the generic term of dynamic topography, driven either by 

tectonics or mantle convection (Fig. 2.5.1b) (Gurnis, 2002; Ventura et al., 2007; Conrad & 

Husson, 2009; Braun, 2010; Munteanu et al., 2012; Flament et al., 2013; Bercovici & Ricard, 

2014; Sato et al., 2017; Faccenna & Becker, 2020; Tartaglia et al., 2020). The sedimentation 

patterns observed have a wide range of temporal and spatial scales, creating an often quasi-

cyclic deposition than can be observed in the 10 Kyr – 200 Myrs and metres to hundreds of 
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kilometres scale, depending on the balance between the rate of creating accommodation 

space and the rate sediment supply, modulated by a wide range of parameters, such as the 

distribution of faulting, thermal structure of the lithosphere, glacio-isostatic adjustment, the 

rate of creating the oceanic lithosphere, conditioned by climate and sea-level variations 

(Sigmundsson & Einarsson, 1992; Cobbold et al., 1993; Garcia‐Castellanos et al., 2003; 

Cederbom et al., 2004; Haq, 2014; Cloetingh & Haq, 2015). 

 Among the observed large-scale variability of sedimentary basins, tectonic-driven 

sedimentation can ultimately be defined as being sourced from multiple directions in a quasi-

cyclic deposition filling an asymmetric depositional space with an overall triangular 

geometry that contain steep slopes prone to mass-wasting deposition, creating ultimately 

generic tectonic successions that are spatial, temporal and sea-level independent (Fig. 2.5.1c) 

(Matenco & Haq, 2020). While the influence of climate and eurybathic variations, analysed 

by the classical means of sequence stratigraphy (Van Wagoner et al., 1990; Hardenbol et al., 

1998; Catuneau et al., 2009), is undeniable in many tectonically-driven sedimentary wedges, 

such deposition takes often place in areas located too far in the continental interior, too deep 

in the oceans or too high in the mountains to be characterized by a global shoreline-fixed 

terminology (Fig. 2.5.1a). Therefore, the conceptual approach of multi-scale tectonic 

succession based on the identification of succession boundaries and point of reversals 

separating sourceward- and basinward- shifting facies tracts (Fig. 2.5.1c) is more 

appropriately employed for facies predictions in the large variability of syn-kinematic 

deposition observed. This terminology can be efficiently employed in all types of tectonic 

settings, from continental rifting and extensional, to transtensional, contractional and 

foredeeps, with relevant observational or modelling examples that can be applied to the 

Pannonian Basin, Western Mediterranean, Pyrenees, Alps, Carpathians or various types of 

south-eastern Asia basins (Matenco et al., 2010; Suades Sala, 2016; Balázs et al., 2016; 

Andric et al., 2018; Matenco & Haq, 2020; Balázs et al., 2021).  
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Figure 2.5.1: The multi-scale depositional concept of tectonic successions driven by the coupled evolution 
of sedimentary basins, orogens and their underlying lithosphere (Matenco and Haq, 2020; Matenco et al., 
2022). a) Sketch showing various types of plate tectonic regimes, the formation of depositional space and its 
infill in sedimentary basins; b) temporal and spatial variability of mechanisms that drive the evolution of 
depositional space and sea-level variations. LIPS - Large Igneous Provinces; GIA - Glacial Isostatic 
Adjustment; c) Conceptual definition of low (i) and high order (i+1) tectonic successions (TS) in fault bounded 
sedimentary basin, which are composed of a sourceward-shifting facies tract (SFT) and a basinward-shifting 
facies tract (BFT). NF - normal fault(s), TF - thrust fault(s), SSF - strike-slip fault(s) with their sketched offset 
creating a wedge-shaped depositional space. SB = succession boundaries, POR = point of reversal, δAS = rate 
of creating accommodation space, δSS = the rate of sediment supply. For further details we refer to Matenco 
and Haq (2020) and Matenco et al. (2022). 
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2.6. Quantifying present-day vertical motions 

 Satellite-based geodesy, and particularly global navigation satellite system (GPS), 

has rapidly developed in the last two decades, becoming the prime source of information on 

horizontal motion of the lithosphere. Examples of early regional scale horizontal surface 

velocity measurements are the studies of (Reilinger et al., 2010), on the westward movement 

of Anatolia, and (Grenerczy et al., 2005), on the northwestward movement of Adria and its 

impact on the adjacent lithosphere of the Dinarides Pannonian Carpathian region. This topic 

has also been an area of active research of TOPO-EUROPE, especially in the Fennoscandia 

region (van der Wal et al., 2013) and the Mediterranean area (Faccenna et al., 2014). Today, 

thanks also to the development of pan-European global navigation satellite system (GNSS) 

initiatives (e.g., EPOS, https://gnss-epos.eu), for large part of the Africa-Eurasia plate 

boundary zone it is possible to use horizontal geodetic velocities to constrain strain-rates, 

fault kinematics and lithosphere dynamics with unprecedent spatial details (Piña‐Valdés et 

al., 2022; Pintori et al., 2022; Serpelloni et al., 2022). 

 

 

Figure 2.6.1: Map of the absolute observed (colored circles) and continuous vertical GPS velocities of the 
Mediterranean region (modified after Serpelloni et al., 2022). 

 

A breakthrough has been the development of the capability to extract vertical motions 

from GPS observations. It is widely known, in fact, that the precision of vertical positions 
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determined by GPS is typically about 3-5 times lower than for the horizontal. Moreover, GPS 

measurements of vertical surface motion are susceptible to numerous potential errors and 

local processes, besides the geometric weaknesses in the height component of GPS in 

general. However, the increasing GPS series length and stations spatial density now allows to 

extract spatially consistent, in a statistical sense, features of the vertical geodetic velocity 

field (Serpelloni et al., 2013; Pintori et al., 2022; Serpelloni et al., 2022; Kreemer et al., 

2020). Also in this case, the Alpine-Mediterranean area has been at the forefront. (Serpelloni 

et al., 2013) detected major differential vertical motions across the Betics, the Apennines and 

the Alps. In the Iberian micro-plate, for example, (Serpelloni et al., 2013) describe 

differential vertical motions with a wavelength and spatial pattern consistent with inferences 

from studies carried out in the context of Topo-Iberia (Fernández‐Lozano et al., 2012; 

Cloetingh et al., 2002) proposing lithospheric folding and a decaying upper mantle thermal 

anomaly as a prime mechanism for explaining differential vertical motions during late 

Neogene to present times. (Faccenna et al., 2014), compared vertical GPS velocities and 

estimates of the crustal isostatic topography along the Apennines to show that a large fraction 

of the orogens topography is related to the mantle dynamics, particularly the formation and 

enlargement of a slab window underneath the central Apennines. GPS measurements of 

surface vertical displacements of the European Alps have also been carefully analyzed 

(Sternai et al., 2019). Here, a correlation between rock uplift rates and topographic features 

exists, with uplift at rates of up to ~2–2.5 mm/a in the North-Western and Central Alps and 

~1 mm/a across a continuous region from the Eastern to the South-Western Alps. Proposed 

mechanisms of rock uplift rate include isostatic response to the last deglaciation and/or long-

term erosion, detachment of the Western Alpine slab, and surface deflection due to the sub-

lithospheric mantle flow. The plausible range of model estimates is large. However, the 

isostatic adjustment to deglaciation and erosion may explain up to the full observed rate of 

uplift in the Eastern Alps which, if correct, precludes a contribution from horizontal 

shortening and crustal thickening and suggests lateral escape of the incoming crustal material 

toward the Pannonian and Dinaric domains. Alternatively, uplift is a partitioned response to 

the deglacial/erosional isostatic rebound and crustal shortening and thickening. In the Central 

and Western Alps, the lithospheric adjustment to deglaciation and erosion likely accounts for 

roughly half of the rock uplift rate, which points to a noticeable contribution by mantle-

related processes such as detachment of the European slab and/or asthenospheric upwelling. 

Thus, interacting tectonic and surface mass redistribution processes, rather than an individual 
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forcing, best explain ongoing Alpine elevation changes, which is a further indication of the 

tight link between the Earth’s surface and deep dynamics. 

Vertical geodetic velocities provide key information for tectonic and seismogenic 

potential studies, with important implications, for example, in the Eastern Alps, where 

tectonic shortening and glacial isostatic adjustment, at least, are certainly simultaneously 

active (Anderlini et al., 202). Since different multiscale processes are contributing to the total 

geodetically measured budget of vertical velocities in the Mediterranean, and since each 

process is characterized by different spatial footprints, the availability of accurate and dense 

measurements of spatial velocity gradients is important in order to discriminate among their 

relative contributions. In order to achieve this goal, it is mandatory to increase the precision 

and accuracy of vertical and horizontal ground velocity measurements, other than increasing 

the density of measuring stations. It is now possible to exploit the large number of available 

stations with longer position time-series lengths to estimate spatially correlated common 

mode errors and common mode signals (mainly associated with hydrological processes 

occurring at different spatial scales), which can be filtered out resulting in a significant 

improvement in the precisions and accuracy of GPS velocity estimates (Kreemer & Blewitt, 

2021; Pintori et al., 2022) (Fig. 2.5.2). Moreover, the increase in the number of active full-

GNSS stations, capable of recording all the GNSS constellations, other than GPS, and the 

development of new processing techniques, will certainly help improving the accuracy and 

precisions of vertical and horizontal measurements. Together with the desirable continuous 

increase in the density of GNSS stations, spatially detailed information on ground 

deformation at regional or even European scale can be now provided by synthetic aperture 

radar (SAR) measurements, with a key role played by the Copernicus Sentinel observations 

(https://sentinels.copernicus.eu). A recent example of the use of multitemporal 

interferometric SAR observations for the measure of mountain uplift in the western Alps is 

shown in (Mathey et al., 2022), whereas pan-European InSAR velocity measurements are 

made available through the Copernicus Service for Ground Motion Mapping and Monitoring 

(https://land.copernicus.eu/pan-european/european-ground-motion-service; (Costantini et al., 

2022)). All together, these recent and ongoing developments in the pan-European space 

geodetic infrastructures will provide new key information to improve our knowledge on the 

interactions between surface and deep Earth processes. 
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Figure 2.6.2: Map of the common mode signal filtered (colored circles) and continuous vertical GPS 
velocities of the Alps and velocity cross-section showing the positive correlation between velocities and 
topography in the western and eastern Alps (from  Pintori et al., (2022). 

 
2.7. Quantifying past mountain elevations 

Quantifying the uplift history of orogens, including orogenic plateaus and their 

margins, is essential for understanding the subsurface density structure of orogens, their 

isostatic compensation, and the interactions between climate, tectonics, and surface processes 

(Clark, 2007; Molnar et al., 2010; Clift et al., 2010). A wide range of methods have been 

developed for quantitative estimates of past mountain elevation, e.g., based on 
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geomorphological evidences, such as river of marine terraces (Hergarten et al., 2010; Legrain 

et al., 2014), paleontological methods using fossil flora and fauna remains (Forest et al., 

1999; Wei et al., 2016; Fauquette et al., 2015), and geochemical methods, such as biomarkers 

(Hren et al., 2010) and stable water isotopes. Among these methods, paleoaltimetry based on 

stable isotopes of water is the most widely used. This technique has been extensively applied 

to Earth's largest mountain ranges, such as the Himalayas and Tibetan Plateau (Ding et al., 

2014; Rowley & Currie, 2006), the North America Cordillera (Cassel et al., 2014; 

Chamberlain et al., 2012), the Andes and Andean Plateau (Garzione et al., 2017; Mulch et al., 

2010), but also to smaller mountain ranges such as the Pyrenees (Huyghe et al., 2012), the 

Tauride Mountains in Anatolia (Meijers et al., 2018), the Southern Alps in New Zealand 

(Zhuang et al., 2015), the Cascade Mountains (Methner et al., 2016), and the European Alps 

(Campani et al., 2012; Krsnik et al., 2021). For example, Krskik et al. (2021) apply the stable 

water isotope paleoaltimetry approach to the Central Alps and suggest that the region 

surrounding the Simplon Fault Zone attained surface elevations of > 4000 m by the middle 

Miocene. They propose a change in landscape from a uniform pre- middle Miocene to a more 

complex one with highly variable topography at the latest in the middle Miocene and attribute 

this change to the exhumation of the Aar Massif at ∼ 20 Ma and the associated reorganization 

of the Alpine drainage network. Complementary, Fauquette et al. (2015) used pollen data, in 

combination with other sedimentological and provenance proxy, to reconstruct the 

topographic evolution of the southwestern Alps since the Eocene. They showed that this 

region already had topographic elevations over 1900 m as early as the Oligocene, resulting 

from orogen tectonic building and coincident with a previously documented event of rapid 

erosional exhumation during the mid-Oligocene. Despite these quantitative studies, little is 

still known about the topographic evolution of the European Alps over the last 20-30 Myr 

(e.g., review in Valla et al., 2021 and citation therein). 

Despite the success of these data-based paleoaltimetry methods, recent studies have 

highlighted that a variety of paleoclimate processes can contribute to the isotopic composition 

of a measured signal used in elevation reconstructions. In some cases, these processes can 

overprint the elevation signal sought in the proxy data and preclude robust elevation 

reconstructions (Poulsen et al., 2010; Botsyun et al., 2016). These processes can include: 

regional, global, and topographic variations in paleotemperature, environmental conditions of 

an air mass prior to orographic ascent, evapotranspiration, water vapor recycling, and 

changes in the vapor source. To overcome these uncertainties, it has been proposed to apply 
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isotope-tracking climate models allowing to estimate changes in paleoclimate during orogen 

development and associated changes in paleo stable water isotopes due to both climate and 

topographic changes (Botsyun et al., 2019; Botsyun & Ehlers, 2021). In a recent paper by 

(Botsyun et al., 2022) on middle Miocene climate in Europe and stable isotopes composition 

of water, the authors apply a climate model with isotope tracking and designed experiments 

with variable elevation configurations of the European Alps. This work not only reconciles 

models and proxy data for European paleotemperature and paleoprecipitation (Fig 2.6.1), but 

also suggests that only a small fraction of stable water isotope variations in middle Miocene 

Europe is linked to changes in global climate, thus supporting high elevation of the central 

Alps in the middle Miocene.  

 

 

Figure 2.7.1: Results of high-resolution isotope-tracking general circulation model ECHAM5-wiso 
experiments with Middle Miocene boundary conditions (modified after Botsyun et al., 2022). Maps show 
Middle Miocene mean annual temperature (a), mean annual precipitation and surface winds (b), and 
precipitation δ18O (c). S-N profiles show Middle Miocene and pre-industrial mean annual temperature (d), mean 
annual precipitation (e), and precipitation δ18O (f) for experiments with varied topography of the Alps. Color 
points on subplots (a,b) and black points on on subplots (d,e) show temperatures and precipiation derived from 
palentological proxy data. Black starts on subplot (f) show δ18O from carbonate/silicate archives.  
 

Since the NSF Margins Science Plan (MARGINS Office, 2004), source-to-sink 

studies have proliferated over the last decades, in industry and academia, providing concepts 

and tools for improved understanding of the uplift history of source terranes preserved in 
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sedimentary basins, in particular with distinction to climate drivers (Helland-Hansen et al., 

2016; Romans et al., 2015). Among others, these S2S studies have delivered important 

outcomes on the tectonic history of orogens through 1) the development and refinement of 

methodologies to estimate sediment budgets at the scale of entire orogen-basin systems 

(Guillocheau et al., 2012; Ortiz et al., 2022), 2) the widespread development of detrital 

zircons dating for fingerprinting source areas, their exhumation, and their tectono-magmatic 

origin (Mason et al., 2022) 3) grain size signals and 4) geochemical signals. 

 

3. PERSPECTIVES AND EXAMPLES OF EMERGING FIELDS 

3.1. Surface-deep Earth processes coupling in extensional settings 

Much of what we know about the climate-tectonics interactions comes from the study 

of mountain building in convergent tectonic settings. However, prominent topographic ridges 

and basins generated by dominant extensional tectonics make divergent settings valuable 

contexts too (Armijo et al., 1996; Petit et al., 2007; Sembroni et al., 2016) and it seems 

somewhat intuitive that a thinning lithosphere transmits surface stress changes at depth more 

easily than a thickening one. Recent numerical experiments indicate particularly that syn-

extensional sediment deposition within rift basins produced opposite mechanical and thermal 

effects (Burov & Cloetingh, 1997; Burov & Poliakov, 2001; Buiter et al., 2009; Sternai, 

2020; Sternai et al., 2021). The increase in vertical stress involved by the deposition of 

sediments within rifts basins enhances the lithostatic pressure and, thus, the brittle strength of 

crustal and mantle rocks. On the other hand, thermal blanketing by sediment deposition 

prevents crustal rocks to lose heat, thereby enhancing the viscous strain of the lithosphere. By 

inhibiting localized brittle strain and favouring distributed ductile flow of viscous rocks, 

sediment deposition above a stretching lithosphere favours lateral migration of the 

extensional strain in turn allowing for prolonged stretching and delayed continental 

lithospheric breakup. In a recent contribution (Sternai et al., 2021), investigate how 

asthenospheric upwelling and orographic precipitation influence the slip along lithospheric 

shear zones accommodating far-field extension, associated topographic growth, and 

lithospheric rupturing. The authors derive a relationship between the location of lithospheric 

rupturing with respect to the asthenospheric plume axis and the lithosphere effective elastic 

thickness, Te (Burov & Diament, 1995), accounting for asymmetric surface erosion due to 

orographic precipitation, recognizing striking similarities with the spatial pattern of 
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lithospheric rupturing, rock exhumation, magmatic activity and topographic evolution of the 

East African Rift system. 

Syn-extensional and post-breakup magmatic units are nearly ubiquitous in extensional 

settings and in some cases particularly voluminous (White & McKenzie, 1989; Franke, 

2013). A particularly promising research direction in the field of the surface-deep Earth 

processes coupling is provided by the recent recognition that surface processes in extensional 

settings can significantly affect the magmatic activity (Sternai, 2020). Magmatism likely 

provides a substantial contribution to lithospheric rupturing (Kendall et al., 2005; Lavecchia 

et al., 2016) because extensional stresses alone are estimated to be at most just enough to 

rupture the continental lithosphere (Bott, 1991; Buck, 2004). The magma supply within 

fracture zones increases the pore fluid pressure, thereby lowering the plastic yield strength of 

fractured rocks and further localising the strain and topographic uplift or subsidence along 

weakening fault zones (Turcotte, 1982; Spence et al., 1987; Connolly & Podladchikov, 1998; 

Gerya & Yuen, 2003; Katz, 2008; Sternai, 2020). In this frame, peaks of igneous activity due 

to enhanced mantle decompression melting have been ascribed to surface unloading by the 

deglaciation (Jull & McKenzie, 1996; Singer et al., 1997) and/or erosion (Sternai et al., 

2016a) or sea level lowering (Crowley et al., 2015; Sternai et al., 2017). However, the 

sensitivity of extensional systems to surface processes and the mechanisms that allow these 

latter to affect the production, transfer and emplacement or eruption of magma are poorly 

constrained. Numerical modelling suggests that flexural bending of the Moho due to efficient 

sediment delivery into a rift basin is an efficient mechanism to enhance crustal melting in a 

stretching and warming lithosphere (Sternai, 2020). On the other hand, surface loading due to 

efficient filling of the rift basin dampens asthenospheric decompression partial melting by an 

amount proportional to the rate of basin deepening/filling, the sediment density, and the 

surface-to-depth stress change transfer of the rift system. For a given erosion/deposition rate, 

the modulation by surface processes to rock melting in natural rift settings is inversely 

correlated to the extensional velocity, mantle potential temperature (sensu (McKenzie & 

Bickle, 1988)) and initial Moho depth. Increasing observational evidence corroborates these 

modelling results showing that surface load changes in the order of the tens of MPa due to 

sea level changes during glacial interglacial cycles can modulate the extensional magmatism 

(Crowley et al., 2015; Schindlbeck et al., 2018; Kutterolf et al., 2019; Satow et al., 2021). 

Along the Red Sea, convex channel profiles with concave swath profiles west side of the 

divide, systematic morphologic changes from north to south and the post-12 Ma basaltic 

volcanism are well interpreted through feedbacks between the onset of ocean spreading, 
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uplift of the rift shoulders, associated coastal magmatism, and strong orographic rainfall 

(Stuewe et al., 2022). The recent seismic evidence for failed rifting in the Ligurian basin 

(Dannowski et al., 2020) can also be explained by the high rate of syn-rift sediment delivery 

from the western Alpine domain, fostering distributed rather than localized strain and 

preventing the extensional system to reach the ocean spreading stage. 

The main point of this research breakthroughs is that typical changes in the temporal and 

spatial pattern of surface mass redistribution may result in protracted variations of the strain 

rate by up to a few orders of magnitude that reach down to sub-lithospheric levels. Such 

variations imply changes in the location and amount of partial rock melting, with further 

feedbacks on the strain pattern and topographic evolution. The resulting chain of cause-effect 

relationships between surface, lithosphere and asthenosphere dynamics are highly non-linear. 

We thus anticipate that unraveling the substantial modifications to the architectural evolution 

of extensional systems involved by ever-changing surface processes will be a highly 

rewarding challenge for future research. 

 

 

Figure 3.1.1: Schematic representation of the interactions between surface processes and magmatism in 
an extensional setting (not to scale, modified after Sternai, 2020). Sediments derived from erosion of rift 
shoulders load the rift basins. The rigid upper crust and lithospheric mantle flex and weaken, while more ductile 
lower-crustal material flows from the center of the rift outward, facilitating uplift and erosion of the rift 
shoulders. The associated effects on extensional magmatism (reddish material) are to date poorly constrained 
and represent a promising emerging research field. 

 
3.2. Surface-deep Earth processes coupling and the geological cycling of carbon 

and other life-essential elements 

At timescales of millions to tens of millions of years the Earth’s life-essential 

elements, among which carbon is of primary relevance, flows between the atmosphere, 

lithosphere, and mantle in an exchange called the geological volatile cycle (Berner, 2003; 
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Broecker, 2018; Bodnar et al., 2013; Hayes & Waldbauer, 2006). This cycling, therefore, 

embodies the coupling between tectonic and climatic changes in that by preventing, for 

example, all of the Earth’s carbon and water from being released into the oceans and 

atmosphere or to be stored within rocks, it acts as a global long term thermostat, linking the 

evolution of climate and life to plate tectonics. Geological emissions from volcanic arcs 

above subduction zones or at divergent margins are a critical input of carbon and oxygen into 

the atmosphere, whereas the chemical weathering of silicate rocks exhumed at the Earth’s 

surface through erosion of tectonically uplifted terrains (Lee & Lackey, 2015; Kelemen & 

Manning, 2015; Mason et al., 2017; Bodnar et al., 2013; Vitale Brovarone et al., 2020), and 

trapping of organic matter in sedimentary basins (Galy et al., 2007; Hage et al., 2022), 

consume the atmospheric carbon. Recently, analyses of hydrocarbon-rich fluids entrapped in 

quartz veins in the Swiss Alps have revealed significant fluxes of methane and CO2 linked 

with the tectonic burial of organic matter during Miocene nappe emplacement and 

exhumation (Mangenot et al., 2021). Water-rock interactions at various geodynamic settings 

spanning mid-ocean ridges and convergent margins can produce fluxes of energy sources and 

nutrients for microbial life among which natural H2, methane, ammonia, and hydrogen 

sulfide are of primary importance (Holm & Charlou, 2001; Kelley et al., 2005; Etiope & 

Sherwood Lollar, 2013; Vitale Brovarone et al., 2020). Mineral inclusions in super-deep 

diamonds indicate that the larges of water on Earth is stored in the mantle (Pearson et al., 

2014; Nestola & Smyth, 2016). Analyses of the sedimentary archives allow reasonable 

estimates of the carbon outflux from the atmosphere through erosion, chemical weathering, 

and preservation of organic matter. Instead, the uncertainty regarding the amounts and 

driving mechanisms of carbon recycling and emissions from the Earth’s interior stands out as 

one of the most vexing problems facing us in understanding the geological volatile cycle 

(Berner & Lasaga, 1989; Dasgupta et al., 2007; Burton et al., 2013; Kelemen & Manning, 

2015; Orcutt et al., 2019). Available estimates of current carbon fluxes between the Earth’s 

deep and surface reservoirs, for instance, vary by several orders of magnitude (Dasgupta et 

al., 2007; Kelemen & Manning, 2015; Plank & Manning, 2019), which is indicative of how 

little we know about this branch of the carbon exchange cycle. Multidisciplinary integrations 

of geological data and modelling to quantify variations in global emissions due to 

fundamental geodynamic events throughout the Earth’s history and their critical effects on 

climate change represent a top-priority challenge for future research on the cycling of carbon 

and other life-essential elements, the quantitative understanding of which is also a 

fundamental objective of the International Panel on Climate Change - IPCC (www.ipcc.ch). 
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Mountains are key drivers of global weathering. They represent the main long-term 

sink of surface CO2 as they are dominated by rapid mechanical erosion, which increases the 

amount of minerals available for chemical weathering (Raymo et al., 1988). The proposal that 

the India-Eurasia collision and uplift of Tibet led to greater global weathering rates and long-

term Cenozoic climate cooling (Raymo & Ruddiman, 1992; Molnar & England, 1990) drove 

research efforts within and outside the TOPO-EUROPE community toward quantifications of 

past weathering rates (Goddéris et al., 2014) to explain the Cretaceous to Tertiary climate 

proxy record (Zachos et al., 2001). The currently established weathering-dominated climate 

paradigm, however, cannot explain the ~10 Ma climate warming preceding post-50 Ma 

cooling and overlooks changes in volcanic/magmatic /metamorphic CO2 emissions in driving 

early Cenozoic climate (Sternai et al., 2020; Chu et al., 2019). This is even more important in 

the light of recent reinterpretations of Cenozoic climate proxies suggesting overall higher and 

more variable temperatures than previously determined during the early Eocene (Meckler et 

al., 2022). Also, recent work further suggests that weaker global Cenozoic silicate weathering 

fluxes than previously thought (Rugenstein et al., 2019; Tipper et al., 2020) are to some 

extent compensated by weathering of accessory carbonate and sulfide minerals, a 

geologically relevant source of CO2 (Bufe et al., 2021). It is also plausible that elevated rates 

of ‘reverse weathering’ - the consumption of alkalinity and generation of acidity during 

marine authigenic clay formation - enhanced the retention of carbon within the surface 

reservoirs, leading to elevated past CO2 concentration baselines (Isson & Planavsky, 2018). 

The large uncertainty that still exists regarding present-day and past CO2 and other 

greenhouse gas emissions from volcanic arcs, the primary natural input of carbon into the 

ocean and atmosphere, is currently our greatest limitation to the quantitative understanding of 

the geological carbon cycle. Reconstructing the time history of greenhouse gas emissions 

thereby marking a turning point in the research about the surface-deep Earth processes 

coupling will be a priority in the future agenda of TOPO-EUROPE. Ground-breaking 

techniques that can be used to determine temporal changes in greenhouse gas emissions and 

assess their geologic drivers and climatic effects are: (1) studies of melt inclusions within 

magmatic rocks and subsurface fluid records (e.g. calcite/quartz veins), (2) geochemical and 

organic characterizations of accretionary systems to provide proxies of carbon recycling at 

subduction-collision zones (3) coupled petro-thermo-mechanical geodynamic, landscape 

evolution, Earth system and climate carbon cycle numerical modelling to constrain plausible 

changes in magmatic-volcanic-metamorphic emissions (CO2 source) as well as weathering 

and exhumation of silicate minerals but also of organic matter and the trapping of organic 
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material into sedimentary basin  (CO2 sink). To enhance the understanding of the sedimentary 

record, it is also important to adopt source-to-sink (S2S) strategies which allow better 

assessment of the relevant time and space scales, as well as of the potential signal buffering 

within the sediment routing system (Romans et al., 2015). Engaging into this research allows 

us to better quantify natural carbon fluxes, assess the drivers of natural climate variability 

and, by comparison, the climatic consequences of current anthropic emissions. 

 
Figure 3.2.1: Schematic representation of the geological carbon cycle (modified after Sternai et al., 2020). 
The recycling of carbon along subduction zone is a particularly poorly constrained branch of this cycle, but it 
provides and additional means of linkage between tectonic-magmatic events, climate and surface processes 
changes. 

 

Another important aspect of the surface-deep Earth processes coupling that involves 

effects on the geological carbon cycle and has yet to be explored is the role of magmatism in 

affecting global climate through the intrusion of magmas into organic rich sedimentary basins 

or, more generally, crustal material. A telling example is the hypothesis formulated by 

(Svensen et al., 2004) that the intrusion of magmas into organic rich sedimentary rocks of the 

Norwegian margin during NAIP activity is a potential trigger of a massive and very brief 

pulse of light Carbon injection into the atmosphere that is a possible responsible for the 

PETM hyper thermal event. Current research focuses on the tracing of volcanic activity, 

primarily through mercury concentration (Jones et al., 2019; Tremblin et al., 2022) or 

mercury isotopes (Jin et al., 2022) among other tracers, into ancient successions to test such 

hypothesis of deep-surface-climate relationships with impact on the biosphere. 

Global estimates on geological carbon emission focus on active volcanoes but 

disregards diffuse CO2 emissions away from active volcanoes which may originate in the 

mantle and travel to the surface through deep shear zones (Caracausi et al., 2015). With this 

regard, the pargasosphere concept (section 2.1) may provide a new generic model for CO2 

emissions from intraplate settings distant from active volcanic areas. Diffuse gas emissions 

with upper mantle origin may remain active in formerly active rifted regions long after the 
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cessation of magmatism and volcanism (Kennedy & Van Soest, 2007). The chemical and 

isotopic composition of CO2-rich gas emissions from these areas often show a direct upper 

mantle origin and a moderate signature of shallow crustal magma chamber processes or 

carbon reservoirs (Vaselli et al., 2002; Boudoire et al., 2018), which the ‘pargasosphere’ can 

help explaining. During gradual cooling of the partially molten asthenosphere beneath young 

oceans and continents, a small amount (<1 v/v %) of H2O- and CO2-bearing basaltic silicate 

melts or supercritical fluids crystallize or react with the shallower upper mantle respectively 

(Berkesi et al., 2019). At relatively shallow mantle levels, carbonate minerals are not stable 

and carbon is not soluble in silicate minerals. Although small proportion of carbon may be 

incorporated in apatite (Riker et al., 2018), most of the carbon is stored as CO2 in fluid 

inclusions of silicate minerals or in free fluids at grain boundaries (Berkesi et al., 2019; 

Frezzotti & Touret, 2014). The source of CO2 (and other volatiles) is the in-situ partial melt 

or incipient fluid present in the cooling asthenosphere a process that can be effective until the 

1100 °C isotherm reaches the bottom of the ‘pargasosphere’ at 100 km depth. The CO2-rich 

fluids trapped in fluid inclusions or along grain boundaries eventually migrate to the surface 

from the upper mantle and contribute to the global carbon cycle (Kovács et al., 2021). In case 

of CO2-rich inclusions in upper mantle rocks, the effect of fracturing has been investigated 

(Yamamoto et al., 2011). These studies suggest that during deformation of the host minerals, 

fluid inclusions and fluids present at grain boundaries may be mobilized via diffusion or 

dislocation creep. CO2-rich fluids can also be liberated along cleavages and migrate quickly 

toward the surface. The regional stress/strain field and the migration of CO2-rich fluids thus 

appear to be tightly related, which is why CO2 (and associated noble gas) monitoring is 

tentatively used in earthquakes prediction research (Szakács, 2011). 

 

 3.3 Surface-deep Earth processes coupling and direct effects on life 

Several elements and nutrients useful to life (besides carbon) are cyclically transferred 

through surface and deep reservoirs during geological timescales. This implies that, beyond 

climate and landscape evolution (Antonelli et al., 2018), geodynamic events are intrinsically 

linked to the biosphere and increasing evidence suggests the establishment of modern-style 

plate tectonics contributed to the development of complex life on our planet (DePaolo et al., 

2008; Sobolev et al., 2011; Stern, 2016; Zaffos et al., 2017; Lee et al., 2018; Hagen et al., 

2021; Hagen et al., 2021; Large et al., 2015; Dehant et al., 2019). A global continuously 

evolving mosaic of lithospheric plates, likely established gradually during the geological past 
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(Gerya, 2014; Gerya, 2019; Sobolev & Brown, 2019), supplies and withdrawals nutrients 

resulting in variations of environmental conditions that foster genetic modifications (Zerkle, 

2018; Descombes et al., 2018). In this respect, modern-style plate tectonics with its 

continuously evolving global mosaic of lithospheric plates (Bercovici & Ricard, 2014) is 

often viewed as a strong promoter of biological evolution (Leprieur et al., 2016; Stern, 2016; 

Pellissier et al., 2017; Descombes et al., 2018; Zerkle, 2018).  

Over geological timescales, volcanic activity of different duration, volume, and origin 

(e.g., from Large Igneous Provinces to ignimbrites flare-ups) contributed to changes in the 

composition and availability of trace elements required by life for metabolic functions. Life 

on Earth uses a small set of proteins to carry out the large majority of redox chemical 

reactions required for its survival. These proteins, called oxidoreductases enzymes, contain 

diverse trace elements as catalytic centers used to control redox chemistry. Elements used by 

life for this purpose include a diverse array of metals and some non-metal (Fe, Cu, Ni, Co, 

Mo, W, Mn and S among others; (Giovannelli et al., 2022). The environmental availability of 

these elements is linked to a variety of deep and surface Earth processes, including 

volcanisms (Edmonds et al., 2018; Liu et al., 2021), redox changes during planetary history 

(Anbar, 2008) and erosion of diverse rocks (Middelburg et al., 1988; Robbins et al., 2016). 

The onset of plate tectonics and variations in the coupling of deep and surface Earth 

processes influencing environmental trace element availability have likely had an effect on 

the emergence and distribution of life in deep-time, influencing the emergence of modern 

biogeochemistry and thus influencing climate (Giovannelli, 2022). Besides the effects 

through the recycling of nutrients and elements, the redistribution of continents, the growth of 

mountains, the rise and demise of volcanic and magmatic arcs, the opening and closing of 

marine gateways also produce moderate environmental ‘stress’ that stimulates populations to 

adapt and evolve (Stern, 2016). Indeed, some of the characteristic timescales of biological 

evolution are comparable to those at which geodynamic reorganizations occur (Giovannelli et 

al., 2022), which may be taken as further evidence of the coupling between internal and 

external dynamics (DePaolo et al., 2008; Hagen et al., 2021). The influences of global 

tectono-magmatic style are at least twofold and regulate (i) the supply and withdrawal of 

nutrients (via mantle degassing/ingassing, rock weathering and erosion, sedimentation and 

burial, subduction-related recycling etc.) and (ii) space-time variations of environmental 

pressures (including evolution of landmass distribution, landscape, atmosphere, ocean and 

climate). Zerkle (2018) and Stern (2016) summarized the nutrients-tectonics and 

environmental pressures-tectonics relations. First, they recognize that life is sustained by a 
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critical set of elements contained within rock, ocean and atmosphere reservoirs and cycled 

between Earth’s surface and interior via various tectonic, magmatic and surface processes. 

Over geologic time scales, tectono-magmatic processes play a critical role in providing 

bioactive elements to the ocean-biosphere system, via outgassing, volcanism, uplift and 

erosion (Zerkle, 2018). Second, they highlight that tectonic processes such as the 

redistribution of continents, growth of mountain ranges, formation of land bridges, and 

opening and closing of oceans provide continuous but moderate environmental pressures that 

isolate and stimulate populations to adapt and evolve without being capable of extinguishing 

all life. In addition, mantle plumes and large bolide impacts provide episodic but potentially 

extreme environmental pressures capable of causing global mass extinctions. A planet with 

oceans, continents, and modern-style plate tectonics maximizes opportunities for speciation 

and natural selection, whereas a similar planet without plate tectonics provides fewer such 

opportunities (Stern, 2016). 

 
Figure 3.3.1: Cartoon illustrating potential influence of global terrestrial tectonic styles on life evolution 
(modified after Stern, 2016). Two idealized Earth-like planets without (left, analogous to Hadean-Archean 
Earth) and with (right, analogous to modern Earth) plate tectonics are compared that possess continents (yellow) 
and oceans (blue) and three interdependent evolving life forms (plant “P”, herbivore “H”, and carnivore “C”). 
Three panels from top to bottom show three different times at ~100 million year intervals (characteristic 
timescales of the supercontinent cycle). It is assumed that exogenic evolutionary pressures (causing e.g., global 
mass extinction) depend on meteorite impacts and mantle plume activity including Large Igneous Provinces 
(LIPS). Plate tectonics causes breakup and movements of continents that provides many opportunities for 
isolation and diversification under different (geographic, climatic) conditions of natural selection, and evolution. 
On the other hand, when continents collide, different species comingle and compete and new ecological systems 
are established that further accelerate life evolution (Stern, 2016). 

 

It is obvious that both nutrients and tectonics aspects are intimately related and must be 

considered together for better understanding of life evolution and biodiversity distribution. It 

is important to point out that timescales of biological evolution estimated based on the 
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analysis of phylogenies and/or fossils are rather long and comparable to geodynamic 

timescales (Alroy, 2008; Marshall, 2017). In a constant rate birth-death model (Kendall, 

1949), new species originate with speciation rate, and species become extinct with extinction 

rate, typically expressed as rates per lineage per million years (L-1Myr-1). Typically, 

estimates of speciation and extinction rates fall within the range 0 to 1 L-1Myr-1 (Marshall, 

2017) and rarely exceed 1 L-1Myr-1, except within intervals of crisis (Alroy, 2008). The 

timescales of biological evolution are therefore similar to timescales of tectono-magmatic 

lithospheric and mantle processes in general and subduction and plate motions timescales in 

particular. This creates a natural possibility for the coupling of geodynamical simulations 

with life evolution modelling. Some recent examples of biogeographical modelling coupled 

to reconstructed plate motions that show strong potential of this modelling direction are 

shortly described hereafter. 

Leprieur et al. (2016) investigated numerically possible roles of plate tectonics in driving 

tropical reef biodiversity dynamics. The Cretaceous breakup of Gondwana strongly modified 

the global distribution of shallow tropical seas reshaping the geographic configuration of 

marine basins. Leprieur et al. (2016) showed that a spatial diversification model constrained 

by absolute plate motions for the past 140 million years is able to predict the emergence and 

movement of diversity hotspots on tropical reefs. The simulated spatial dynamics of tropical 

reefs explains marine fauna diversification in the Tethyan Ocean during the Cretaceous and 

early Cenozoic and identifies an eastward movement of ancestral marine lineages towards the 

Indo-Australian Archipelago in the Miocene. A mechanistic model based only on habitat-

driven diversification and dispersal yields realistic predictions of current biodiversity patterns 

for both corals and fishes. Leprieur et al. (2016) therefore concluded that plate tectonics 

played a major role in driving tropical marine shallow reef biodiversity dynamics. 

Pellisier et al. (2017) investigated how changes in the position, connectivity and 

topography of continents during the last 100 Myr could have shaped the current location of 

hotspots of endemic richness across the globe. They used palaeogeographies in a numerical 

model that quantifies, through time and space, the potential dispersal between disconnected 

habitat areas. As the dynamic coupling to changing plate tectonic environment, Pellisier et al. 

(2017) used palaeo-reconstructions of the position of continents, coastlines and palaeo-

bathymetry from the Early Cretaceous (140 Mya) to the present in 1 Myr steps as boundary 

conditions for their biogeographical models. They further developed a numerical 

biogeographical model based on habitat dynamics, which quantifies the amount of potential 

dispersal into each geographical cell from disconnected patches separated by unsuitable areas 
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(i.e., of sea for terrestrial species or deep sea and land for marine species). Rare dispersal 

across such geographic barriers should allow the establishment of new populations, but gene 

flow is subsequently almost non-existent, leading to in situ speciation. Classical examples of 

long-distance colonization of remote areas such as islands (Guzmán & Vargas, 2009; 

Gillespie & Roderick, 2014) followed by local speciation support the possibility of dispersal 

across straits on geological time scales (Cowie & Holland, 2006), i.e. on the timescales of 

subduction and plate mosaic evolution. Pellisier et al. (2017) evaluated whether their 

biogeographical model could pinpoint the locations of hotspots of endemic richness 

computed from the ranges of 181’603 species across 14 taxonomic groups. As the result, 

Pellisier et al. (2017) found the significant spatial congruence between the model results and 

the observed present-day biodiversity thereby providing important quantitative evidence of 

the contribution of plate tectonics in shaping global biodiversity pattern. Remarkably, the 

signal of plate tectonics was independent from those of the Quaternary glaciation, 

topographical heterogeneity and contemporary productivity and was stronger for terrestrial 

than freshwater and marine taxa (Pellisier et al., 2017). Complex tectonic regions, 

predominantly located at the confluence of major lithospheric plates such as the 

Mediterranean, Mesoamerica, Madagascar and South East Asia likely provided favorable 

environments for allopatric speciation and the emergence of new species across straits 

(Pellisier et al., 2017). Non-coincidentally, these are also areas strongly affected by various 

subduction, collision and plate tectonics processes and complex landscape evolution. 

Descombes et al. (2018) presented new process-based numerical modelling tool SPLIT 

that allows to simulate the evolutionary dynamics of species ranges by spatially linking 

speciation, extinction and dispersal processes to paleo-environmental habitat changes over 

geological time periods. The SPLIT model provides a mechanistic expectation of speciation 

and extinction assuming that species are ecologically identical and not interacting. The 

likelihood of speciation and extinction is equivalent across species and depends on two 

dispersal parameters interacting with habitat dynamics (d a maximum dispersal distance and 

ds a distance threshold beyond which gene flow is absent). SPLIT model tracks biodiversity 

dynamics under paleo-environmental changes and provides multiple expectations that can be 

compared to empirical patterns. Descombes et al. (2018) illustrated potential real-world 

applications of SPLIT by whether habitat changes caused by plate tectonics explain the 

current biodiversity patterns of mangroves. Simulations of the last 100 Myr successfully 

reproduced the observed longitudinal gradient in species richness, the empirical pattern of 

beta-diversity and also provided inference on diversification rates (Descombes et al., 2018).  
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Hagen et al. (2021) presented next generation biogeographical modelling tool GEN3SIS 

aimed at simulating eco-evolutionary processes coupled to plate tectonics and long-term 

climate variations. This tool allows to simulate specie's ranges, alpha- and beta-diversity 

patterns, ecological traits as well as phylogenies that can be compared to observations. This 

allows to in particular evaluate different paleoclimatic and paleogeographic hypotheses by 

simulating different Earth history scenarios and comparing numerical results with available 

observations. As a case study, Hagen et al. (2021) explored the cold-adapted plant 

biodiversity dynamics throughout the Cenozoic history, based on topo-climatic reconstruction 

for the India-Asia collision during the last 55 Myr. In this highly elevated region, the first 

cold niches of the Cenozoic appeared, demanding adaptation from the local living flora. The 

GEN3SIS model successfully predicted the emergence of current cold-species richness 

patterns and indicated that cold-adapted flora emerged in the Oligocene, first in the 

Himalayas, followed by a spread to the Arctic. The later agrees with observed low species 

richness and high nestedness of Arctic assemblages compared to those of the Himalayan 

mountain range (Hagen et al., 2021). Development and validation of GEN3SIS is thus an 

important step toward coupling of biogeographical and climate models. 

This very short overview highlights that bio-geodynamical numerical modelling (i.e., 

coupled modelling of Earth’s interior, climate, environment and life evolution) stands out as 

one of the frontier research tasks in geodynamics, biology, ecology and evolution as well as 

related disciplines. This is the promising future field, which will explore connections between 

deep Earth processes, surface processes, and the diversification of life. Accelerated 

development and application of new global- and regional-scale computational bio-

geodynamical numerical modelling tools is needed, that will couple (i) available global and 

regional geodynamic models of subduction and plate tectonics processes (Crameri et al., 

2012; Gerya et al., 2015), (ii) landscape evolution models (Braun & Yamato, 2010; Thieulot 

et al., 2014; Ueda et al., 2015), (iii) atmospheric, ocean and climate change models 

(Donnadieu et al., 2006; Donnadieu et al., 2009) and (iv) spatially-explicit models of species 

speciation, evolution and extinction (Gotelli et al., 2009; Leprieur et al., 2016; Pellissier et 

al., 2017; Descombes et al., 2018; Hagen et al., 2021). The resulting hybrid bio-geodynamical 

numerical modelling tools will be used to explore systematically various subduction and plate 

tectonics scenarios and understand their potential effects for the evolution of the 

environment, landscape, climate and the diversification of life. To this aim, TOPO-EUROPE 

will encourage geodynamicists, geologists, (geo)biologists, ecologists, geochemists, 

palaeontologists, geomorphologists, and climate experts to cooperate and integrate/interpret 
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biological data with geodynamic, landscape evolution, carbon cycle and climate (sensu lato) 

modelling. 

Looking beyond continental drift and the evolution of life (Spencer et al., 2022), biota has 

been recognized as providing important controls on erosion and weathering processes 

(Langbein & Schumm, 1958; Istanbulluoglu & Bras, 2005; Heimsath et al., 2012) and river 

morphodynamics (Métivier & Barrier, 2012; Ielpi et al., 2022). Conversely, the development 

of topography over geologic timescales creates and destroys ecosystems and influences 

biodiversity (Antonelli et al., 2018; Hoorn et al., 2013; Boucher et al., 2021). Biota influence 

erosional processes through interactions with the hydrologic cycle (e.g., interception, 

infiltration, and runoff), as well as bioturbation and biotic weathering of rocks (Übernickel et 

al., 2021; Viles et al., 2021). In the absence of climate (or vegetation) change, topography can 

reach an equilibrium, or steady state, such that the mean of erosion rates over sufficiently 

long (millennial to million year) time scales reflects that of rock uplift rates (e.g., flux steady 

state of (Willett & Brandon, 2002)). Superimposed on this tectonic forcing on the landscape 

are transients in catchment erosion driven by internal dynamics such as river capture (Yanites 

et al., 2013; Willett et al., 2014), climate change (Tucker & Slingerland, 1997), and 

vegetation (Starke et al., 2020). The effects of vegetation on erosion are linked to climate 

change, whereby climate (and topographic) change can lead to variations in the distribution 

of different plant functional types which then influence catchment average erosions by 5-25% 

depending on the ecosystem experiencing the change (Langbein & Schumm, 1958; Schmid et 

al., 2018; Starke et al., 2020). Finally, biota has also long been postulated to exert a strong 

influence on landscape morphodynamics, such as on river channel patterns and mobility, with 

potential impact on the transfer of the products of erosion from their source to their ultimate 

repository in sedimentary basins. Thus, although erosion rates, on the long time scale, are 

consistent with uplift rates, over shorter timescales climate and vegetation can introduce 

transients in erosion rates that can potentially obscure the calculation of tectonically driven 

erosion rates. The previously described interactions highlight that tectonics, and climate and 

vegetation change have some degree of coupling with each other. More specifically, tectonic 

processes (from continental drift to mountain building) lead to changes in biomes and 

ecosystem composition, whereas climate (e.g., orography) and vegetation change influence 

erosion rates and landscape morphodynamics. Our knowledge of these interactions has grown 

in the past decade with the rebirth of biogeomorphology as a research area. However, the 

linkages and feedback between the biosphere, surface processes and solid Earth dynamics 

remain largely unexplored to date and, as such, present fertile grounds for future research. 
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In addition to the coupling and direct effects of surface-deep Earth processes on life at the 

surface of the planet, coupled processes between deep Earth processes, topography, climate 

and deep subsurface life have been discovered in the last decade of research (D’Hondt et al., 

2019; Barry et al., 2019; Vitale Brovarone et al., 2020). Recent advances in environmental 

microbiology have shown the presence of a vast, diverse and extremely active subsurface 

biosphere (Magnabosco et al., 2018). The distribution of subsurface life, which is entirely 

microbial, in the oceanic and continental crust is typically controlled by the 122°C – 150°C 

isotherms (122°C is the maximum temperature for life growth in laboratory conditions –the 

so-called “biotic fringe” (Takai et al., 2008)) together with a variety of other parameters (e.g., 

pore space availability, water activity, presence of electron acceptor and energy sources). 

Data collected in the last 20 years of subsurface research show that life can penetrate the crust 

up to 3-5 km (Magnabosco et al., 2018; Kallmeyer et al., 2012), with theoretical studies 

suggesting that in areas of low heat flow such as those present in cold subduction zones the 

habitability zone can reach 15-20 km depth (Plümper et al., 2017). Given its global 

prevalence, diversity and slow but consistent biogeochemical impact over geological time 

scales (Giovannelli et al., 2022), deep microbial life has been shown to significantly alter the 

quantity and quality of volatiles recycled through the crust by plate tectonics (Giovannelli et 

al., 2020; Fullerton et al., 2021) and impact rock weathering through bio-leaching, bio-

dissolution and bio-precipitation of minerals in diverse rocks (Lian et al., 2008; Heim, 2011; 

Samuels et al., 2020). While the extent of the effects of subsurface life on climate-relevant 

volatile is not constrained, recent papers suggest a tight relationship between deep Earth 

processes, topography and subsurface microbial communities interactions with element 

cycling. Recent work on the forearc region of the Costa Rica convergent margin have shown 

that calcite precipitation in the subsurface can account in a reduction of up to 19% of the 

carbon originally believed to be delivered to the mantle (Barry et al., 2019). In the same area, 

subsurface microbes remove through chemolithotrophy an additional 2 to 22 % (Fullerton et 

al., 2021), which combined with the calcite precipitation described by Barry et al (2019), 

brings the total amount of carbon removed from deep sequestration up to ~40 %. Calcite and 

other calcium carbonate minerals are known to be microbially precipitated, either directly or 

indirectly (Stocks-Fischer et al., 1999) with the microbes acting as nucleating agents (Pacton 

et al., 2014) or altering the chemical equilibrium (Seifan & Berenjian, 2019). While these 

papers are focused on the forearc region of the Central American Volcanic Zone, similar 

processed might be at play in other convergent margins, and their relative intensity might 

change in relationship to topographic features and deep Earth processes. In the South 
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American Central Volcanic Zone, the inventory of volatiles recycled through volcanism both 

in the volcanic arc, forearc and backarc correlates with crustal thickness and heatflow (Barry 

et al., 2022). The presence of reduced heatflow, for example linked to stable cartons, cold 

orogenic belts and cold subduction zones, can promote a deeper subsurface ecosystem, 

allowing for extensive interaction between rock, fluids and microorganisms at depth. Cold 

thermal regimes do not only favor habitable conditions to depth, but also allow geological 

processes necessary for microbial life to extend to greater depths and, possibly, to have 

emerged on Earth. Olivine hydroxylation, also called serpentinization, is a simple, yet 

fundamental fluid-rock interaction that has attracted broad scientific interest in communities 

spanning geology, petrology and geochemistry, microbiology, astrobiology, and green energy 

research. Serpentinization is known to produce reduced fluid species such as H2 and abiotic 

CH4 that act as sources of energy for microbial life (Kelley et al., 2005; Martin et al., 2008), 

as well as key building blocks of life (Ménez et al., 2018). Cold subduction thermal regimes, 

which result from the interconnection of multiple surface-deep interactions, favor the 

extension of serpentinization reaction and H2 and abiotic CH4 to greater depths (Vitale 

Brovarone et al., 2020). This feature sets deep convergent margins fluid-rock reactions as a 

major feeder of energy for deep –or the deepest– life form on Earth and potentially beyond 

(Mottl et al., 2003; Ohara et al., 2012; Vitale Brovarone et al., 2020). 

While this is a new area of inquiry and data is lacking for diverse tectonic settings 

globally, the presence of a pervasive subsurface biosphere has the potential to significantly 

alter volatile cycling over geologic time scales. The feedback mechanisms between deep and 

surface Earth processes and the biosphere (both surface and subsurface) might have 

contributed significantly to diverse tipping point in Earth planetary history, and the 

coevolution between geosphere processes and the biosphere constitute a ripe area of future 

research. 

 

4. IMPACT ON SOCIETAL CHALLENGES 

4.1 Current climate change 

Observations of present-day and recent warm climates (e.g., Mid-Piacenzian Warm 

Period) help understanding climate dynamics and constraining predictions of future climate 

conditions in response to human activity (Robinson et al., 2008). However, these 

observations provide limited information about the climatic response to the massive amount 
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of CO2 that our societies release into the atmosphere and ocean. To assess climate 

projections, it is desirable to study past climate changes associated with high atmospheric 

CO2 concentrations, similar to those predicted for the near future (i.e., 550 ppm in the next 

30–80 years and >1500 ppm in just a few centuries if anthropogenic emissions continue 

unabated (Caldeira & Wickett, 2003)) and longer than global ocean overturning (i.e., a few 

millennia). In addition, the tangible narratives of past climate perturbations preserved in 

rocks, and the story they reveal of their impact on landscapes, biota and even human 

populations (Zaki et al., 2021) are per se efficient communication tools to channel important 

and complex knowledge to the society (Pancost, 2017), without invoking predictions and the 

uncertainties they bear that are often misunderstood by the broader public. 

Within framework, the Miocene period provides an ideal paleo-example of future 

climate (Steinthorsdottir et al., 2021), as paleoclimate proxy records document high 

atmospheric pCO2 values of up to ∼600 ppm, with over 1,000 ppm permissible during the 

Miocene Climatic Optimum (Rae et al., 2021). Recent modelling efforts to simulate global 

Miocene climate (MioMIP1 project; (Burls et al., 2021)) show that during the Miocene, the 

stronger polar greenhouse effect (due to CO2, water vapor, and lapse rate) and decreased 

surface albedo, are the dominant contributors to the Polar amplified warming – a result 

consistent with the literature on future climate change (Pithan & Mauritsen, 2014). For 

Europe, the Miocene is characterized by strong precipitation “bi-directional” precipitation 

change (Fig. 2.6.1), with a precipitation decrease over the Southern Europe and the 

Mediterranean and an increase over Scandinavia and Northern Russia (Botsyun et al., 2022). 

It was been also highlighted that paleoclimatic modelling studies are sensitive to the choice of 

geological boundary conditions (e.g., paleogeographic reconstruction including surface 

topography). Therefore, adequate paleoclimate modelling studies require direct integration of 

latest state-of-the-art of plate tectonic, crustal and paleomagnetic reconstructions, 

paleotopography, and paleobathymetry.  

Another paleo example of what the future climate be similar to is the Early Eocene 

Climatic Optimum (EECO), between around 53 and 50 million years ago, characterized by 

much higher CO2 concentrations and warmer global temperatures (Fig. 4.1.1) (Meckler et al., 

2022). At timescales shorter than a few tens of thousands of years, early Eocene 

hyperthermals show that atmospheric CO2 concentration and temperature can increase 

abruptly driven by natural forcing (Barnet et al., 2019). The most prominent hyperthermal, 

the Palaeocene-Eocene Thermal Maximum (PETM, at ~55 Ma) involving a global 
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temperature increased by more than 5°C in less than 10 kyr (McInerney & Wing, 2011), is to 

all effects the most similar known climate aberration to the ongoing global warming (Fig. 

4.1.1). Several paleoclimate modelling studies of the PETM (Rush et al., 2021; Shields et al., 

2021), have now successfully demonstrated how elevated CO2 levels could trigger important 

hydrological response, in particular with atmospheric rivers and shifts in storm tracks, 

highlighting the potential of future couplings of solid Earth models and high-resolution 

coupled climate ocean-atmosphere simulations. The early Cenozoic thus includes an ideal 

ensemble of natural experiments to elucidate the mechanisms and drivers of climate changes 

and assess by comparison the role of human activity in setting the overall conditions and 

transience of the global climate (Lunt et al., 2021). The occurrence of past abrupt warming 

events provides an opportunity to test theories about the physical and biogeochemical 

interactions in rapidly shifting systems. To achieve this goal, however, it is pivotal to develop 

a deeper understanding of the complex interactions between the climate system, the 

biogeochemical cycles and the characteristic processes of the solid Earth, with particular 

focus on positive and negative feedbacks acting on short geological timescales. 
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Figure 4.1.1: (a) Changes in atmospheric CO2 and global surface temperature (relative to 1850-1900) 
throughout the Cenozoic and for the next 300 years (modified after IPCC 2021 report, to which the 
reader is referred for details on sources and data analyses). (b) Paleotectonic maps and cross-sections of the 
Neo-Tethyan margin during the lower Cenozoic (modified after the paleotectonic reconstructions by the 
DARIUS program, 2018, http://istep.dgs.jussieu.fr/darius/maps.html and Sternai et al., 2020). 
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4.2 Energy 

Recent geopolitical events undermined the delicate global economic stability and 

international security, with seemingly long-term consequences for the European energy 

policies. As a result, many European countries are moving back to coal or gas production, 

which shows the weakness of our energy system and the urge for alternative clean and 

inexpensive sources of energy to prevent further climate and environmental deterioration and 

safeguard international peace. Many of the ‘green’ energy and climate mitigation actions are 

inherently linked to the deep and surface Earth interactions at the very heart of the TOPO-

EUROPE initiative. For instance, the long term security of geothermal or nuclear plants can 

be threatened not only by military actions but also by natural seismicity as well as ‘anthropic’ 

earthquakes arising from extraction of hydrocarbons. The development and maintenance of 

these infrastructures should thus be accompanied by careful monitoring and better 

understanding of intraplate stresses, 3D fault trajectories, fault reactivation, and both natural 

and anthropic induced pore fluid pressure cycles nearby. 

 

4.2.1 Geothermal energy and natural H2 

Geothermal resources are most commonly classified based on temperature and 

thermodynamic properties (Haenel et al., 1988; Hochstein, 1990; Muffler & Cataldi, 1978) 

which are the most relevant parameters in terms of estimating the amount of energy that can 

be recovered from a system. An alternative classification scheme referred to as geothermal 

play types (Moeck, 2014) focuses on the geological and geodynamic controls that have major 

influence on the thermal, structural, hydrogeological and geochemical characteristics of 

geothermal reservoirs. Quantitative knowledge of the crust and upper mantle structure and its 

thermal regime, as well as tectonic regimes and faults structures, enable to link geothermal 

systems to their plate tectonic settings, therefore, these studies are key for geothermal 

exploration. 

Geothermal energy has high potential for providing sustainable energy in particular in 

a continent such as Europe, with a relatively hot upper mantle. In the past few decades, there 

has been a significant increase in both direct heat utilization and geothermal power 

generation within Europe and worldwide (Huttrer, 2020; Lund & Toth, 2021). The increasing 

trend in Europe is also predicted for the future, especially in light of the current energy crisis 

and climate change mitigation actions. By 2050, (Dalla Longa et al., 2020) foresee a level of 
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880-1050 TWh/yr and_100-210 TWh/year in heating applications and electricity generation, 

respectively. 

Geothermal reservoirs that can provide temperatures of at least 70 °C, suitable for 

direct heat applications exist in many locations throughout Europe (Limberger et al., 2018), 

and technologies to utilize such aquifers are already well-established. Geothermal systems 

that are suitable for economic power generation with temperatures of at least ~120 °C and 

relatively high flow rates (preferably >100 l s− 1) are rather limited within Europe; located for 

instance close to plate boundaries such as Tuscany and Iceland. Apart from these locations, 

high temperature basement formations mostly do not have sufficient permeability to host 

geothermal fluids and require stimulation to create fluid pathways necessary for economic 

heat recovery, a technology called Enhanced Geothermal System (EGS) (Breede et al., 2013; 

Lu, 2018; Olasolo et al., 2016). The EGS concept consists essentially of drilling at least two 

boreholes into deep fractured rock, extracting hot fluid from a production well and injecting 

the cooled fluid back into the fractured reservoir through an injection well (Fig. 4.2.1). To 

this end, both boreholes have been stimulated to connect the two wells to the natural 

surrounding geothermal reservoir by artificially enhancing the permeability of the natural 

network of fractures in their vicinity. 
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Figure 4.2.1. Main elements of an EGS system consisting of production and injection wells drilled in a 
deep fractured rocks and surface units for heat and power generation. (Adapted from Geothermal 
Explorers Ltd, 2005). 

 
Within Europe, the European Cenozoic rift system and the Pannonian basin have 

excellent conditions for the development of EGS systems. The first successful EGS 

stimulation in Europe was the Soultz project in eastern France (Gérard et al., 2006). Since 

then, further projects have been developed in the Upper Rhine Graben near the Soutz site 

(e.g., Landau, Insheim). The Basel EGS project in Switzerland, which was terminated after 

an induced earthquake (Deichmann & Giardini, 2009) , is a good example on the potential 

risks associated with reservoir stimulation. Such risks may be reduced with seismic 

monitoring and in-depth studies based on local stress conditions and the assessment of the 

pre-existing fracture network. The number of operating EGS sites in Europe has not increased 

significantly in the past years, and the share of electricity generation from EGS within Europe 

is not comparable to other renewables such as wind, solar and hydropower (IEA, 2021). To 

achieve a significant increase, explorational and technological developments in EGS and 

further successful demonstration sites are necessary in the future. 



 

Appendix B                                                                                                  Cloetingh et al., Global and Planetary Change (2021) 

322 

 

The key element of EGS development is the creation of the reservoir, mostly through 

hydraulic stimulation. For this operation, prediction of the stress field orientation and 

magnitude is essential. Success in hydraulic stimulation is dependent on the thermo-

mechanical properties of the crust. Critically stressed regions, marked by active deformation, 

require little excess pressure for stimulation and are therefore favourable. In addition, such 

regions are marked by pre-existing faults and fractures, forming preferential pathways for 

stimulated flow. 

On the exploration side, geological information, world stress map data (Heidbach et 

al., 2019) and natural seismicity can be used to identify active deforming basins and 

basement areas which are critically stressed. (Cloetingh et al., 2010) demonstrated the 

importance of tectonic processes in EGS site selection and development. They point out that 

distinguishing between local and regional heat flow anomalies is essential for the proper 

extrapolation of temperature and heat flow data to areas without well control. Tectonic 

models are able to constrain crustal rheology and stress regime, highlighting actively 

deforming areas and fault/fracture zones with favorable conditions for hydraulic stimulation. 

In recent years, several works on various regions of Europe utilized regional-scale 

input data such as lithosphere and crustal thickness and composition models, regional heat 

flow, structural data and models to highlight potential areas for geothermal exploration 

(Békési et al., 2018; Freymark et al., 2017; Limberger et al., 2018). Such works may shed 

light on geothermal targets that would have been overlooked without an integrated 

lithosphere-scale approach. 

Apart from EGS systems, deeply buried, fractured and/or karstified carbonate 

formations can also provide sufficiently high temperatures and flow rates for power 

generation in Europe. The utilization of such systems for electricity production has already 

initiated for instance in the German Molasse Basin (Dussel et al., 2016) in the Pannonian 

Basin (Velika Ciglena power plant in Croatia, Tura power plant in Hungary) (Huttrer, 2020). 

Such projects can also benefit from basin-scale tectonic and geomechanical models to 

highlight major fracture zones, and understand the state of stress in locations where no crustal 

indicators are available (Ziegler & Heidbach, 2020). 

As a promising green energy solution, H2 is receiving increasing attention across 

several scientific and industrial communities. Although natural H2 has long been neglected in 

geological fluids (Smith et al., 2005), discoveries and investigations on natural H2 shows are 

increasing fast and set a new horizon in green energy research (Moretti & Webber, 2021; 

Truche & Bazarkina, 2019; Zgonnik, 2020). Natural H2 has been identified in multiple forms 
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such as free gas, in inclusion, and dissolved in water, and in several geological contexts, from 

mid-ocean ridges, ophiolites, Precambrian shields, coal basins, in terranes ranging in age 

from Archean to the present day, and from surface to deep mantle conditions (Smith et al., 

2005; Zgonnik, 2020; Cannat et al., 2010; Lollar et al., 2014; Vitale Brovarone et al., 2020; 

Smith et al., 2016). Some shows are associated with large reservoirs (Prinzhofer et al., 2018). 

Although the identification of natural H2 shows and the associated H2 fluxes is still 

preliminary, the range of identified sources clearly for future collaborative research among 

geo-bioscientists to identify the mechanisms, fluxes, migration pathways, and reservoirs of 

this natural resource. 

 

4.2.2 Geological storage of CO2 and H2 

The rising concentrations of greenhouse gases and the related rising of global 

temperatures prompted attempts of storing CO2 in geological reservoirs (Carbon Capture and 

Storage, or CCS). The basic concept of CCS is to capture CO2 at a location of anthropogenic 

emission and inject it underground into a geological formation to prevent emissions into the 

atmosphere. In many cases, the adopted strategies and reaction pathways mimic natural 

processes of fluid-rock interaction identified over a broad range of conditions, from shallow 

to deep. Suitable host geological formations for CCS may be found in sedimentary basins, 

such as aquifers or depleted oil and gas fields. In these cases, the injected CO2 is stored in the 

pore space of the reservoir formation, coexisting with the naturally accumulated fluid phases 

(brine, hydrocarbons, naturally accumulated CO2), and relies on seal (low-permeability) 

formations and trap structures for keeping the injected CO2 underground. The injected CO2 is 

first trapped by the trap structure, and, with time, becomes increasingly consumed by residual 

trapping, by dissolving into reservoir brines, and by mineralization (Metz et al., 2005). The 

presence of an extensive subsurface microbial community can directly alter the fate and 

success of CCS efforts. Microorganisms can in fact use CO2 both as carbon source to 

produce biomass or as electron acceptor in microbial respiration forming methane and acetate 

as by products (Tyne et al., In review). While the former, the conversion of CO2 into 

biomass, can promote sequestration by locking carbon into organic matter at depth, 

methanogenesis, referred to as CO2 methanation in the field of CCS (Strobel et al., 2020), 

can alter the chemical and physical properties of the injected carbon, rendering more difficult 

to predict the long term fate of the CCS efforts. Microbial methanation depend on multiple 

factors, including reservoir temperature, availability of hydrogen and redox conditions. A 
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recent paper has demonstrated rapid microbial methanogenesis in CCS reservoir (Tyne et al., 

2021), suggesting that deep biosphere interaction with the injected gases might play a key 

role in the future success of this mitigation technology. 

CCS in sedimentary basins has been trialed for decades in frontier projects, such as 

the Sleipner CCS project, located in offshore Norway, and operating since 1996 (Baklid et 

al., 1996; Torp & Gale, 2004). Experiences also from other industrial test sites (e.g., In Salah, 

Snøhvit projects) so far show the general suitability of CCS in porous formations, but also 

highlight the need for detailed geological models, knowledge of mechanical properties and 

advanced monitoring-modelling techniques (Chadwick et al., 2010; Eiken et al., 2011; 

Ringrose, 2020; Williams & Chadwick, 2017). Early successes have been followed by further 

European initiatives, including research projects focusing on both the aspects of carbon 

capture (e.g. NANOMEMC2 project, (Ahmadi et al., 2018) and its subsequent geological 

storage (e.g. ENOS project) (Sohal et al., 2021). 

Alternatives to CCS in sedimentary basins are geological formations that undergo 

relatively rapid chemical reactions in the presence of CO2. Such rock types are mafic and 

ultramafic rocks (basalts, peridotites, serpentinites), which may be considered for mineral 

(reactive) CO2 storage. The result of mineral storage is the incorporation of the carbon into 

the mineral structure of carbonates, which results in a much desired “permanent” deposition 

in the lithosphere and separation from the atmosphere (Oelkers et al., 2008; Snæbjörnsdóttir 

et al., 2020). Natural examples of such processes include large-scale carbonation, i.e., 

replacement of silicate by carbonates, of ultramafic rocks in at mid-ocean ridges, in ophiolites 

and orogenic peridotites such as Oman, Norway, and Newfoundlans among others (Kelemen 

& Matter, 2008; Matter & Kelemen, 2009; Ludwig et al., 2006; Boschi et al., 2009; Beinlich 

et al., 2012; Menzel et al., 2018), and possibly large portions of the mantle wedge above 

subducting slabs (Kelemen & Manning, 2015). Onshore areas in Europe with such oceanic 

rock types exposed on the surface are not abundant, however, Iceland offers an ideal location 

for testing and developing this method. This gave rise to the projects CarbFix and CarbFix 2, 

where reactive mineral storage facilities were established and developed on Iceland, 

unraveling the optimal conditions and great theoretical potential of this method (Clark et al., 

2020; Gislason et al., 2010; Matter et al., 2009). Results have shown that young basalts (not 

yet affected by weathering) are especially suitable for storing large amounts of carbon (Wiese 

et al., 2008), making mid-ocean ridges giant potential reservoirs, theoretically capable of 

storing more carbon than the carbon content of all fossil fuels on Earth (Snæbjörnsdóttir et 

al., 2020). 



 

Appendix B                                                                                                  Cloetingh et al., Global and Planetary Change (2021) 

325 

 

 CCS projects in sedimentary basins as well as in oceanic rocks have demonstrated 

the vast geological potential of this method. While improving risk evaluation, technological 

and monitoring techniques are still essential, the largest barrier for meaningful contribution to 

climate change mitigation appears to be the lack of attractive business models that would 

allow for large-scale implementation.  

 As renewable energy sources become more important, the need for balancing 

their fluctuating energy output (especially in case of solar and wind energy), which results in 

periodic energy excesses and deficits, is also growing. One of the possible solutions for this is 

Underground Hydrogen Storage (UHS), which allows to convert excess electricity to 

hydrogen through electrolysis (“Power to Gas” method), to store the hydrogen in a geological 

object, and then to use it later in a period of higher energy demand. UHS is possible in the 

porous formations of sedimentary basins (aquifers and depleted hydrocarbon fields), in salt 

caverns or in artificially lined rock caverns.  

Storage in low-permeability salt caverns is a proven method, with a Teesside facility 

in England successfully operating since 1972 (Stone et al., 2009), and new initiatives for 

example in the Netherlands (Hystock project) and France (Storengy-HyPster project) are 

further developing the technique. However, suitable salt formations are of limited extent and 

occurrence in Europe, making the method itself a limited prospect on the scale of European 

energy transition.  

Artificially lined rock caverns also appear to be safe solutions for hydrogen storage: 

the pilot project HYBRIT in Sweden is building on the experiences of natural gas storage in 

such facilities (Tengborg et al., 2014) and trying to develop the methodology for hydrogen. 

While the low risk of hydrogen escape in a lined cavern is an advantage, the cost of cavern 

mining and artificial lining would certainly require substantial investment when upscaling 

this technique. 

Hydrogen storage in porous formations of sedimentary basins offers far larger 

theoretical capacity than cavern storage methods. Such potential storage sites require a 

porous reservoir, a sealing caprock and a trap structure, similarly to hydrocarbon fields. 

However, the physical-chemical characteristics of hydrogen significantly differ from those of 

hydrocarbons (Pan et al., 2021), which requires more careful examination of flow patterns, 

potential chemical (and microbial) reactions and storage integrity (Heinemann et al., 2021). 

Apart from rising academic interest in this topic, pilot projects for implementation have also 

started, for example the RAG Underground Sun Storage project in Austria (AG RAG, 2020). 
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Also, in the case of hydrogen as for CO2, deep microbial communities can impact the 

results and efficiency of the storage process. Hydrogen is one of the key electron donor in 

microbial metabolic reactions (Greening et al., 2016), and can be used together with a wide 

array of electron acceptors some of which might be present in UHS reservoirs (Dopffel et al., 

2021). Beside lowering the total amount of hydrogen available for recovery with direct 

consumption, deep microorganisms are also responsible for the production of unwanted by 

products, such as sulfide that can sour the recovered gas, affect the infrastructure and alter the 

pore space structure favoring the precipitation of sulfide minerals. Given the link between the 

distribution of deep subsurface microbial communities and deep and surface Earth processes, 

understanding the feedback between microbial and geological processes is a key area of 

future investigation with potentially multiple contributions to diverse societal challenges. 

 

4.3 Hazards 

 Much of TOPO-EUROPE research has been dedicated to the analyses of the 

relationships between lithospheric stress and geohazards, including seismic, hydrogeological 

and volcanic hazard. Stress fields are also of paramount importance to the understanding of 

differential vertical motions in the lithosphere and in the discrimination of tectonic and 

climatic controls on relative sea level variations (Cloetingh & Haq, 2015). In addition, 

stresses and their interaction with the geomechanics of the lithosphere (Zoback, 1983; 

Zoback, 2007) are crucial in setting up conduits for fluid transport and melt movements 

inside the lithosphere, also put forward in a series of recent papers (Sternai et al., 2021; 

Sternai et al., 2016a; Stuewe et al., 2022; Tibaldi et al., 2010) as tectonic and/or surface 

stresses changes that guide the processes of magma ascent and emplacement. The resulting 

magma stress field can produce changes in the basement fault geometry and kinematics. 

Similarly, the anomalous heat flow in volcanic regions can contribute to modifying the 

dominant deformation style in the substratum. For example, research carried out in the 

context of ILP (Tibaldi et al., 2008), through an integrated approach that combines field 

studies and analogue and numerical modelling, has resulted in a major progress in 

understanding the tectonic controls on volcanism exerted by a large extent through the 

interplay of thermal perturbations and stress fields. (Milia et al., 2012) focus on a possible 

link between faulting, cryptodomes and lateral collapses at the Vesuvius volcano (Italy). The 

Vesuvius is an active volcano that has been affected by late Quaternary lateral collapses and 

tectonic faults. Cryptodomes and two debris avalanches, 18 ka-old and 3.5 ka-old, were 



 

Appendix B                                                                                                  Cloetingh et al., Global and Planetary Change (2021) 

327 

 

previously documented and for the younger avalanche a link between onshore and offshore 

stratigraphy was reconstructed. Stratigraphic data reveal a remarkable difference between the 

architecture of the northern and southern volcano sectors that is compatible with the 

occurrence of the older debris avalanche in the southern volcano sector, broadening the 

horizons of the Vesuvius volcanic hazard. (Nomikou et al., 2012) addressed submarine cones 

in the Kolumbo Submarine Volcanic Zone of the Hellenic Arc (Aegean Sea, Greece). The 

seafloor northeast of the Santorini volcano consists of a small, elongated rifted basin within 

the Cyclades back-arc region of the present Hellenic subduction zone, where the seafloor of 

the eastern Mediterranean Sea is descending beneath the Aegean microplate. Nineteen 

submarine volcanic cones occur within this small rift zone, with Kolumbo, the largest of 

these, which last erupted explosively in 1650 AD, causing significant damage and fatalities 

on the nearby island of Santorini. In general, the domes/craters northeast of Kolumbo were 

found to be sediment-covered and showed little evidence of recent volcanic activity. Another 

observation by the authors was that volcanic rocks were outcropping in the crater walls and 

slopes of some of the cones. However, they typically consist of volcanic fragments of pumice 

and lava that have been cemented together by biological activity, indicative of the lack of 

recent eruptions. Geochemical analysis of samples collected by Nomikou et al. (2012) on the 

northeast cones showed evidence of low temperature hydrothermal circulation on the summit 

and upper flanks in the form of stream-like manganese precipitates emanating from pits and 

fractures. Since volcanic eruptions are a major threat to our lives and society, they represent a 

primary connection between surface and deep Earth processes that future TOPO-EUROPE 

activities will certainly tackle. 

Existing meteorological time-series are commonly too short to capture climate 

oscillations that spans century or millennia and can help modelling and forecasting future 

climate (Kondrashov et al., 2005; Pèlachs et al., 2011). At such timescales, however, rivers 

can showcase extremely high sedimentation rates (>1 cm/yr), allowing for the creation of 

detailed chronology of humid/arid periods and flood events (Knox, 1993; Benito et al., 2015) 

and the tracking, through mineralogical and geochemical analysis, of the source area of the 

floods (Mologni et al., 2020). The stratigraphy of deposits formed over century-to-millennial 

time scale can thus be used as proxies to study the climate variability. The information 

derived on rainfall dynamics and their localization is not only crucial for paleoclimatology 

but is also extremely precious for predictions of future climate conditions and extreme 

meteorological events, long-term planning of agriculture and energetic infrastructures, city 

zoning and management (Hendrix & Salehyan, 2012; Brunetti et al., 2019). Detailed analysis 
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of surface processes and sedimentary archives are key source of information to bridge across 

the time scales of direct measurements of Earth observables and those of the underlying 

geological processes and Earth dynamics. 

 

5. CONCLUSION AND FORWARD LOOK 

All these examples of frontiers research demonstrate the need for a multi-scale 

approach linking new observational constraints reporting on the Earth’s structures and 

characteristic rates with numerical and experimental modelling of surface and deep Earth 

processes. They also demonstrate that teamwork and connecting advances in different fields 

is an intrinsic aspect of research efforts to linking deep Earth and surface processes. The 

recent advances in this domain have set a stage to build future interfaces with other exciting 

fields such as research on the biosphere, climate and energy. 

The realization of these ambitions requires a dedicated effort for community building 

from all individuals involved. This Science Agenda has the ambition to provide an up-to-date 

review of high potential building blocks and opportunities for synergy at their interfaces. 

Further breakthroughs in coupled surface-deep Earth processes research are a pre-requisite 

for advancing novel approaches to societal challenges facing the Earth system. 
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